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Introduction 



All aspects of our lives are influenced by the weather and especially severe 
weather events - such considerations tend to become more pertinent as such 
weather events may become more frequent with global warming. It is evident 
that better weather forecasts for the next few hours, days or even weeks have 
a high economic value for our developed and densely populated world. Ground 
and air traffic management benefits, as does the construction industry, tourism, 
agriculture and big outdoor events such as the Olympic games. Weather fore- 
casting nowadays relies on numerical weather prediction models. The reliability 
and accuracy of forecasts however depends not only on the quality and resolution 
of these models, but to a high degree on the density and quality of input data 
from observations. Weather radar measurements complement current data such 
as ground observations and soundings at smaller scales and satellite observations 
on larger scales. 

Targeted weather radar measurements additionally give detailed insight into 
the processes governing the developments of, for example, frontal systems and 
thunderstorms, which is needed for improving the model quality by comparing 
the observations with model forecasts. Weather radar observations on their own 
can be used directly for short-term forecasting, called nowcasting, just by observ- 
ing the developments of weather systems some 100 km around and extrapolating 
the observations with knowledge of their typical behaviour. Finally, with reliable 
quantitative measurements of area precipitation by radar, flood forecasts will be 
improved. Reliable quantitative measurements of precipitation over large areas 
are essential, too, for the verification of upcoming global precipitation data sets 
from satellites, an urgent topic in climate research for understanding the hydro- 
logical cycle. 

Technical advances in weather radar during the last decade have enabled 
traditional applications to be implemented much more precisely and reliably 
and in addition, enabled new applications to be tackled. 

This growing interest in using advanced weather radar technologies is demon- 
strated by the numerous recent presentations at international conferences on 
radar meteorology such as the traditional biennial conference of the American 
Meteorological Society and the biennial European conference on radar meteo- 
rology, ERAD, a new series started in 2000. Besides the improvements in the 
quality of the measured parameters themselves, more versatile applications have 
emerged together with improved complementary observations, for example, from 



VI 



Introduction 



satellite and LIDAR systems. The data are used for better understanding of the 
characteristics of weather systems, for improved forecasts, especially of severe 
weather, for hydrological applications and flood warnings, as well as for climate 
research where ground verification is needed for global precipitation measure- 
ments by satellites. 

This book presents a variety of advanced methods, applications and re- 
search results mainly from the European research arena. The contributions cover 
weather forecasting, hydrology and atmospheric and climate research. Much has 
been developed and discussed within the European COST-actions on weather 
radar technology and applications operating mostly with 3 year periods during 
the last 15 years. Every discipline benefits from the advances in other disciplines; 
therefore, the topics covered are related and some overlap is natural; however, 
common to all is the need for the highest possible data quality, which can only 
be assured by well designed, well calibrated and maintained radar systems to- 
gether with adequate measurement methods and proper correction for errors 
caused by the varying atmospheric conditions themselves. The intention of this 
volume is not to present a general textbook on radar meteorology, since excel- 
lent monographs on Doppler and polarimetric radar are available and will be 
cited. An introductory Chap. 1, however, gives an overview of the potential of 
modern radar systems including Doppler and polarisation techniques, data pro- 
cessing, product generation and error correction in order to demonstrate the data 
quality and resolution achievable today. Because high quality data are needed 
for much larger areas than are covered by just one radar, weather radar net- 
works are presented, too, especially for demonstrating the improvements in data 
quality obtinaed by cross-checking the performance of the individual systems in 
overlapping observation areas. 

Quantitative precipitation measurement remains the topic of widest interest 
in radar meteorology. On the local scale of urban hydrology, the very high time 
and space resolution required over wide areas can only be achieved with weather 
radar. The accuracy required, however, is a challenge. On the global scale, suffi- 
ciently dense space and time sampling for monitoring elements of the hydrolog- 
ical cycle will only be possible by satellite observation. The accuracy of satellite 
retrievals of precipitation is presently open to question; ground validation is 
needed in different climate regimes (e.g. warm and cold regions) where different 
cloud and precipitation microphysical processes may be operating. Radar net- 
works and polarimetric weather radars providing the best precipitation estimates 
will play a key role in such validation programmes. 

Chapters 2 and 3 cover the most advanced strategies of quantitative pre- 
cipitation measurement with operational Doppler radar networks in particular 
environments. In Chap. 2 precipitation measurement in mount aneous terrain 
such as the Alps is discussed, where the precipitation itself is strongly influenced 
by the orography - a process which should be understood - and where radar 
measurements frequently are degraded by beam blockage and ground clutter. 
Strategies are discussed for the avoidance and efficient elimination of ground 
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clutter from mountains, and how to extrapolate measurements from above the 
Alps down to the ground level, and how to incorporate gauge data. 

Chapter 3, closely related to the topic of Chap. 2, presents strategies for 
quantitative precipitation measurements in cold climates, where sleet and snow 
are always present and where radar beam ducting over cold surfaces is a major 
problem. It further impressively shows the tremendous improvements of data 
quality when care is taken to use the full potential of a radar network. 

Chapter 4 gives a condensed overview of the use of radar measurements 
in hydrometeorology, flood forecasting and water resources management. Data 
quality again is a key issue, as is the long time reliability of precipitation data 
for the design of dams and flood defences. 

Polarimetric methods have been the subject of much research and are now 
being considered for more extended operational use. The new parameters essen- 
tially measure hydrometeor shape and fall mode and can be used for classification 
of precipitation type. This allows precipitation growth to be followed and con- 
ceptual models to be formulated, as shown in Chap. 6. Raindrops are oblate 
to a degree which depends upon their size, so this additional size information 
can be used for improving quantitative rainfall estimates when compared to 
those available from conventional measurements of radar reflectivity. The new 
parameters also provide better quality control and error estimation. Both bet- 
ter rainfall estimates and better overall quality control are urgently needed for 
forthcoming local and global quantitative precipitation measurements. However, 
the precise choice of the combination of parameters to achieve these goals is still 
not clear. Chapter 5 reviews these aspects in the context of the requirements of 
an operational system. 

Chapter 6 illustrates the improved understanding of the dynamics and pre- 
cipitation production in midlatitude weather systems such as fronts and in 
the mesoscale organisation of severe convection and accompanying hazardous 
weather, including tornadoes, by making full use of Doppler and polarimetric 
measurements. Conceptual models that help in forecasting severe events have 
been developed from Doppler measurements that indicate air flow patterns, to- 
gether with polarimetric measurements that simultaneously identify the different 
precipitation particle types, their location and growth. Well-documented cases 
are the basis for improving and verifying cloud resolving prediction models, and 
for the development of parameterisations of the relevant subgrid scale processes 
in larger scale weather prediction models. 

Global observations of precipitation, as mentioned, are urgently needed for 
climate research and monitoring, and for more local applications, too, if the re- 
quired resolution can be provided. Global coverage with such measurements can 
only be performed with satellites, and steps towards such missions include air- 
borne instrumentation. Chapter 7 presents the latest strategies for measurement 
of precipitation by spaceborne and airborne radar. Because payload capacity is 
limited, such systems need to operate with smaller antennas than ground based 
instruments, implying smaller wavelengths to maintain sufficient spatial resolu- 
tion. Radar radiation of about 1 cm wavelength rather than 5 or 10 cm, however, 
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is much more prone to attenuation. Therefore, special retrieval algorithms and 
correction schemes for attenuation have been developed which can now also be 
applied to ground based radars. This, together with the polarimetric methods 
presented in Chap. 5, will further improve data quality. 

Airborne weather radars not only are steps toward spaceborne systems, but 
are needed, for example, for measurements in remote areas, or - most impor- 
tantly - to follow moving cloud systems thus maintaining optimised measurement 
conditions. Wind field retrievals by airborne Doppler radar, described here also, 
help to understand and forecast weather developments, thus complementing the 
measurement techniques presented in Chap. 6. 

Conventional operational weather radars mainly operate in the S-band (10 cm 
wavelength) and C-band (5 cm wavelength). They are not sensitive enough to 
detect cloud particles, droplets or pristine ice crystals, some 100 pm in diameter 
or smaller. So for the study of nonprecipitating clouds, which contribute much 
to the global radiation balance, shorter radar wavelengths of 1 cm and less 
must be used. The combination with Lidar measurements further extends the 
ability to follow condensation processes and the interaction with aerosol particles. 
Chapter 8 deals with the combination of cloud radars with lidar and microwave 
radiometers, and case studies demonstrate the synergistic effect of combining 
such instrumentation. 

The use of radar measurements for assimilation in numerical weather predic- 
tion models has already begun to improve forecast quality and will contribute 
more in the future. Radar estimated precipitation and radar estimated wind pro- 
files, radial Doppler winds or 3-D wind fields from bistatic radar systems can all 
be assimilated. Realising the optimum benefit from these data requires that they 
be quality controlled and accompanied by error estimates. In Chap. 9, require- 
ments and promising assimilation strategies are presented, and future prospects 
discussed. 

This book closes with Chap. 10, which is a glossary explaining radar meteo- 
rology terms used here, and which might be of general use. Abbreviations used 
throughout the book are also defined in this chapter. 
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1.1 Introduction 

Do you remember the famous cars of the early 1950s, the 2CV and the Volkswa- 
gen “Beetle”? They were simple tin boxes with four wheels, four seats, a motor, 
a steering wheel, and a speedometer. When opening the bonnet, you could recog- 
nise nearly every part, you understood all the functions and could handle most 
shortcomings yourself. How does a modern upper class car look nowadays in 
comparison? The front panel is like the cockpit of an aircraft and when open- 
ing the bonnet, you just may recognise where to fill the water for cleaning your 
windows. Similarly, weather radar systems developed from microwave devices 
transmitting radiation pulses and detecting the location and distance of a tar- 
get by its reflection - RADAR means “RAdiation Detection And Ranging” - 
to “high tech” systems delivering a number of products of interest for the user. 
The “targets” we now have in mind are cloud and precipitation particles. 




Fig. 1.1. Enjoy driving a modern car! 
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Modern weather radars, Doppler radars, or especially polarimetric Doppler 
radars use the latest technological developments. Microwave devices and com- 
ponents are developed by electrical engineers, the sophisticated data processing 
algorithms use mathematics and applied computer science, the latest colour dis- 
play techniques are used, including image processing methods, and data must be 
exchanged by powerful telecommunication links within weather radar networks 
and for remote operation and maintenance. 

You, the user, now have the choice. If you just want to drive a nice car to 
arrive in time, enjoying the landscape and listening to Mozart, you will fully 
rely on your manufacturer and your workshop. If, however, you, as the pilot, 
want to win a race, you need to optimise the performance of your car specially 
for the actual race track and the actual conditions. For that you need to know 
the components of your car more precisely, and you must be able to advise your 
specialised racing team. 

An ideal radar meteorologist therefore should be an electrical engineer, a 
mathematician, a computer scientist, a meteorologist, a cloud physicist, and 
hopefully a hydrologist in one person. Unfortunately, he mostly is not! Instead, 
he will be more experienced in applications. But to make best use of their system, 
users from operations and research as well need to know the principles in order to 
be aware of limitations and to locate errors and uncertainties. Do those originate 
from the radar system not working correctly or from changes in the performance 
of subsystems, are they due to the measurement method, for example, the scan 
strategy, or are the assumptions on atmospheric conditions - for example, that 
within the resolution volume we have only liquid raindrops of spherical shapes 
of a known size distribution - not fulfilled? Or is all the data processing not 
working correctly? Usually, we have contributions from all such error sources 
and need to understand the different weightings. 

Every user, the holiday driver, and the racing pilot are affected by such er- 
rors. No wonder that all chapters of this book touch on this issue in some depth, 
especially those dealing with quantitative precipitation measurements. Within 
radar networks, which are combined from different radar systems, differences 
in performance emerge clearly. Therefore, in this chapter, we already gives ex- 
amples and discuss experiences gained with NORDRAD, the Nordic weather 
radar network. They show most dramatically that you never should rely on the 
performance of a weather radar system without doing your own testing. 

It is the aim of this first introductory chapter to give a general overview of 
advanced weather radar systems and their subsystems, their performance, dif- 
ferent error sources as well as on basic and some advanced products. Readers 
may have a short glance at this chapter and then concentrate on applications of 
interest. When, however, reading this chapter, they may ask for much more de- 
tail. These are available in a number of special publications, reports and manuals 
cited within the text. 

In any case, we hope it helps you to become an excellent driver! 
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1.2 Doppler Radars 



A modern weather radar consists, in principle, of five main subsystems, as dis- 
played in Fig. 1.2. Controlled by the radar signal processor, the transmitter 
generates microwave pulses, which are guided to the duplexer. The duplexer is 
a nonlinear microwave circuit which routes the signal to the antenna and the 
backseat tered received signals to the receiver, which amplifies them and removes 
the microwave carrier frequency. The output signal then is digitised and pro- 
cessed by the signal processor, which also controls the timing of the transmitter, 
the transmitted pulse width, and the pulse repetition frequency, PRF. The out- 
put data are send to the radar product generator, the workstation of the user. 
It generates three-dimensional meteorological data sets. Depending on the prod- 
uct of interest, the operator needs to control the transmitter timing, the scan 
strategy, and if applicable, the polarisation settings. The range r, the distance 
between radar and target, is determined by the delay time t d the signal needs 
to travel to and back from the target at c, the speed of light: 

r = t d c/ .2 (1.1) 

The range resolution Ar — re/ 2 is given by the duration of the transmitted 
radiation, the pulse length r. A typical pulse length is lps, corresponding to 
300 m in space. See Fig. 1.3. 

The range r max up to which measurements can be performed unambigu- 
ously depends on the pulse repetition frequency, PRF, because a signal return 
must be received before the next pulse is transmitted. 

^max = Al,maxC/2 = c/2(PRF). (1.2) 

Figure 1.4 shows a radar operating with a PRF of 1000 Hz. The maximum 
unambiguous range then is 150 km. If the receiving channel is open longer than 
tt,max 5 a target at a distance of 189 km would be displayed at 39 km. 

Modern Doppler weather radars may extend the unambiguous range by the 
so-called second trip recovery technique. Subsequent pulses are coded differently, 
so that the received return signals can be related unambiguously to the trans- 
mitted pulses (Siggia, 1993). 



The reflectivity Z of a target is estimated from the received power Pr. 
This power depends on the technical characteristics of the radar, the propagation 
conditions, the distance to the target and its reflectivity Z. The meteorological 
radar equation, as given by Doviak and Zrnic (1984), is 



TT 3 P T G 2 G R e 2 CT\K \ 2 Z 
2 10 In (2) A 2 r 2 L^ tm L M p 



(1.3) 



with 
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Fig. 1.2. Basic components of a Doppler radar system 
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Fig. 1.4. Unambiguous range 



Pt Transmitted peak power at the antenna 
G Total antenna gain 

Gr Total receiver gain, considering also path losses between antenna and elec- 
tronics 

<9 Antenna 3 dB beam width 

\K \ 2 Constant factor, 0.93 for rain and 0.2 for ice and snow 
A Wavelength of transmitted radiation 
L atm Atmospheric attenuation between antenna and target (one way) 

Lmf Matched filter losses. 

This equation is valid under the assumption that the beam formed by the an- 
tenna has a circularly symmetric shape and the resolution volume is completely 
filled with precipitation. 

With c = A/, where / is frequency, (1.3) can be rearranged to calculate the 
reflectivity Z, with terms grouped according to the different radar subsystems: 
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v 2 10 In (2) c 1 1 Xmf 2 2 

tt3 \K\ 2 CPO^ r ' atm ■ R 

constant transmitter an tenna receiver 



(1.4) 



If the radar system is well calibrated and stable, we can combine all constants 
and use Cr for that system. It includes the pulse length used and must further 
use the right \K\ which is quite different for rain and snow. This important point 
will be further discussed in this book by Koistinen et al. (2003). The measured 
reflectivity then is given by 



Z = C R -r 2 -Ll tm -P R . (1.5) 

L \ tm must be estimated by actual measurement. For the most part, such a 
procedure is already provided by modern systems. Z is measured in mm 6 /m 3 
representing the scattering cross section of all hydrometeors within one cubic 
meter. Because of the large dynamic range of observed reflectivities, logarithmic 
units are used 

dBZ = 10 log [Z/(mm 6 /m 3 )] . (1.6) 



A Doppler or coherent weather radar, in addition to reflectivity measure- 
ments, is capable of controlling and measuring the phases of the transmitted 
and received signals. The measured phase shift of the received backseat tered 
signal, compared to the phase of the transmitted signal, allows the estimation of 
the mean radial, so-called Doppler velocity of the particles within the resolution 
volume. The principles of such a radar are given in Fig. 1.5. 

The steps of signal generation and processing are 



The RF signal is generated 
by the Stable Local Oscillator, 
STALO, and fed to the exciter 
and to the downconversion mix- 
ers. 

The signal is modulated by the 
exciter and routed to the trans- 
mitter. 

After amplification, the trans- 
mitter pulse passes the duplexer 
and is applied to the antenna. Zl 
is the line impedance. 

The antenna emits an electro- 
magnetic wave described by the 
amplitude E? of the emitted 
pulse, and k is the wave number. 



exp (jut) 

M(r, t) exp(jujt) 

\fPZ h M (r, t) exp (j ut) 

E'y (r) M (t, t) exp [j (cot — kr)\ 
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The antenna signal from back- ^R e fl. (r) M (r, t) exp [j (cut — 2 kr)] 
scattering includes the factor 2 
because the signal has traveled 
the range r twice. 

After amplification by the low y/2Pn(r) Z^M (r, t) exp [j (cut — 2 kr)] 

noise amplifier (LNA) and 

matched filtering, the amplitude 

is calculated with the radar 

equation (3), accounting for the 

line impedance. The received 

power is multiplied by 2 for 

normalisation. 

To convert the rf signal to the baseband, the received rf signal s r f is trans- 
formed to the time domain: 

srf = Re | V^RxW Z l M (r, t) exp [j (uit - 2 kr)] j 

= ^/2Prx(^) Z\,M (t, t) cos {ujt — 2 kr) . (1.7) 

In order to extract the phase information 2/cr, the signal is split into its so-called 
in-phase component, sj, and its quadrature component, s q, by splitting and 
mixing one component with the STALO signal and the other with the STALO 




Fig. 1.5. Signal flow of a Doppler weather radar with transmitter, left, and receiver, 
right 
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signal shifted by 90° . This enables the distinction between positive and negative 
phase shifts given by targets moving toward or away from the radar site. The 
signal power Pr is calculated as 

Pr={s 2 1 +s 2 q )/Z l (1.8) 



with Zfi the line impedance. 

For simplicity, the operation with a homodyne receiver was described, which 
requires only one oscillator. Modern weather radars, however, work with hetero- 
dyne receivers, applying at least two oscillators, the STALO and an intermediate 
frequency (if) oscillator for the frequency transformation between rf and base- 
band. In those systems, the exciter not only provides the rf pulse modulation 
but also the upconversion of the if signal to the rf. Each stage features its own 
amplifiers, and matched filtering is usually applied to the if signal, not to the 
rf signal. 

The signal flow described so far applies to klystron transmitters, which are 
high-power amplifiers and therefore stable in phase. For systems with mag- 
netrons, which are pulsed high-power oscillators, the phase of each magnetron 
pulse with respect to the STALO needs to be measured. The phase offset is 
added to the phase of the backscattered received signal as indicated in Fig. 1.5, 
where a phase sampling signal is coupled from the transmitter to the receiver. 

In order to optimise the signal-to-noise ratio, SNR, of the system, the noise 
figure AT, 

N = IzbTsysB (1.9) 

which depends on the system temperature T sys and the receiver bandwidth B 
(A?b is the Boltzmann constant) needs to be minimised. This is performed by 
a filter matched to the transmitter bandwith. The matched filter loss is a 
pure spectral loss. Figure 1.6 shows the spectrum of the transmitted pulse. Only 
spectral lines which fall within the matched filter bandwidth are processed, all 
others are rejected. The nature of this loss has to be considered when the receiver 
is calibrated with a test signal generator. 

When the transmitted microwave pulse travels outward, backscattered signals 
arrive at the antenna continuously. The range sampling is performed by a 
range time clock which triggers the analog-to-digital converters (ADC) of the 
radar signal processor. The clock frequency determines the range resolution. In 
order to acquire one sample per range gate, the frequency of the range time clock 
Ate must be the reciprocal of the pulse width r. 

For each range gate, a complex signal s is sampled. For the nth range gate, 
it is 

S„ = — [cos (2 kr n ) + j sin (2 kr n )\ . (1.10) 

The number, M, of samples which can be taken for each range gate depends 
on the antenna rotation rate, uj az , the pulse repetition frequency, PRF, and the 
beamwidth <9: 



M = PRF G/uj az = PRF T d . 



(i.ii) 
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Matched Filter 



Bandwidth 




The time 7b, that the antenna beam stays on the target is called the integration 
time, dwell time or coherent processing interval (CPI). The sampling process, as 
illustrated in Fig. 1.7, provides complex time series for each range gate. Typically, 
20 to 200 samples are collected within less than 0.1 s depending on the PRF. 
These time series are the basis for further processing steps. 

The further signal flow with a modern Doppler weather radar signal pro- 
cessor is shown in Fig. 1.8. It shows the most important steps to providing basic 
radar products of use to the customer. 

First the analog signals are digitised. The noise floor of the system is com- 
posed of the noise figure of the analog components of the receiver chain and the 
digitisation noise of the ADCs. The upper limit of the dynamic reception range 
of the radar system is thus determined by the resolution of the ADCs and the 
saturation limits of the analog components of the receiver. 

In order to remove returns from mountains, buildings or just ground with- 
out removing the power backscattered from precipitation, clutter filtering is 
performed. Different options commonly are available with recent Doppler radar 
systems. The often applied “time-domain filtering” is illustrated in Fig. 1.9. The 
major disadvantage of this filtering is the unavoidable distortion of the weather 
signal, especially from slowly moving weather targets. This bias is avoided with 
frequency-domain filtering (Fig. 1.10). Here the signal data of each range gate 
are transformed by a Fast Fourier Transform (FFT) algorithm into the frequency 
domain, and bins representing zero velocity are discarded. Then the likely signal 
amplitudes for these frequency bins are reconstructed by interpolation. Finally, 
the signal is transformed back into the time domain for moment estimation, see 
SIGMET (2000). Although this technique needs higher digital signal processing 
resources than time domain filtering, it will be standard for future systems. 
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Range Gate l/Q Time Series 



Fig. 1.7. Coherent sampling process 



Careful clutter removal is essential when quantitative precipitation measure- 
ment is the goal. Doppler techniques however are only one approach; they gen- 
erally are combined with further methods as discussed below, and more compre- 
hensively by Germann and Joss (2003) in this book. 

Clutter filtering is followed by covariance processing of the time series of each 
range gate. The first lags of the autocorrelation function of the complex signal 
series are estimated, as described by Keeler and Passarelli (1990), followed by 
time integration and, possibly, range integration. The autocorrelation function 
for the time lag T-L can be calculated from the complex signal series as 

M-L 

i=i 

with M the number of signal samples from one range gate and L the number of 
lags between the two signal series. The asterisk* denotes the complex conjugate. 
T — L is the time lag between the signal series, equal to the pulse repetition time 
T l = 1/PRF. 
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Fig. 1.8. Signal processing data flow 



Finally, we receive the parameters provided by a Doppler weather radar. 
The signal power then is estimated by 



1 M 



(1.13) 



2—1 



the mean radial velocity by 

* = j^n£ 



M— 1 



2 — 1 



(1.14) 
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Doppler Frequency -f D , Doppler Frequency +f D , 




Fig. 1.9. Time-domain clutter filtering, described in the frequency domain 



and the spectral width, related to the variance of the mean Doppler velocity 
within the resolution volume, by 

M-2 

^2 = 2i£+2- ( L15 ) 

In order to reduce the variance of these estimates, averaging of several con- 
tiguous range gates of the same dwell time may be applied, thus, however, re- 
ducing the range resolution. These three quality controlled parameters, received 
power and from that the reflectivity factor, the Doppler velocity and the 
Doppler spectral width are of primary interest to the user. They are dis- 
played on the radar screen according to the scan strategy as PPI (horizontal 
overview) or RHI (vertical cross section) formats. There are numerous examples 
throughout this book. 
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Fig. 1.10. Frequency-domain clutter filtering 



1.3 Polar imetric Radars 

Hydrometeors in the form of raindrops and ice particles are characterised by dif- 
ferent shapes, different orientations during fall and different dielectric constants. 
Differently polarised radiation, therfore, will be backscattered differently, and 
polarimetric radar measurements provide additional parameters for recognising 
and classifying different precipitation types such as rain, hail, graupel, and snow, 
and for improving the quality of quantitative rain estimates. Such applications 
will be discussed further by Illingworth (2003), this book, and particle classifi- 
cation is used by Meischner et al. (2003), this book. 

A polarimetric radar is capable of controlling the polarisation of the trans- 
mitted wave for each pulse as well as receiving selected polarisation states for the 
return of each pulse. Most polarimetric radars use only two selected orthogonal 
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polarisations, usually horizontal, H, and vertical, V, to transmit and receive. 
Because the recent book of Bringi and Chandrasekar (2001) very comprehen- 
sively describes theory, system designs and applications, only we touch general 
principles here. 

Common technical approaches are: 

1) The switched dual-polarisation configuration 

2) The dual-channel dual-polarisation configuration 

3) The switched dual-channel, polarisation-agile radar 

Special care is needed for the antenna design; it should be symmetrical for 
both polarisations. Sometimes this requirement must be compromised, for ex- 
ample, to minimise side lobes. A critical issue is the radome, made of several 
layers of electrically matched dielectric material. 

A so-called pseudoradom panel cut is suggested for polarimetric radars be- 
cause the orientation of the cuts is randomised, yielding hexagonal and pen- 
tagonal sphere sectors (Manz et al., 1998). Water layers, especially as rivulets 
on the hydrophobic coatings, however, cause attenuation and disturb polarisa- 
tion purity. Therefore up to now, most polarimetric weather radars are operated 
without radomes. 

A switched-dual polarisation radar switches the polarisation state from 
pulse to pulse. A block diagram is given in Fig. 1.11. The fast ferrite waveguide 
switch consists of two ferrite loaded waveguides in parallel. When the ferrites 
are magnetised by external magnetic fields, the propagation constant of the 
waveguide changes, and the phase of the wave passing the waveguide is shifted. 
By proper shifting and combination, the desired polarisation is created and fed 
to the antenna. 

A dual-channel dual-polarisation radar transmits a selected polarisation 
and receives two polarisations simultaneously, Fig. 1.12. These two commonly are 
the co- and cross-polarisations of the transmitted polarisation state. Both signals 
are processed by individual receivers, before they are routed to the radar signal 
processor. For magnetron transmitters, phase sampling is required to establish 
coherent on-receive operation for both channels. 

A switched dual-channel, polarisation-agile radar, then, is the most 
versatile system. 

Because modern polarisation radars include Doppler capability, Doppler pro- 
cessing, as described above, can be done for each polarisation channel. The most 
important and widely used additional parameters from polarimetric Doppler 
weather radars are 

The differential reflectivity Zdr = 101og(ZH/Zv), a measure of mean 
particle shape. Because, for example, falling raindrops have oblate shapes with 
the axial ratio depending on size, this is a valuable additional parameter for 
estimation of rain intensity. 

The linear depolarisation ratio LDR = 101og(Zvn/^HH), with Zvh the 
vertically received return for horizontal transmission, is indicative of melting and 
tumbling snowflakes and is useful for identifying ground clutter. 
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Fig. 1.11. Switched dual-polarisation radar 



The specific differential phase JTdp is the difference of phase shifts for 
horizontally and vertically polarised radiation on propagation over 1 km and 
measured in °km“ 1 . This parameter is of high value for rain measurements with 
increased accuracy. 
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Fig. 1.12. Dual-channel dual-polarisation radar 



The co-polar correlation coeffient pnv of the time series of Zp and Zy 
estimates, pnv indicates the variability of scatterers in shape, size, and thermo- 
dynamic phase. 

The added value of these polarimetric parameters for rain rate estimates and 
for data quality is demonstrated by Illingworth (2003), this book, and for particle 
classification by Meischner et al. (2003), this book. 
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1.4 Weather Radar Networking 

Since the 1990s, with technological development, networks of weather radars 
came into operation, which not only cover individual countries but geograph- 
ical regions across national borders. Figure 1.14 shows actual European net- 
works. The latest status of operational weather radars in Europe can be found 
at http://www.chmi.cz/OPERA/. 

A radar network essentially consists of two or more weather radars which 
send data to a common center, as shown in Fig. 1.13. 

The center merges the data from the individual radars and generates quality 
proofed composite products. Modern centers, very importantly, not only provide 
the data composites but also control the functions of unattended radars remotely. 

In further processing steps, the radar data composites may be complemented 
with data from sensors like rain gauges or satellites, increasing the value for 
end users. A modern sensor network design is described by Weipert and Pierce 
( 2000 ). 

Radar networks became feasible with the availability of high rate data ex- 
change. In a modern network, the radar stations and the data center are com- 
monly equipped with a fast local area network (LAN). The wide area network 
(WAN) linking the different LANs, however, is still a bottleneck. This is un- 
derlined by estimating the required raw data rate, for example, from spectral 
and polarimetric moments as reflectivity, velocity, differential reflectivity, and 




Satellite 



Back up y 



Radar 
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Control 



TCP/IP 
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Fig. 1.13. Weather radar network, consisting of different weather radars, a data center 
for operating control, and data processing and distribution 
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Fig. 1.14. European weather radar networks. The color Fig. 1 on page 313 shows the 
overlapping networks more clearly 



differential phase. The raw data rate Rraw can be calculated as 

r 

^Rraw = • ^az • Cres * n • (1-16) 

Cres is the digital resolution and n the number of moments which are pro- 
vided by the radar. The other parameters have been explained. For a radar 
covering a range r of 150 km with a range resolution of 150 m and an azimuth 
rotation rate of 18° /s, providing three moments, the resulting raw data rate is 
0.4 Mbit/s (1 Mbit/s = 2 20 bit/s). Such a data rate is no problem for a LAN, 
but could be one for a WAN, i.e. if only analog phone lines or expensive satellite 
links are available. In such cases, it is necessary to generate the products at the 
radar sites and send products instead of raw data to the center. This, however, 
reduces the flexibility of the whole data generation and utilization process. 

Modern weather radar networking solutions, therefore, use efficient data com- 
pression algorithms in order to minimize the required bandwidth. For example, 
when sending via satellite, the compression ratio depends on the weather situa- 
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tion with a larger variance in severe weather situations. Equation (16), therefore, 
represents the worst case regarding the required data bandwidth. 

Asynchronous digital subscriber lines (ADSL) and other broadband WAN 
techniques, however, will support the distribution of raw data in the future. 

The benefit of networks is obvious. Larger scales than those covered by single 
radars are necessary for weather observation and weather forecasting, and the 
data are then available for verification and for assimilation in numerical weather 
prediction models, a topic discussed by Macpherson (2003) in this book. These 
applications, however, need high quality data and knowledge of error structures. 

Radar networks with overlapping measurement areas further give the impor- 
tant chance for cross-checking and cross calibration of the individual systems, 
as will be shown impressively in Sect. 5.2. 

1.5 Data Quality 

In order to assure high data quality, three kinds of errors sources need to be 
understood and quantified. These are the measurement errors of the “weather 
radar” instrument, including all the data processing, errors inherent in the mea- 
surement method such as the scan strategy, and those caused by varying meteo- 
rological conditions such as drop size distributions, attenuation, ground clutter, 
anomalous propagation, and incomplete beam filling. Many of these errors to- 
gether with reduction and correction strategies are individually discussed in sev- 
eral chapters throughout this book. We, therefore, here only want to stress the 
differences, to focus on instrumental errors to be minimised by proper calibration 
and maintenance, and touch on the principles of methodical errors. 

1.5.1 Instrumental Accuracy 

The radar manufacturers provide advance testing and build in calibration pro- 
cedures as well as a choice of different quality thresholds. The users should be 
familiar with those in order to make best use of their system. 

The advance testing includes 

• the estimation of system parameters and system losses including matched 
filter losses. 

• the range calibration which assures the correct distance for the range gates. 
The accuracy is determined by the trigger clock. A resolution of 100 ns is 
typical, corresponding to 15 m in range. 

• the pointing of the radar antenna which is measured with precise position 
encoders mounted on the rotation axis of the antenna. A careful adjust- 
ment, for example, by suntracking provides total accuracies of the order of 
hundredths of a degree. 

• the velocity measurement, based on the difference of two subsequent phase 
measurements. The typical phase stability from pulse to pulse is ±1° for 
coherent on receive radar systems and ±0.2° for fully coherent radars. A 
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system with a frequency / = 3000 MHz and a pulse repetition frequency 
of 1000 Hz measures a phase shift A<p of 7.2° for a radial velocity of 1 m/s. 
Therefore a rms phase noise of 1° will bias the velocity measurement by 
some 10 cm/s. 

• the reflectivity calibration. A way to calibrate the complete radar is by re- 
mote calibrated radar targets. An active source is a beacon or transponder 
which receives the transmitted signal from the radar and sends it back with 
calibrated amplification. A passive source is a reflector with a calibrated 
radar cross section. Any clutter contamination, however, will distort the cal- 
ibration with remote sources. A transponder is a versatile testing device. 
Because it amplifies the received signal, it can cover the complete dynamic 
range of the radar. It is further possible to modulate the phase of the returned 
signal to test the Doppler response. The clear air transponder response can 
be compared with a precipitation situation thus estimating actual attenu- 
ation. Similarly, the attenuation of a wet radome can be estimated. If this 
is done regularly the aging of the radome surface can be monitored, and 
the necessity for recoating it can be determined. The transponder further 
may be utilised to determine the antenna beam width and, if the position 
of the transponder is known precisely, the antenna pointing. The accuracy 
of the transponder calibration is solely dependent on the calibration of the 
transponder antenna gain and amplification, which can be maintained to 
about ±0.8 dB. 

Passive calibration is performed with spheres, either tethered or on a mast. 
Because the dimension - giving the radar cross section - can be controlled 
very accurately, the calibration is also quite accurate. It, however, is nec- 
essary to keep the sphere stable within the range gate during the measure- 
ment which is not an easy task. Any movements or precipitation will distort 
the calibration. Under ideal conditions, an accuracy of ±0.5 dB should be 
achieved; see below. 

Beside the overall system calibration, subsystems may be calibrated separately: 

• The antenna gain and beam width can be calibrated with a test transmitter 
with calibrated output power and antenna gain, placed in a clutter free range 
gate. With a careful setup, accuracy in the gain calibration of ±0.5 dB and 
in the beam width of ±0.2° is possible. 

• The radar transmitter is calibrated by coupling a fraction of its power to 
a measurement port and measuring this fraction with a microwave power 
meter. With precise couplers and a proper procedure, a total accuracy of 
±0.2-0. 5 dB can be achieved. 

Modern Doppler weather radars with digital receivers have a dedicated chan- 
nel for sampling the transmitter pulse. These data are used for phase refer- 
encing and also for tracking power drifts of the transmitter. The reflectivity 
measurement then is corrected for each pulse with respect to the transmitter 
power. 

• The receiver, the most complex subsystem, needs to be controlled for gain, 
linearity, dynamic range and noise figure. Modern Doppler weather radars 



1 Weather Radar Operations, Networks and Products 



21 



with digital receivers do not require logarithmic receiver channels anymore 
because the dynamic range of their linear channels already exceeds the figures 
of logarithmic receivers. A linear receiver only requires a calibration for gain 
at one point within its dynamic range, whereas logarithmic receivers need 
gain calibration for the complete dynamic range. The receiver gain can be 
calibrated with an accuracy of ±0.2-0. 5 dB. 

During operation, modern systems automatically 

- measure the transmitter power of each pulse and insert the measured figure 
in real-time in the radar equation 

- correct for system noise by frequently taking noise samples during measure- 
ments 

- provide tools for calibration of the linear receiver and testing its response 
curve 

- provide range normalisation 1/r 2 

- provide gaseous attenuation correction 

- provide clutter correction alternatives 

With a carefully designed, calibrated and maintained radar, the over- 
all uncertainty for the reflectivity factor has been estimated at 1.7 dB 

(Paul and Smith, 2001). 



Important quality thresholds to be set by the operator are 

• clutter-to-signal ratio, CSR. The noise power, as discussed above, depends on 
elevation as well as on the actual weather conditions. In order to remove this 
bias, the noise power must be estimated frequently, for example, for every 
elevation scan with a separate noise sampling in clear air. The noise power 
estimate will be stored and the reflectivity estimate corrected accordingly. 

• the signal quality index SQI 



SQI = \R\\ 2 j ± , (1.17) 

which eliminates signals either too weak to be useful or with too large a 
spectral width (caused by too low a number of samples or by decorrela- 
tion because of too low a PRF, by too fast a moving antenna, or just by 
phase noise) to justify further analysis. Its value varies between 0 for an 
uncorrelated signal (white noise) to 1 for a noise- free zero- width signal. This 
threshold is typically set to values of 0.3 to 0.5. However, it should be used 
with care because the velocity variance is not only given by the radar phase 
noise and the number of time samples, but also by atmospheric turbulence. 
If a user is interested in turbulence measurements, in particular, a higher 
threshold might be adequate. 
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During operation, calibration should be performed from time to time by mon- 
itoring all critical subsystems. It is unlikely that the antenna gain or beam width 
will change with time, but electronic components such as the receiver might drift, 
or a radome might change its characteristics due to aging and environmental in- 
fluences. 

Several calibration strategies applied in Europe have been reported in Collier 
(2001), and the important potential for further improving data quality by using 
polarimetric measurements is shown by Illingworth (2003), this book. 

As an example, the practice and the most valuable experience of data qual- 
ity assurance with the Nordic weather radar network NORDRAD will now be 
presented in some more detail. 

1.5.2 Data Quality Assurance for the NORDRAD Network 

Inhomogeneities in data due to differences in calibration, signal processing algo- 
rithm errors, and siting problems can more easily be seen in radar products of 
networks in a cold climate because the sensitivity required to achieve accurate 
and homogeneous measurements is very high. 

In 1990, the common real-time Nordic weather radar network (Carlson, 1995) 
and its software system, called NORDRAD, became fully operational during 
1993, managing data from the radar systems in Norway, Sweden, and Finland. 

Within NORDRAD, the focus has been largely on the operational exchange 
of 8-bit reflectivity data in the form of 2-km horizontal resolution, 500 m height 
pseudo- CAPPI images generated every 15 minutes. The common software in- 
cludes the ability to generate composites based on these single-site products 
using an algorithm which is largely based on the altitude of input data but 
combines this with shielding information for individual radars where available 
(Andersson, 1992). Higher level CAPPI products, 3-hour accumulated precipi- 
tation, echo top, and vertical profiles of horizontal winds, using VAD and VVP 
techniques, see below, have also been on the list of agreed-upon products for 
operational exchange. 

The present NORDRAD network, illustrated in Fig. 1.15, is by no means 
static. Estonia became the fourth NORDRAD country in 2002, and a second- 
generation software system was phased in early in 2003, which implies a migra- 
tion to contemporary network standards and cutting-edge software technology. 
Operational exchange of polar volume data is on the scope, which opens up new 
potential for product algorithm and quality control developments. 

NORDRAD cooperation has shown that it is relatively easy to establish a 
radar network but not so easy to reach high availability and quality of the data 
from it. Real-time calibration and monitoring tools are necessary in any radar 
network, and much work must be conducted still to reach a fully satisfactory 
level. Based on experience gained from the NORDRAD network, we describe 
which methods can be used to improve the quality of an operational radar net- 
work. 
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Fig. 1.15. The location of NORDRAD radars in relation to the topography of the 
Nordic region which they cover. Background map courtesy of UNEP GRID-Arendal 



Field Calibration 

After several years of operational use in the mid-1990s, it became clear that in 
the NORDRAD network-individual radars did not perform at a common calibra- 
tion level. The magnitude of the reflectivity level differences, particularly those 
between neighbouring Swedish and Finnish radars, could even be of the order 
of 10 dBZ. A three-year joint project among the three NORDRAD countries 
was established to determine the main causes of the permanent and substantial 
observed differences (Koistinen et al., 1999). 

Two identical sets of calibration experiments were performed at two over- 
lapping radars: Ikaalinen in Finland and Hudiksvall in Sweden. The methods 
included standard gain horn or reference feed-horn tests with an independent 
signal generator and sphere calibrations. These special calibrations were pre- 
ceded by ordinary receiver calibrations using the output of a signal generator 
injected into the waveguide. All loss figures were measured or calculated, but 
there was no tool to measure the loss in a dry radome. We had to rely on the 
manufacturers’ figures which can be too small, especially in aged radomes. 
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The aim of a feed-horn calibration is to calibrate the whole receiving chain 
from the radome to the A/D converter. During all calibrations, the frequency of 
the emission from the signal generator was tuned to be equal to the radar receiver 
frequency. The horn had been calibrated together with the injection cable in a 
so-called anechoic room at the Technical University of Helsinki. The range to the 
feed horn was measured with a differential GPS system and from topographical 
maps. The measurement range was calibrated using fixed TV mast targets at 
known ranges. The received microwave power P r at the radar (in dBm units) 
was measured. It was also calculated from the equation given by Smith (1968). 
The repeatability of the results was found to be accurate and stable within 
0.2-0. 3 dB in the upper part of the receiver calibration curve. The differences 
between the measured and calculated power at Ikaalinen and at Hudiksvall were 
1.7 and 0.6 dB, respectively. These small values revealed that there were no 
major problems in the receiving part of the Ericsson and Gematronik radars. 

The aim of a sphere calibration is to absolutely calibrate the whole trans- 
mitter-receiver chain. Such measurements were found to require extreme care 
and accuracy concerning the measurement geometry and methods, the materials, 
weather, and communication between the groups at the radar and at the test 
site. An aluminium sphere (diameter 20.2 cm, weight 90 g) or a metal net sphere 
(diameter 60 cm) filled with a balloon, was raised using balloons, a kytoon, or 
a kite depending on the prevailing winds. During the test phase, preceding the 
actual radar pair calibration, it was found that winter is the best season for 
sphere calibrations for several reasons. First, clutter in the boundary layer due 
to dust, birds, and insects is much less (5-25 dBZ less at the same locations) 
than during summer. Secondly, ground clutter intensity is lowest (often less 
than —20 dBZ) over frozen lakes located behind hills when viewed from the 
radar. Thirdly, it was found that typical signal variations are of the order of 8- 
15 dB during a summer day, whereas they may be only 1-3 dB in stable winter 
conditions from sample to sample. 

The sphere calibration method is quite sensitive to the assumption that the 
sphere is actually at the midpoint of the pulse volume located at the measured 
range bin. The results were calculated using the point target radar equation. As 
with the feed-horn measurements, the radar performance is best described by the 
difference between the measured and calculated received power. The difference 
varied between —1.5 and 3.8 dB. These figures show that at present the method 
did not achieve a better accuracy level than 2-4 dB. However, the results suggest 
that no major calibration problems exist in the Ikaalinen and Hudiksvall radar 
systems. 

In relation to the calibration field tests, signal processing in both countries 
was analyzed carefully to reveal any possible system errors. In the Ericsson sys- 
tems, the sign of the standard correction of —2.5 dB, done in log channel signal 
averaging was found to be incorrect. Repairing this removed a systematic over- 
estimation of 5.0 dB of all measured dBZ values. In northern Swedish radars, 
an erroneous antenna gain value (by 1.8 dB) was found and corrected. In Fin- 
land, it was found that the two way gaseous attenuation correction factor of 
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0.016 dB/km, was actually ten times too low in the RVP-6 signal processors in 
all Finnish Doppler radars. As a consequence, all dBZ values were 0-4.0 dB too 
low. Thus, the largest part of the permanent differences of 6-13 dB between the 
Ericsson and Gematronik systems was due to errors in signal processing. 

These experiences clearly revealed that a careful system analysis of signal 
processing and calibration routines is very important in any radar network. A 
feed-horn calibration is recommended to calibrate the receiving part of the sys- 
tem. A sphere calibration is ideal, but quite a laborious and inaccurate tool so 
far in practice. In spite of the good results in removing permanent biases, tran- 
sient steps between the reflectivity levels of neighboring radars have appeared 
occasionally in the NORDRAD network after the calibration project. The main 
reasons for such inhomogeneities are assumed to be 

• changes in the actual elevation angles 

• electrical malfunctions in the system components 

• wetting or icing of the radome. 

In order to monitor quantitatively transient, long-term variations in radar sys- 
tems, a new NORDRAD Quality Assurance Project was established in 1999. 



Sun Calibration 

One of the difficulties in radar calibration and the monitoring of calibration 
stability is finding a stable reference target with well-known characteristics. A 
tower or building located at close range (a few km) is much easier to manage 
compared to using balloons or kites, yet such structures should be avoided, if 
possible, when siting a radar due to the obvious risk that they will corrupt 
operational data. The sun is an interesting potential reference target since it 
emits energy over the whole radio spectrum, it moves slowly and is easy to 
track, it is available to many radars simultaneously, and solar flux measurements 
at various frequencies are readily available (Tapping, 2001). Experiments have 
been conducted on the ability to utilize operational polar volumes of reflectivity 
along with solar flux measurements at C-band (Learmonth Solar Observatory, 
Australia) and S-band (Dominion Radio Astrophysical Observatory, Canada) 
both to monitor radar signal calibration and to monitor the antenna’s pointing 
accuracy (Andersson, 2000). 

Atmospheric refraction of the radar beam at elevation angles above 5° (Bean 
and Dutton, 1968) was taken into account when colocating radar data with 
the sun’s position. The sun was sampled through the use of a scan strategy 
with several overlapping scans. This provided the ability to measure the sun 
with a resolution of ±0.1° in elevation and ±0.43° in azimuth. With the solar 
flux measurement available, this allowed the estimation of the equivalent radar 
measurement and, thus, the ability to derive the error in antenna positioning. 

A comparison between Australian solar fluxes and averaged radar data from 
four Swedish radars during a rare solar burst (Fig. 1.16) shows that the burst 
is clearly evident in the radar data. A comparison of estimated and achieved 
azimuthal (Fig. 1.17a) and elevation (Fig. 1.17b) angles, performed with the 
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Fig. 1.16. A strong solar burst on September 23, 1998, as measured at Learmonth, 
Australia, and radars Norrkoping, Goteborg, Hemse, and Leksand 
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Fig. 1.17. Azimuthal (a) and elevation angle (b) errors in radar data from Norrkoping 
as a function of azimuth angle, based on data from December 1998 to March 1999 



Norrkoping radar between December 1998 and March 1999, shows that the mean 
errors are 0.24° in azimuth and -0.02° in elevation, with standard deviations of 
0.12° and 0.09° respectively. No periodicity in the data is apparent which would 
indicate a tilted, worn or warped turntable. 

Deficiencies in the Swedish study were that the sun’s signal strength was 
close to the minimum detectable signal of the radars, which implies lack of data 
in some cases where only part of the solar disc was measured. Improvements 
should be possible with increased radar sensitivity. Also, instead of tailoring 
the operational scan strategy for sun measurements, the use of a dedicated sun 
sampling strategy, where the radar antenna is nodded in elevation and wagged 
in azimuth, appears more suitable for use with operational systems (Tapping, 
2001 ). 



Gauge— Radar Comparisons 

The concept of using an external reference target for calibration and monitoring 
of calibration stability becomes more attractive if the same target may be shared 
by several radars, hence the interest in using the sun as such a target. Another 
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form of external reference target may be in the form of conventional precipitation 
measurements by gauges. The principle is that overlapping radars have common 
coverage areas with common gauges and that comparing gauge and radar data 
may reveal systematic differences between different radars’ calibration levels. 
This knowledge could then be used to derive a means of normalizing radar data 
to a common level defined by the gauge measurements. 

This type of gauge-radar comparison was conducted using radar data from 
Norway, Sweden, Finland, and Danish data from Copenhagen, along with daily 
measurements from around 1600 gauges in the climate station networks in Nor- 
way, Sweden, and Finland (Michelson, 2001). In order for this kind of comparison 
to be meaningful, long integration periods must be used. Doing so has the ef- 
fect of smoothing out much of the noise in both data sources. If there are no 
known climatologically forced precipitation gradients in a given radar’s coverage 
area, then a long radar data integration in an ideal case will be isotropic about 
the radar itself while the gauge data integration will be more or less uniform 
in space. The basis for the comparison becomes the gauge-to-radar ratio (F), 
according to (1.18), as a function of distance from the radar. 

F(dB) - 101og(G/F). (1.18) 

In terms of radar calibration, the most valuable piece of information in such 
a derived relation becomes the Y-axis intercept, which can in such a context 
be referred to as the system bias. This value gives the difference in calibration 
level between the gauges and the radar at the radar’s location. Deriving the 
system bias for each radar provides the most elementary basis for normalizing 
radar data. The shape of the curve illustrates the bias as a function of distance 
from the radar. If the relations from several radars are reliable enough, then the 
combined use of the system and distance biases may be incorporated into the 
normalization process. 

This strategy is illustrated in Fig. 1.18 using three-month winter gauge and 
radar integrations for the Kuopio area in Finland. The radar accumulation is 
virtually isotropic, and the derived relation with distance is strong. The system 
bias is 3.1 dB, and the distance bias increases to 21.5 dB at maximum distance. 
Such biases were derived for NORDRAD radars and Danish radar Copenhagen 
for the three- month winter period (Fig. 1.18) and a three- month summer period 
(June-August 2000) in order to determine the maximal seasonal difference in 
the distance biases (Michelson, 2001). A by-product of this procedure is that it 
allows the detection of systematic differences in biases among data from different 
radar manufacturers. 

The ability of this strategy to normalize data to a common level was evalu- 
ated as part of the evaluation of the method for gauge adjustment of radar data 
presented in Chap. 3. A normalization procedure incorporating both system and 
distance biases for each radar was applied prior to gauge adjustment using on- 
line SYNOP observations. The evaluation method involved calculating the same 
variable F using independent gauge data. This measure is intuitive and conve- 
nient from a radar perspective, since any mean value of F is the bias expressed 
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Fig. 1.18. Statistical relation between F and distance (a) and three-month integrated 
precipitation (b) for December 1999 - February 2000 for Kuopio radar 



in dB. These results were compared with those derived from unnormalized and 
unadjusted radar accumulations. The results, also summarized and presented in 
Chap. 3, show not just that the biases are significantly reduced for all distances, 
but that the standard deviations are reduced as well, thus indicating that us- 
ing the normalization procedure has led to a reduction in the variability in the 
comparison against gauges. 

A prerequisite for conducting this kind of analysis is the availability of high 
quality gauge measurements at all ranges covered by radar. Unless this is achiev- 
able, any derived relation may be statistically significant yet physically unrealis- 
tic and therefore meaningless (Michelson, 2001; Michelson and Koistinen, 2000). 



Poor Siting 

A poor radar site will have a devastating effect on data quality in general and 
on the ability to perform activities such as those outlined above. In Chap. 2, 
problems associated with making radar measurements in Alpine environments 
are presented, and we share many of them with those radars located near or 
in the Scandinavian mountains (Fig. 1.15). However, common to all radar sites 
is the necessity of avoiding obstacles proximate to the radar, such as buildings, 
towers, trees, and higher terrain, since these will cause partial or total beam 
blockage, thus corrupting entire sectors of radar coverage. Paradoxically, data 
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from a radar with a completely free horizon may also be contaminated by echoes 
generated from side lobes. An ideal site would place the radar antenna slightly 
higher than surrounding vegetation which serves to absorb side-lobe radiation. 

Exemplifying the effects of unfortunate siting are the results of the analy- 
sis described above for radars Norrkoping and Hemse (Fig. 1.19). Data from 
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Fig. 1.19. Poor siting as reflected through three- month accumulated precipitation and 
comparison with gauges. Radars Norrkoping in eastern Sweden and Hemse on the 
island of Gotland 
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(a) (b) 

Fig. 1.20. Difference in reflectivity between the Anjalankoski (ANJ, 60°54’ N, 27°6’ 
E) and Ikaalinen (IKA, 61°34’ N, 23°4’ E) radars. Contours of constant difference are 
given in steps of 4 dB. The radar locations are given as black dots , and the thick line 
connects points equally far from both radars (a). A selection of points for numerical 
analysis when the IKA radar measures at an elevation angle of 0.5° and the ANJ radar 
at 0.7° (b). The solid line connects points equally far from both radars. Other symbols 
are explained in the text 



Norrkoping is contaminated in multiple sectors by blockages from all the obsta- 
cles mentioned in the previous paragraph. The relation with gauges suffers from 
scatter as a result which weakens our trust in it. Such contamination has also 
led to systematically lower sun measurements than those expected (Andersson, 
2000). Such poor siting has been experienced with several Swedish radars and 
has resulted in decisions to move the radar previously located in Goteborg to a 
new site called Vara, and the radar in Norrkoping to a new site called Vilebo. 
The Hemse data in Fig. 1.19b and 1.19d “suffer” from the radar having the 
combination of a completely free horizon and no Doppler capability between the 
120 and 240 km range. Strong anomalous propagation echoes from eastern Swe- 
den combined with few gauge observations at near and intermediate distances 
has caused physically unreasonable, bias-statistics. However, as we will see in 
Chap. 3 (Sect. 3.2), this radar’s siting makes it ideal for studying anomalous 
propagation and clutter from both land and sea. 



Monitoring the Calibration Level and Elevation Angles 
Using Reflectivity Data 

When the main causes for the permanent discrepancy between Swedish and 
Finnish radars had been removed, a follow-up project was then set up with the 
aim of improving the intensity level harmonization of the NORDRAD network 
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to within ±2 dBZ and establishing workable and efficient quality assurance and 
maintenance practices. 

The main task was the creation of a numerical analysis program by which 
estimates of the calibration difference of the radars and difference of the lowest 
elevation angles used by the radars are obtained. Altogether, 15 radars from the 
NORDRAD network were chosen for the study. The input data in the paired- 
radar analysis are the pseudo-CAPPI reflectivity data projected onto a polar 
stereographic grid. Products at 15-minute intervals were processed to create 
estimates of the average reflectivity difference on the common field of view of 
the radars. An example of the paired-radar data is shown in Fig. 1.20a. 

In the following, we briefly explain the numerical method by which the ele- 
vation angle and calibration differences are estimated based on these data (Hu- 
uskonen, 2001). The key issue in understanding the procedure is illustrated in 
Fig. 1.20b, where several sets of points are given. Those indicated with open cir- 
cles, for instance, are points where the height of the beam from the distant radar 
is at the altitude of 5.0 km. Moving away from the solid line, where the altitudes 
from both radars are equal, the beam height from the closer radar decreases by 
0.5 km for each successive point. The plot would be symmetrical if the collection 
angles were identical. As the collection angles are 0.5 and 0.7°, the points have 
moved considerably toward the Anjalankoski radar which is the radar with the 
higher collection angle. 

The points at which the distant radar measures at 5.0 km and the closer 
radar at 3.0 km are denoted by doubled open circles. We note that there are 
four points altogether; one pair on either side of the borderline between the 
radars. For the data at these points, we get the following formulae: 



where m\ and m r refer to the measurement left and right of the dividing line, 
dBZ r is the reflectivity at the altitude r, and A is the calibration error of the 
radar, which are assumed to be independent of the reflectivity. The ANJ signs 
are positive, because the IK A data have been subtracted from the ANJ data. 
Here we have made use of the assumption that the precipitation is uniform and 
the vertical reflectivity profile (VPR) the same at all locations. This assumption 
should be well satisfied as the method is applied operationally to 1-3 week long 
averaging periods. After addition and division by two, we get 



which gives the calibration difference of the radars by taking the mean of the 
measurements mi and ra r . This gives the reflectivity difference between the two 
radars. The determination of the collection angle is based on studying how much 
the calibration difference varies when we determine the difference for all possible 
altitude pairs. If the assumption of uniformity holds, each altitude pair should 
give the same result for the calibration difference, to within the error fluctua- 
tions. Thus, the collection angle, which produces the smallest variation of the 



mi - dBZ( 5) - dBZ( 3) + A(ANJ) - A(IKA) 
m r = dBZ (3) - dBZ (5) + A (ANJ) - A(IKA), 



(1.19) 

( 1 . 20 ) 



A(ANJ) - A(IKA) = (mi + m r )/2 



( 1 . 21 ) 
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Fig. 1.21. Calibration differences (upper panel) and elevation angle differences ( lower 
panel ) for the Korpo-Vantaa pair during 2001. Good quality results are shown in large 
full circles 



calibration difference around its mean, is the most probable angle. We search 
through all elevation angle differences with a small step and find the minimum 
of the standard deviation of the calibration differences. In a numerical imple- 
mentation, one can process much more data and also make the grids denser than 
those in Fig. 1.20. Tests with data have shown that a grid having a step around 
100-200 m is optimal. 

Figure 1.21 shows results for the Korpo-Vantaa pair as an example. The 
upper panel shows the calibration differences. A positive value means that the 
first radar in the pair gives higher reflectivity values. We see that the calibration 
difference is within the ±2 dB limit except during some summer months. The 
error in the calibration difference is less than 1 dB, reaching 0.5 dB in the best 
cases. 

The lower panel shows the elevation angle results. The thick line is based on 
the long-term best-fit value determined from all data from March to October, 
and on the two known adjustments of the Korpo antenna in March and October, 
which were 0.35° and —0.2°, respectively. These adjustments are also seen in the 
data. The scatter of points around the line gives us confidence that the method 
is able to give the elevation angle difference to better than 0.1°. 

1.5.3 Methodical Errors 

Quantitative precipitation measurement remains one of the most demanding ap- 
plications of of weather radars around the world. Reflectivity based techniques 
as well as polarimetric techniques - but to lesser degree as will be shown - 
are prone to quite a number of errors like ground clutter, anomalous propaga- 
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tion, attenuation, enhanced reflectivity in the melting (bright band), and beam 
blockage especially in mountanious areas. Such errors need to be corrected for, 
if we are to have a chance of estimating rain with the high accuracy required 
for hydrology and for data assimilation in numerical weather prediction mod- 
els. 

This requirement of up to 10% accuracy goes beyond the limits of standard 
weather radars; it may only be reached if we use precisely calibrated and main- 
tained radar systems, correct carefully for measurement errors and, more promis- 
ingly, use advanced techniques such as polarimetry. Methodical error sources will 
now be addressed briefly, together with basic strategies to correct for them. More 
detailed discussions are provided by Germann and Joss (2003), Koistinen et al. 
(2003), Illingworth (2003), Testud (2003), all this book. 



Ground Clutter 

When measuring weather signals, we are interested in that part of the trans- 
mitted radiation that is returned from the atmosphere and from hydrometeors 
such as cloud and precipitation particles. Returns coming from fixed targets like 
mountains, buildings or just ground - when hit by the main beam or by side 
lobes - may, however, contribute to the received signal. They are summarised as 
ground clutter and need to be removed or corrected for. 

The fundamental physical difference between ground clutter targets and me- 
teorological objects is that they do not move and that they exist independently 
of any weather events. These properties are used for clutter recognition and 
correction. 

One approach is to use a clutter map. With the radar scan modus as 
used for precipitation measurements - usually a PPI scan at low elevations, 
say 1° - measurements are performed on clear days without any precipitation. 
The intensity and position of the reflectivity pattern is then removed from the 
reflectivity field when measuring precipitation. The shortcoming of this method 
is that ground target reflectivities change when the ground becomes wet. In any 
case, the clutter map used needs to be updated frequently; see Germann and 
Joss (2003), this book. 

A Doppler clutter filter makes use of the fact that ground targets, in 
contrast to cloud and precipitation particles, do not move. The velocity power 
spectrum then will contain a zero velocity component above the background 
noise level, which can be filtered out as described above. It is, however, impor- 
tant to realise that there are other sources of zero velocity power, for exam- 
ple, from mixer offsets, COHO leakage, and A/D converter errors which need 
to be minimised. Further, when weather targets move perpendicularly to the 
radar beam, they will not give a Doppler velocity signal. These lines of zero 
Doppler velocity, however, are easy to recognise in the Doppler velocity dis- 
plays. 

A special case of ground clutter is caused by so-called anomalous propaga- 
tion of a transmitted radar beam. Under “normal” atmospheric conditions, the 
refractive index of the atmosphere decreases with height above ground such that 
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the radar beam is bent downward from the horizontal and follows more closely 
the earth’s surface. When temperature increases with height, as in inversion 
situations or when cold precipitation reaches the ground beneath a thunder- 
storm, the radar ray may be bent downward more strongly than normal. Such 
superrefraction situations lead to the visibility of far away ground clutter, see 
Germann and Joss (2003) and Koistinen et al. (2003), this book. 

Because the received signal time series from precipitation and ground clutter 
show different statistics, statistical filtering may be used to correct for clutter 
contamination; see Aoyagi et al. (1978); Coveri et al. (1993). 

Attenuation 

Microwave radiation suffers attenuation when propagating through the atmo- 
sphere from a transmitter to the target of interest and then back to the receiver. 
Attenuation depends strongly on the radar frequency used and on the gases and 
particles along the propagation path. At common radar frequencies, attenuation 
by the clear atmosphere is mainly caused by oxygen and water vapor. These 
contributions are known but small in relation to those of cloud and especially 
precipitation particles. A standard correction procedure to be updated daily, 
usually is provided with the radar system. 

For cloud particles, attenuation additionally depends on their state. Atten- 
uation caused by ice particles is generally two orders of magnitude below that 
of water droplets with the same size distribution. As a rule of thumb for most 
meteorological applications, attenuation by cloud particles can be neglected for 
radar wavelengths above 5 cm but might be important for wavelengths below 
1 cm. For cloud liquid water contents of 1 g m" 3 and a radar wavelength of 1 cm, 
attenuation is of the order of 1 dB/km. 

Attenuation by rain, however, always needs caution when quantitative rain 
estimates are desired. A great number of attenuation estimates for rain of differ- 
ent intensities and drop size distributions have been published. For 3.2, 5.5, and 
10 cm wavelengths, the attenuation is about 0.005, 0.003 and 0.0009 (dB/km)/ 
(mm/h), respectively. 

The correction for measurements in actual rain, known to have high variabil- 
ity in space and time, is, however, difficult because the actual rain properties 
should be known for each resolution volume along the path. Strategies of gate 
to gate correction using the estimated rain rate in one resolution volume to cor- 
rect for the following one turn out to be stable only for short distances up to 
some 10 km (Bringi and Chandrasekar, 2001). Strategies developed for airborne 
and spaceborne precipitation radars with wavelengths of 1 cm or less, however, 
look promising and await applications for ground based Doppler and polarimet- 
ric weather radars, as shown by Testud (2003), this book. Finally, polarimetric 
weather radar data such as the differential reflectivity Zdr, the depolarisation 
ratio LDR, and the differential propagation phase </>dp, have outstanding po- 
tential for correcting propagation effects (Bringi and Chandrasekar, 2001), as 
discussed by Illingworth (2003), this book. 
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Bright Band 

At mid and higher geographical latitudes, most of the precipitation formation 
occurs via the ice phase. Through a broad variety of collision and collection 
processes within the clouds aloft, pristine ice particles grow to more and more 
complicated ice particle aggregates, as can be recognised when observing the 
variety of snowflakes. If such particles fall below the zero degree isotherm, they 
melt and reach the ground as rain. 

This melting process increases the scattering cross section of the snow flakes, 
and therewith the measured reflectivity, since when large snow aggregates be- 
come wet at the surface or edges, the radar wave is scattered as by a large, 
quasi-liquid particle instead of the ice particle. With further melting, the ice or 
snow particle collapses to a drop, small in size compared to the initial particle. 
Because reflectivity goes with the sixth power of the particle radius, the reflec- 
tivity strongly decreases below the melting layer. It further decreases because of 
the increased fall speeds of liquid drops compared to tumbling snow flakes, thus 
lowering the concentration of particles within the resolution volume. 

With stratiform precipitation systems, the melting layer and the correspond- 
ing radar ’bright band’, some 100 m in depth, are relatively easily recognised, 
especially when observed polarimetrically. 

If the slanting radar ray some distance from the radar system crosses the 
melting layer, the reflectivity there is orders of magnitude higher than for the 
corresponding rain below. This would cause an overestimation of rain below, 
if not corrected for. Strategies for corrections are given by Germann and Joss 
(2003), Koistinen et al. (2003) and Illingworth (2003), all this book. 



Vertical Profile 

The precipitation formation process - mainly coalescence and coagulation of liq- 
uid and frozen cloud particles - and the fall of existing precipitation particles 
down through cloud regions cause a significant increase of precipitation inten- 
sity from aloft down to earth. Indeed, the measured radar reflectivity generally 
increases by some 10 to 20 dBZ from, say, 6000 m altitude down to the surface. 
Because, with increasing distance from the radar, the measurements are taken 
at increased altitudes, this may cause errors in precipitation estimates at ground 
that significantly exeed the instrumental measurement errors of a well-calibrated 
radar system. The same holds if measurements can only be taken at some height 
because of beam blockage by nearby mountains. Correction strategies either us- 
ing actual reflectivity profiles or climatological profiles are presented by Germann 
and Joss (2003) and Koistinen et al. (2003), both this book. 

1.6 Products of Modern Weather Radars and Networks 

1.6.1 Standard Products 

So far we have briefly described the state of measurements and data process- 
ing techniques with recent weather radar productions. The quantities provided 
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Weather Radars in Europe 





Conventional Radars 



Doppler Radars 



Polarimetric Doppler Radars Las^updafe Iz/sooj 



Fig. 1.22. Coverage of Europe with different types of weather radars. The circles in- 
dicate 150 km radius. See also the color Fig. 2 on page 314 



are reflectivity, Doppler velocity and Doppler spectral width, and further po- 
larimetric quantities. As indicated by Fig. 1.22, Europe is rather well covered 
with weather radars of a variety of standards and in different operational en- 
vironments. Products are available for single sites as well as from the different 
networks. This radar coverage is continuously being upgraded in coverage and 
system performance, as can be followed at http://www.chmi.cz/OPERA/. The 
envisaged European standard is a C-band Doppler radar, although the Spanish 
network is composed of C- and S-band Doppler radars. Italy already operates 
several polarimetric C-band Doppler radars for local applications. The radars 
are networked for the Nordic countries, the UK and Ireland, central Europe and 
Spain, as shown above in Fig. 1.14. Southern Europe is planning to establish a 
further regional network. 
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From single radar sites, the commonly available and archived products are 
the measured and calibrated reflectivity pattern in CAPPI or PPI projections 
with 2x2 km resolution in space and 15-min resolution in time. These are the 
basic products required to follow precipitation structure and development. In 
some cases, volume scans of reflectivity and reflectivity profiles are provided, as 
well as measured maximal reflectivities and echo tops, which are the altitudes 
of a defined reflectivity value. More specialised products include different se- 
vere weather warnings and Doppler wind profiles. Intensity, resolution, and data 
quality standards, however, differ from country to country. 

Twelve European countries estimate the precipitation intensity from reflec- 
tivity measurements at single sites as well as precipitation accumulations for a 
grid spacing of 2 x 2 km and time resolution from 5 min onward. 

Composites of precipitation intensity or accumulations are available only for 
some countries and for the NORDRAD network. 

A very few countries provide and archive more advanced products such as 
radial Doppler winds, Doppler spectral width, simply called Turbulence,’ and 
vertical wind profiles at single sites. 

1.6.2 Wind Fields by Doppler Radar Measurements 

Wind is an essential element of what we call weather, and wind fields describe the 
exchange of air masses horizontally and in the vertical. They need to be known 
to understand and follow atmospheric circulation and for weather forecasting on 
all scales. Doppler weather radars at single sites and composited into networks 
have great potential for estimating the wind field. The Doppler velocity is a mea- 
sure of the mean velocity component of all hydrometeors within the resolution 
volume in the direction of the radar beam. By proper scan strategies together 
with a priori assumptions of the actual wind field and under the assumption 
that the particles move with the wind, wind field estimations are possible. We 
briefly discuss possible measurements with a single Doppler radar, with multiple 
Doppler radars, and bistatic Doppler radar configurations. 

The Doppler velocity is estimated from the phase shift between the return sig- 
nals of consecutive transmitted pulses. This gives the mean particle displacement 
during that time interval. Therefore, the Doppler velocity can be estimated un- 
ambiguously only within the so-called Nyquist interval given by the wavelength 
of the radar A and the pulse repetition frequency (PRF): 

—V a < 0 < V a with V a = A • PRF/4 . (1.22) 

The PRF further gives the maximum distance r max , up to which unambiguous 
velocity estimates are possible: 

rmax = c/2 • PRF (1.23) 



with c the velocity of light. 

For a given PRF, the echo from the previous transmit pulse, but coming 
from a more distant target, would also arrive at the receiver within the same 
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time gate, see Fig. 1.4. The range for unambiguous measurements of the Doppler 
velocity may be extended significantly by use of two different pulse repetition 
frequencies (Doviak and Zrnic, 1984). If n and 72 are the two pulse intervals, 
the extended unambiguously estimated velocity is 



v = A/4 • (t 2 - ri). (1-24) 

If the actual wind velocity exceeds the Nyquist interval, unfolding prior to 
using the measurements for real wind field analysis is necessary. Techniques are 
given in Bergen and Albers (1988) and James and Houze (2001). 

The most simple but effective way of estimating 2-D wind fields, for ex- 
ample, for nowcasting applications, is by visual inspection of a PPI or CAPPI 
presentation of the measured Doppler velocities. Some typical wind fields will 
be discussed. 

Figure 1.23 shows a PPI for a rather homogeneous field of northwesterly 
winds of 10 m/s measured at Oberpfaffenhofen. 

The wind direction is perpendicular to the line of zero velocity. Recall that 
the radar measures the radial component only, so if the beam is pointing to the 
southwest or northeast, as in this case, the measured value is zero. Because this 
structure remains similar with distance - which means with increasing height 
above ground - there is no change of wind direction with height. To the south, 
some inhomogeneities, caused by the ground clutter of the Alps and local con- 
vection, are also seen within the reflectivity pattern. 

Within storms, wind fields show areas of convergence, divergence and ro- 
tation. Figure 1.24 gives a schematic presentation of the associated Doppler 
pattern, typical within the lower levels of a thunderstorm. 
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Fig. 1.23. PPI of Doppler velocity and reflectivity of a rather homogeneous wind 
situation in southern Germany. The color version, color Fig. 3 on page 315 shows the 
structures more clearly 
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Velocity 
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Fig. 1.24. A typical Doppler signature indicating areas of convergence and anticyclonic 
rotation in the lower part of a thunderstorm 



If PPI scans around the radar site are performed with different elevation 
angles, wind profiles can be estimated for that area. For elevations between 10° 
and 30°, the measurement altitude increases by 0.17 and 0.51 km, respectively, 
for each kilometre of distance. This technique is known as VAD - Velocity Az- 
imuth Display (Lhermite and Atlas, 1961; Browning and Wexler, 1968). Figure 
1.25 schematically gives some Doppler velocity patterns for an elevation scan 
of, say, 10° that would be observed for typical wind profiles: (a) represents a 
homogeneous wind field, with no change in direction or velocity for the whole 
measured height; (b) is a wind field of constant direction but increasing velocity 
with height; (c) shows the case of velocity constant but direction backing by 
180° with height; (d) shows a low level jet but with constant velocity above the 
jet; (e) presents a directional shear layer with 90° rotation but constant velocity; 
while (f) represents directional shear with a low level jet and increasing wind 
velocity above the shear layer. More complicated examples are given in Wood 
and Brown (1986). 

In addition, vertical RHI Doppler velocity displays from measurements across 
a frontal system or a thunderstorm already give good indications of the 3-D 
wind fields within that system. Examples are given by Meischner et al. (2003), 
this book, for fronts and thunderstorms. However, visual inspection and inter- 
pretation needs experienced observers, and such forecasts are time-consuming. 
Operational applications call for automatic methods. 

Analytical estimates of the wind field a few tens of kilometres around the 
radar can be performed by VAD and, in a more advanced way, with Velocity 
Volume Processing (VVP) (Waldteufel and Corbin, 1979; Koscielny et al., 1982). 
A special approach for operational applications is the Uniform Wind method 
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Fig. 1.25. PPI Doppler velocity pattern for typical wind fields; see text 



(UW) (Persson and Anderson, 1987; Hagen, 1989). There, high quality measure- 
ments of the radial wind components are used for neighbouring sector elements 
of some 15° x 10 km along a circle around the radar. With the assumption that 
the wind field is constant within each sector element, the horizontal wind field 
for the covered area can be estimated with an accuracy of about 0.5 m/s. Figure 
1.26 shows an example of such an estimated horizontal wind field, and Fig. 1.27 
displays an operational product, a time-height cross section from Finland. 




Fig. 1.26. Horizontal wind field around Oberpfaffenhofen, as analysed with the Uni- 
form Wind method and overlaid on the Doppler measurements used. See color Fig. 4 
on page 315 
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Fig. 1.27. An example of operational time-height cross section of VVP winds from 
the Finnish Korpo Doppler radar on March 3, 2000 at 03 - 08 UTC. Wind speed 
and direction are expressed as traditional meteorological wind barbs, for example, at 
08 UTC at the height of 1.9 km, the direction is 190° and speed 55 knots. Wind field is 
obtained from an approaching occluded front containing strong warm advection. Plus 
signs (+) denote regions where the measured signal is either too weak (clear air) or 
does not pass the quality thresholds. Note that a few erroneous wind barbs at the lower 
edge of the frontal precipitation have passed the selected quality thresholds 

If more than one Doppler radar is covering the area of interest, multiple 
Doppler methods may be applied. A convenient distance between the two radar 
systems is 30 to 40 km. Wind field estimation by multiple Doppler radar mea- 
surements has been described in much detail following the basic methods of Ray 
et al. (1980) for the retrieval of 3-D wind fields. Laroche and Zawadzki (1994), 
Shapiro and Mewes (1999), Chong et al. (1983), Chong and Testud (1983), and 
Gal-Chen (1978) additionally show how to retrieve thermodynamic fields. See 
also Carbone et al. (1980). Figure 1.28 gives a midlevel horizontal wind field of 
a thunderstorm, estimated by dual Doppler measurements. 
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Fig. 1.28. Dual Doppler wind field estimate at 5500 m agl altitude of a thunderstorm by 
measurement with the DWD radar Hohenpeissenberg and the DLR radar POLDIRAD 



Recent technological developments enable more efficient measurements of dif- 
ferent wind components if a single Doppler radar system is complemented with 
one or more separate remote and coherently receiving bistatic antennas. Such 
additional receiving sites are relatively economical and easy to handle, and the 
overall effort is small compared to the operation of multiple complete Doppler 
radars. Bistatic multiple Doppler radar networks have been described by 
Wurman et al. (1993) and Wurman et al. (1994) and developed further since. 
McGill University, Montreal, Canada, NCAR, Boulder, USA, as well as the DLR 
Oberpfaffenhofen Germany, have already been operating such systems for re- 
search for several years. 

The performance of such systems has been improved, the potential for op- 
erational applications demonstrated, and the error structure of 3-D wind field 
estimates analysed and documented in detail (Protat and Zawadzki, 1999; de 
Elia and Zawadzki, 2000; Friedrich and Hagen, 2001; Friedrich, 2002; Takaya 
and Nakazato, 2002). The decisive advantages of a bistatic Doppler network 
compared to multiple Doppler systems are the comparatively low cost of instal- 
lation, the absolutely simultaneous measurement of different wind components 
of the same resolution volume, and the flexibility in locating and setting up the 
relatively simple bistatic antennas in order to optimise the coverage and data 
quality for an area of special interest. Figure 1.29 shows the principle. 

The location of the observed volume is defined by the pointing and the range 
gating of the active radar. Sideward scattered radiation is received coherently 
by the bistatic receivers, which consist of an antenna and a Doppler processing 
unit, giving estimates of reflectivity and corresponding Doppler velocity. For 



1 Weather Radar Operations, Networks and Products 



43 



( 




A 



Receiver 



Fig. 1.29. Principle of a bistatic Doppler radar network consisting of one transmitting 
radar and two separate passive receivers. Thus, different Doppler velocity components 
can be measured simultaneously for the same resolution volume 

coherent processing, the phase of the transmitted pulse is either known, if a 
klystron transmitter is used, or monitored by a receiver listening to the active 
radar when a magnetron transmitter is used. This phase information, together 
with the timing and range information, goes to each bistatic receiver. At these 
remote receivers, data are processed and sent back to the central computing 
unit, the bistatic hub, which, together with the Doppler velocities from the 
remote receivers, estimates the wind field. Frequency and time synchronisation 
are achieved by using stable local oscillators at each site controlled by GPS. 

For the estimation of the Doppler velocity components by the remote sites, 
some special characteristics of a bistatic in contrast to a monostatic configu- 
ration need to be known (Friedrich, 2002). For the passive remote sites, the 
surfaces of constant delay time form ellipsoids with foci at the transmitting site 
and at the passive remote sites, respectively. This means that with a bistatic 
system, only velocity components perpendicular to that ellipsoidal surface are 
measured, whereas in the monostatic case, only radial components perpendicular 
to a sphere around the radar are measured. Each remote receiver together with 
the transmitting radar defines such an ellipsoid. 

Unlike the monostatic case, where only radiation backscattered to the radar 
is measured, observations are made at different scattering angles, depending on 
the location of the bistatic receiver in relation to the transmitting radar and the 
target location. For Rayleigh scattering, the intensity depends on the scattering 
angle as well as on the polarisation of the transmitted wave. This allows one to 
optimise the system for different applications, including low or high elevation 
measurements (Wurman et ah, 1994; Friedrich, 2002). 

The sample size and volume, and hence the received power, also depend on 
the scattering angle. And most importantly, the Nyquist interval depends on the 
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Table 1.1. Radar parameters for bistatic compared to monostatic Doppler configu- 
ration. 7 is the scattering angle between the incident beam and the direction to the 
bistatic receiver in the plane given by the transmitting radar, the scatterer, and the 
bistatic receiver, r is the pulse length and A the wavelength used. T s = 1/PRF is the 
sampling time 
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Bistatic 


Scattering angle 


7 = 0° 


0° < 7 < 180° 


Surface of constant delay 


Sphere 
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scattering angle, too. Table 1 characterises differences between monostatic and 
bistatic Doppler measurements. 

The accuracy of wind field measurements can be increased by using several 
bistatic receivers overlapping the observation area (Friedrich, 2002). Due to the 
wide opening angle of the receiving antennas, high side lobes of the transmitting 
antenna may need attention if areas of high reflectivity gradients are observed. 
This requires knowledge of the antenna patterns for the transmitting as well as 
for the receiving systems (de Elia and Zawadzki, 2000, 2001; Friedrich, 2002). 

Due to the limited vertical antenna aperture of the bistatic receiving antennas 
at ground, the measured wind field is dominated by the horizontal components. 
The vertical component can be retrieved by means of a variational analysis 
method. (Protat and Zawadzki, 1999, 2000). 

Figure 1.30 shows a wind field estimated at 4.35 km msl for a convective 
cloud. It displays the horizontal wind vector underlaid by the vertical velocity. 
A distinct downdraft with two separated maxima at 25 km distance with an 
azimuth of 250° can be recognised. The eastern maxima, a precipitation shaft, 
forces the flow from northwest around this obstacle toward easterly directions. 

The recent experience and advances gained with experimental bistatic Dopp- 
ler radar networks show the challenging potential for local 3D wind field esti- 
mation. Some further improvements in data quality need to be obtained in the 
near future. Envisaged applications include assimilation in local weather fore- 
cast models, e.g. for airport operations or local events, as discussed by Macpher- 
son (2003), this book. The established weather radar networks of the national 
weather services might await such bistatic complementations. 

1.6.3 Turbulence by Doppler Spectral Width Measurements 

Monitoring turbulence levels in cloud systems is of interest for different applica- 
tions. The dynamic state of cloud systems, or parts thereof, may be described 
and their further development forecasted, as suggested by Hardaker and Collier 
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Fig. 1.30. Horizontal wind vector underlaid by vertical motion at 4.35 km msl within 
a moderately active convective cloud estimated by a bistatic Doppler system (Friedrich, 
2002). See also color Fig. 5 on page 316 



(1995) and Bohne et al. (1997). Diffusion and transport of trace gases, for exam- 
ple, the nitrogen oxide produced by lightning within storms, may be estimated 
and modelled more precisely when the actual and local dynamical structure 
is known (Holler et al., 1999). Small scale turbulence may force cloud droplet 
growth, accelerating the precipitation formation process (Pinsky and Khain, 
1997; Shaw et al., 1998). This process thereby increases the probability of form- 
ing large supercooled drops, known to have severe potential for aircraft icing 
(Pobanz et al., 1994, Hauf and Schroder, 1998). Identification of such cloud ar- 
eas near airports and especially within holdings would help for warnings to be 
issued. At areas of aircraft approach, avoiding turbulent zones would help to 
avoid aviation hazards and improve passengers’ comfort. 

Doppler weather radars provide Doppler velocity and Doppler spectral width 
as operational products and thus have the potential to detect turbulence in 
precipitation filled air and to estimate the energy dissipation rate 6, as was 
shown by Frisch and Strauch (1976), Brewster and Zrnic (1986), and Istok and 
Doviak (1986). 
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The accuracy and reliability of such radar detected information recently has 
been demonstrated by comparision with aircraft in situ measurements (Meis- 
chner et al., 2001). 

According to Doviak and Zrnic (1984), the contributions to spectral broad- 
ening <7 m, as actually measured by the radar, are turbulence <jt, antenna motion 
7 a, different vertical speeds of falling hydrometeors 7 d, and shear 7s. Because 
they are independent of one another, the variances contribute to the measured 
value <7 m as 



2 2 i 2 i 2 i 2 

— a T + O’a + a D + • 



(1.25) 



It can be estimated that errors inherent in the radar system and its operation 
together with uncertainties from cloud inherent processes may sum up to a total 
error for <7 m of about 1.5 m s _1 . The contribution of shear however, remains to 
be estimated. 

In order to relate the estimated Doppler spectral width caused by turbulence, 
or, f° r the resolution volumes along the beam to the eddy dissipation rate e, 
some assumptions need to be fulfilled. A first fundamental assumption is that 
the turbulence is homogeneous and isotropic, because with the radar, we only 
sense the radial velocities and their fluctuations from which we want to estimate 
the 3-D turbulence strength. The second important assumption is that within 
the resolution volume, we cover only eddy sizes within the inertial subrange; in 
other words, we assume a Kolmogorov spectrum throughout that volume. It has 
been estimated by Istok and Doviak (1986) that the outer scale of the inertial 
subrange must be about four to five times larger than the radar resolution vol- 
ume. If this is not fulfilled, the measured Doppler spectral width, 7 m, will contain 
contributions from turbulence of scales within the input energy containing range 
and from shear of the ordered flow. Then 7 m cannot be related accurately to e 
because eddies within the input energy containing range are not isotropic. For 
thunderstorms, the ordered updraft and downdraft regions typically show scales 
of some kilometres, as verified by numerous Doppler measurements, whereas the 
radar resolution volume at a distance of 100 km from the radar has a typical 
size of 600 m in depth and 1800 m in diameter. 

According to Istok and Doviak (1986), for every resolution volume, the tur- 
bulent kinetic energy dissipation rate e can be estimated as 



2.4c4 

R0A 3 / 2 ’ 



(1.26) 



with R the range from the radar in metres; 6 the beam width in radians, 7 t the 
Doppler spectral width in metres per second caused by turbulence only, and A 
the Kolmogoroff constant = 1.6. 

The contribution of wind shear 7s to the actually measured Doppler spectral 
width, 7 m, now needs to be estimated and subtracted: 



2 _ 2 2 
7 T — 7 M - &s 



(1.27) 
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where the index M indicates the measurement and S the contribution of shear. 
This shear contribution, according to Doviak and Zrnic (1984), is given by 



a s 



2 e 2 

16 In 2 



R 2 K 2 



(1.28) 



with 6 the beamwidth, R the range, and K the shear in inverse seconds. 

This contribution of shear to the measured spectral width for one resolution 
volume is estimated from the Doppler velocity measurements neighbouring that 
volume; see Mayer and Jank (1989). 

Radar measurements have been compared with well-coordinated, high res- 
olution aircraft in situ measurements by the FALCON research aircraft (Bogel 
and Baumann, 1991). An example is given in Fig. 1.31. 

The measurements show that Doppler weather radars are well suited to es- 
timate energy dissipation rates above a certain level of turbulence. For oper- 
ational C-band systems, this will be around 10 -3 m 2 s -3 for e. Because from 
single Doppler radar measurements, no straightforward distinction between en- 
ergy production areas and energy dissipation areas will be possible, as well as 
no information on isotropy, care is necessary for further quantitative use of esti- 
mated dissipation rate e. For general warning applications, however, the available 
information will be of high value. This is particularly underlined by the general 
agreement of radar estimated wind variances cr^ with the in situ estimates a^ c 
(Fig. 1.31). The Doppler spectral width, as measured, includes turbulence and 
shear for outer scales, too. Both affect aircraft handling and reduce aircraft 
passenger comfort. So this operationally available parameter already is of great 
value for warning applications. 




time in s 

Fig. 1.31. Wind field variances - upper panel - and energy dissipation rate e - lower 
panel - estimated from Doppler spectral width measurements in a thundercloud anvil 
compared with high resolution and high precision aircraft in situ measurements, a . . . f 
indicate areas for which power spectra were analysed to check for an inertial subrange 
and homogeneity, see Meischner et al. (2001) 
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Detailed comparisons between high precision and high resolution aircraft 

measurements and carefully interpolated radar measurements, however, indi- 
cate some overestimation of both eddy dissipation rate and variances by radar 
(Meischner et al. 2001). 
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2.1 Introduction with a Focus on the Variability 
of Precipitation in the Alps 

To put a weather radar in a mountainous region is like pitching a tent in a 
snowstorm: The practical use is obvious and large - but so are the problems. 

The orography interferes both with what we want to observe and with the 
how we can observe it. First, by lifting, channelling, blocking, supplying moisture, 
and heating on sun-exposed slopes, the mountains influence the flow and the 
stability of air masses from the synoptic down to the microscale. The orography 
thus plays a key role in precipitation mechanisms. The result is a complex picture 
of precipitation regimes and high variability on many scales. The vast influence 
of an orographic barrier on the distribution of precipitation is glaring when 
looking at climatological maps (Frei and Schar, 1998). Second, the orography 
complicates precipitation measurements by radar because of beam occultation, 
overshooting, severe ground clutter, and partial shielding, as well as difficult 
operating conditions on mountain sites. The result is a complex error structure. 
So, on the one hand, a weather radar with its high resolution in time and space 
provides the meteorologist and the hydrologist of a mountainous region with 
unique observations of a highly variable quantity, but, on the other hand, poses 
particular difficulties to the radar scientists and engineers. 

The meteorologist wants to have observations from the first signs of precip- 
itation of O.lmm/h to heavy hailstorms with over lOOmm/h, within the full 
range of radar coverage, for example, between 1 and 230 km as for the Swiss 
radars. Including the range of signal fluctuations this corresponds to 20 orders 
of magnitude in terms of signal power between the transmitted and the weakest 
signal to be received and analysed. This is more than we can cope with us- 
ing today’s receiver technology. The hydrologist, on the other hand, may need 
high precision because 10% more rain may break the dam! A really challenging 
engineering application. 

The dominant sources of errors involved in quantitative estimates of precip- 
itation by radar are ground clutter including anaprop, shielding combined with 
the vertical profile of reflectivity (Joss and Waldvogel, 1990), partial shielding, 
overshooting, beam-broadening and partial beam filling, variations in the rela- 
tion between radar reflectivity and rainfall rate ( Z-R relation), hardware faults, 
as well as attenuation in heavy rain, in the melting layer and in the water cover 
on the radome (Germann, 1999). Variations in the Z-R relation are attributed 
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drargon 1 or mouse ? 





Fig. 2.1. The real challenge in the Alps: What does the radar see? Is it the tail of a 
dragon, or is it just the tail of a mouse? 



to changes in the phase and size distribution of hydrometeors. Although all 
these errors occur both with and without orography, some of them are much 
more severe in a mountainous context. There, the most challenging problem is 
the combination of shielding, partial shielding and ground echoes, which often 
inhibit a direct view of precipitation close to the ground (Figs. 2.1 and 2.2, 
Gabella and Perona, 1998; Germann and Joss, 2002; Pellarin et al., 2000). If 
we determine, for each pixel of the radar volume, to what extent precipitation 
at that location can be observed from the radar without being disturbed by 
the horizon or clutter, we obtain the radar visibility map. In a mountainous 
region, this map is rather complex and shows pronounced spatial discontinu- 
ities, particularly, close to the ground. To fill the holes in badly visible regions, 
measurements from several kilometres above the ground or from neighbouring 
regions must be extrapolated. Yet, this implies a high resolution in azimuth, in 
range and in elevation. In order to limit the size of holes produced by the elim- 
ination of ground echoes, for instance, in the Swiss network, clutter removal is 
done at the highest possible radial resolution of 83 m. Any type of extrapolation 
procedure used to fill holes requires a careful analysis of the four-dimensional 
map of visibility and considerably reduces the accuracy of ground level precipita- 



54 



U. Germann and J. Joss 




90 60 30 0 30 60 90 

Range km 



Fig. 2.2. The challenge in the Alps: combination of shielding, partial shielding and 
ground echoes inhibits a direct view of precipitation close to the ground. The three 
panels show vertical cross sections from 0 to 6km above sea level of (top) scan geometry 
of Monte Lema radar, ( centre ) intensity of ground echoes during fine weather with 
the clutter elimination algorithm turned off, and ( bottom ) 24-hour accumulation of 
stratiform precipitation on 3 August 1998 illustrating the problem of shielding. To the 
north, the lowest two elevations are blocked at a range of 8 and 44 km, respectively. 
Everything behind is shielded (S). Between 8 and 44 km, the second-lowest elevation 
is partially shielded and occasionally contaminated by ground clutter not eliminated 
(PSC). The notch of the third lowest elevation at 80 km north (PSE) is caused by 
partial shielding, by evaporation, or by a combination of both. To the south beyond 
70 km, the lowest elevation shows gaps that result from eliminating frequent ground 
clutter (CE). The melting layer is at a height of around 3.3km (BB) 
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tion estimates. The holes caused by clutter elimination and shielding also limit 
the use of echo tracking and advection nowcasting (Mecklenburg et al., 2000; 
Germann and Zawadzki, 2002). 

MeteoSwiss has a comprehensive program to quantify errors in surface pre- 
cipitation estimates and, based on those empirical results, to refine quantitative 
rainfall products. Here some numbers for 2004 and 1997. For 2004 [1997] sum- 
mer storms with daily rainfall > 0.3 mm, probability of detection is 89% [84%] 
and false alarm rate is 14% [34%]. Average bias is —15% [-50%] for over all of 
Switzerland, and +7% [—37%] for locations within 70 km from the radar. Scatter 
is 3dB(R) [4.4dB(R)]. A scatter of 3dB(R) [4.4dB(R)] means that the radar- 
derived estimate of daily precipitation at a gauge location is within a factor of 
2 [2.8] of the gauge estimate for 68% of the rainy days, for the remaining 32% 
the uncertainty is larger. The improvement between 1997 and now was mainly 
achieved because of changes in the clutter elimination (Sect. 2.2) and the intro- 
duction of correction procedures for visibility (Sect. 2.3) and profile (Sect. 2.4). 

2.1.1 Variability of Precipitation in the Alps 

Before discussing, in the following sections, specific problems and solutions of 
radar operation in the Alps, let us first have a look at the spatial continuity of 
orographic precipitation and its important implications for the design of observ- 
ing systems. We use the term continuity rather than variation to place emphasis 
on the fact that close measurements are similar. Owing to the continuity, we can 
compare measurements in different locations, extrapolate point observations to 
neighbouring areas, for instance, when producing rainfall maps from gauge net- 
work data, or estimate vertical profiles of reflectivity in shielded regions. 

A study of the spatial continuity of Alpine precipitation based on radar data 
has been presented in Germann and Joss (2001). To quantify the spatial conti- 
nuity, the authors chose the variogram, defined as the variance of the difference 
between two reflectivity measurements as a function of the separation distance. 
The variogram indicates how much the precipitation rate varies in space. 

Why are we particularly interested in the spatial continuity of precipitation? 
First, holes in the radar image caused by ground echoes and shielding must be 
filled by interpolating and extrapolating nearby pixels, both horizontally and 
vertically. The uncertainty introduced by this procedure depends on the spatial 
continuity. Second, an observing system should provide high spatial resolution 
in regions where the observed quantity exhibits high spatial variation. There- 
fore, a climatology of precipitation variograms is a prerequisite to designing a 
gauge network. And it may also be helpful when choosing the site of a radar. 
Third, the representativeness of a point observation of an area average is solely a 
function of the spatial continuity. We can determine from the variogram within 
what accuracy a gauge measurement is representative of a basin average. High 
variation means low representativeness. Finally, extrapolating the variogram to 
the zero-lag (nugget variance) is an elegant way to obtain an estimate of the 
observation error, the sum of instrumental errors plus the sampling error. 
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Variograms of Alpine Precipitation 
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Fig. 2.3. Variograms of Alpine precipitation: stratiform autumn (30 September 1998), 
stratiform winter (2 December 1997), mesoscale convective system (MCS, 19 August 
1998). The variograms are calculated from raw reflectivity except for the MCS 5- 
hour period, for which both raw and one hour average reflectivity are used. The two 
variograms in snow ( solid and dashed line ) are so closed that the dashed line can hardly 
be seen. From Germann and Joss (2001) 



It is for these reasons that we provide, in the remaining part of this section, 
a short summary of the results of the spatial continuity studies presented in 
Germann and Joss (2001). 

Figure 2.3 shows a set of variograms determined from radar observations of 
Alpine precipitation under different synoptic conditions. Two things are striking. 
The variograms are smooth compared to those commonly obtained from gauge 
data, and, comparing the different events, the variance varies by up to one order 
of magnitude. High variability is typically associated with convective activity, 
here orographically induced convection. The variances of the variograms of the 
mesoscale convective system (MCS) are up to ten times larger than those of 
stratiform variograms. At the moment of maximum convective activity in the 
MCS (labelled in the figure MCS Rain lhour), we read for a lag of 7.2 km, 
an average variance of 132dB 2 (Z). By taking the square root, we obtain an 
average difference in logarithmic reflectivity of 11.5 dB(Z). Assuming in the Z- 
R relation an exponent of 1.5, this corresponds to a factor of 5.8 in terms of 
rainfall rates. In other words, rainfall rates measured at two points separated by 
7.2 km, on average, vary by a factor of 5.8. For the same lag, we obtain 6.8 dB (Z), 
3.8dB(Z), and 3.3dB(Z) in the MCS 5-hour period, in the stratiform rain, and 
in the stratiform snow, respectively. 

These numbers confirm that spatial continuity of precipitation depends on 
the type of precipitation and thus on the synoptic conditions. Is there also a 
dependence on the location with respect to the orographic barrier? Such a de- 
pendence would reflect the influence of the mountains on precipitation physics. 
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Fig. 2.4. Variograms below and above the melting layer (ML) along a cross section 
through the southern Alps. The variograms are derived from radar reflectivity of Monte 
Lema radar and represent average conditions over 96 hours of heavy rain in September 
1999. For more details, see Germann and Joss (2001) 



Comparing variograms along a cross section from the southern foothills to up- 
slope regions and up to the crest of the Alps during 96 hours of heavy and 
long-lived orographic precipitation revealed a surprisingly stationary pattern: 
moderate variation upstream and over the foothills, maximum variation ups- 
lope, and weak variation close to the crest of the mountain range (Fig. 2.4). A 
different ranking is obtained when looking at gauge totals of the same period and 
along the same cross section. In the foothills, the gauge totals are relatively small. 
Maximum totals coincide with maximum variation in upslope regions. Further 
north in the valleys close to the crest of the Alps, we found moderate to high 
totals, and this despite the weak variation indicating stratiform precipitation. It 
is not yet clear to what extent the persistent stratiform rainfall associated with 
moderate to high rain amounts close to the main divide is related to the frequent 
convection in upslope regions. Tall convection upslopes possibly feed adjacent 
regions downstream with ice crystals. While falling through rising saturated air 



58 



U. Germann and J. Joss 




5 6 7 8 9 10 11 

Fig. 2.5. Situation plan of Meteo-Swiss C-band radar network. Levels of shading cor- 
respond to terrain height below 800m (white), between 800 and 2000m ( light grey), 
and above 2000m ( dark grey). All heights are in meters above sea level 



masses, the crystals rapidly grow and may produce persistent stratiform precip- 
itation with relatively high totals. 

To sum up, spatial continuity of precipitation depends both on the synoptic 
conditions and on the position with respect to the Alpine barrier. As outlined 
above, this is crucial knowledge when designing a system to observe Alpine 
precipitation. 

After this short excursus into spatial continuity of orographic precipitation 
and its implications for observing systems, we now move to the discussion of 
practical solutions in an operational context. The Meteo-Swiss C-band radar 
network is situated in an exemplary region to study the problems of radar mete- 
orology in the mountains (Fig. 2.5). For a description of the Swiss network, the 
reader is referred to Joss et al. (1998). The current infrastructure is based on 40 
years of work with radar operation in the Alps. Although the material of this 
chapter is illustrated mostly with examples from the Swiss network, we expect 
it to apply to other mountainous regions as well. 

2.2 Clutter Elimination 

Elimination of ground clutter is a prerequisite for the use of radar data, both in 
a quantitative and a qualitative way. In mountainous regions, where the radar 
sites are often on the tops of mountains and the lowest elevation angle is close 
to or even below the horizon, ground clutter poses a serious problem (Fig. 2.2, 
centre) . 
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2.2.1 Avoiding Clutter 

In regions with frequent clutter, the sensitivity for detecting precipitation is re- 
duced (discussed later on in Sect. 2.3.2), regardless of whether the clutter is 
eliminated or not. Therefore, avoiding clutter is better than the best elimination 
technique. For example, using short pulses may often allow us to see between 
clutter echoes and interpolate from the in-between spaces. This must not be for- 
gotten when discussing the specifications of a new radar system. Also, regarding 
contamination by clutter, C-band wavelengths are to be preferred to S-band for 
two reasons: Assuming a constant beam width, the ratio between the echo of 
hydrometeors in the Rayleigh region and the echo of a ground target is pro- 
portional to the fourth power of the transmitter frequency. So, a C-band radar 
has a much higher chance of seeing the weather rather than the ground target in 
regions where both coexist. The second argument assumes a fixed antenna diam- 
eter, and thus fixed antenna costs, a reasonable constraint. For a fixed antenna 
diameter, the beam width is proportional to the wavelength, and the pulse vol- 
ume proportional to the square of the wavelength. A small pulse volume helps to 
limit the radius of contamination by clutter around a ground target. The same 
is true for high resolution in range and low side-lobe power. A thorough study 
of these relationships is extremely important in a mountainous region in order 
to avoid clutter as much as possible. 



2.2.2 Eliminating Clutter 

Clutter varies from site to site and in time and space, which makes its elimination 
a challenging task. A straightforward solution for clutter elimination is a static 
clutter map determined from a series of radar images in clear-sky conditions. The 
drawback of this solution is residual clutter, or the loss of valid precipitation mea- 
surements in regions with weak or variable clutter. Examples for variable clutter 
are ground echoes from anomalous propagation (anaprop) or side- lobe clutter. 
More sophisticated approaches combine all available information and use a dy- 
namic clutter map. An example is the decision tree algorithm proposed by Lee et 
al. (1995) and implemented at the three radar sites of Meteo-Swiss Monte Lema, 
La Dole, and Albis (Joss et al., 1998). The algorithm takes, for each 83m raw 
gate, a clutter /nonclutter decision using the radial velocity, the spectrum width, 
the minimum detectable signal (MDS), one-lag and two-lag signal fluctuations 
(noncoherent statistical tests), the vertical gradient of reflectivity, as well as a 
continuously updated clutter map. For the use of polarimetric measurements to 
detect clutter and anomalous propagation, the reader is referred to Illingworth 
(2003), this book. 

2.2.3 Improving Clutter Elimination in the Alps 

In 1998 and 1999, several experiments were performed to further improve the 
operational clutter elimination algorithm of the Meteo-Swiss radar network. A 
modified version was implemented on all three radar sites in summer 1999. The 
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unmodified and the modified decision tree are hereafter referred to as the old 
and the new elimination algorithm, respectively. In the remaining part of this 
section, we briefly present and explain the modifications made in the operational 
algorithm. Details of the old algorithm can be found in Joss et al. (1998), Joss and 
Lee (1995) and Lee et al. (1995). The modified, currently implemented decision 
tree is depicted in Fig. 2.6. 

The goal of the experiments was twofold: to reduce the amount of residual 
clutter, and to reduce at the same time the number of precipitation signals erro- 
neously eliminated by the old algorithm. For lack of a better way to sufficiently 
reduce clutter, in the old algorithm, the threshold T5 of the first statistical filter 
was set to a somewhat high value of 4dB. With this setting, the first statistical 
filter was rejecting a considerable number of valid precipitation signals. Espe- 
cially at high elevations where clutter is rare and weak, there is no need for 
setting T5 to a high value. An alternative way to reduce the level of residual 
clutter allowing for a lower value for T5 on all elevation angles has to be found. 

Based on the observations described afterward, we conclude that clutter 
remaining after the old elimination has mainly nonzero Doppler velocity and 
preferably occurs in the vicinity of highly coherent zero- velocity clutter. 

To eliminate this type of clutter, a neighbour test is added in the Doppler 
test of the new clutter decision tree (Fig. 2.6). Gates with nonzero velocity only 
pass the decision tree if the adjacent gates have low clutter map entries. Adding 
the neighbour test allows us to make the thresholds of the statistical tests less 
rigorous, thus eliminating fewer valid precipitation signals. The neighbour test 
is active at the lowest two elevation angles only. 

Here is an illustration of how we explain the success of the new clutter tree. 
In Switzerland, the lowest elevation scan at —0.3° contains 23% cluttered pixels 
(Table 2.1: 10927/46800 = 23%), contributing about 70% of the total clutter of 
the volume scan (10927/15503). A volume scan consists of 20 elevation angles. 
The lowest two elevation angles, —0.3° and 0.5°, together, contribute more than 
90%. These estimates are obtained on La Dole during fine weather by switching 
off the clutter elimination, then counting all pixels (1km x 1°) with reflectivity 
larger than 13dBZ. The numbers are averaged over half-hour periods, and, to 
some extent, may depend on the weather situation (refraction). The experiments 
have been repeated using the old and the new clutter elimination algorithm. 

Table 2.1 lists the total counts. Except for the group ‘Whole volume,’ data 
are considered up to the maximum range of coherent analyses of 130 km from 
the radar site. 7V a n is the number of all cluttered pixels, whereas -/V movin g only 
counts pixels with nonzero velocity, that is velocities larger than 0.125 times the 
Nyquist velocity. The total number of pixels considered is indicated in paren- 
thesis. For more details, see Sect. 1.3.1 of Germann (2000). Similar results have 
been obtained for the Monte Lema and Albis radar. 

With the old elimination algorithm, the residual clutter has mainly nonzero 
velocity and preferably occurs in the vicinity of highly coherent zero velocity 
clutter. This hypothesis is based on the following two observations: First, 96% 
of the residual clutter has nonzero velocity (946/990). Second, N moving increases 
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Fig. 2.6. Decision tree for clutter elimination at Meteo-Swiss radar sites 
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Table 2.1. Frequency of clutter of La Dole radar using no, old, and new elimination 



Volume of Coherent Analyses Whole Volume 



Algorithm 


-0.3° 

N a ll 


elev. (46800) 

A moving 


All 20 elev. (549720) 
N a ll Amoving 


All 20 elev. (697320) 

N al, 


No 


10927 


114 


15503 


342 


19476 


Old 


613 


584 


990 


946 


1395 


New 


40 


16 


402 


279 


458 



when using the old instead of no elimination. How can this be? For each 1 km 
gate, we have data of twelve 83 m raw gates. For the Doppler product, which 
is used to determine AT moving , only the velocity of the 83 m raw gate with the 
maximum reflectivity is taken. The Doppler product shows that 15161 of the 
15503 clutter-contaminated raw pixels originate from zero-velocity clutter. The 
statistical tests of the old algorithm, based on the signal fluctuations, easily 
detect and eliminate this type of clutter. That is why zero- velocity clutter mainly 
disappears when activating the old elimination. But from the fact that at the 
same time N mov [ ng increases, we conclude that zero-velocity clutter is then in 
part replaced by neighbouring nonzero velocity clutter. Clutter with nonzero 
velocity may be explained by antenna movement or simply by chance: since the 
number of range gates is huge, even with a small probability of occurrence, some 
of the clutter signals have nonzero velocity. 

When using a dynamic clutter map, particular attention must be paid to 
dead-ends and positive feedbacks. In our case, a continuous clutter map leak 
was needed to avoid a no-go situation for gates with reflectivity above the MDS 
and zero Doppler velocity: in the old elimination algorithm, once the gate was 
flagged as clutter, there was no way to decrease the clutter map entry (Lee et 
al., 1995). This means a no-go, as long as reflectivity is above the MDS and 
the Doppler velocity is zero. Note that zero- velocity areas can be large and 
stationary. Examples are weather situations with weak winds, weak winds in the 
planetary boundary layer, or regions where the wind blows perpendicularly to 
the radar beam. Unless a gate is clearly identified as clutter, the clutter map leak 
(Fig. 2.6, top-right edge) continuously subtracts a small value from the map. 



2.2.4 Closing Remarks 

The last column of Table 2.1 summarises the effectiveness of clutter elimination. 
Without elimination, the radar volume contains 3% clutter (19476/697320), with 
the old elimination 0.2%, and with the new one 0.07%. Considering the lowest 
elevation only, we obtain 23%, 1.3%, and 0.09%, respectively. On the lowest 
elevation, the new algorithm is reducing the number of residual clutter by 573 
from 613 to 40. When considering all elevations, it may be a surprise that the 
corresponding difference is only slightly larger, namely, 588. This is caused by 
the superposition of two opposite effects. The new neighbour test, which is active 
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at the lowest two elevation angles, reduces the amount of residual clutter. But 
the threshold T5 of the first statistical filter has been lowered, in particular at 
higher elevations, in order to avoid erroneously eliminating precipitation signals. 
Previously, it was set to 4.0 dB. Now T5 is 3.5 dB at the lowest two elevation 
angles, and 3.0 dB elsewhere (Fig. 2.6). The disadvantage of a lower T5 is an 
increase of residual clutter, which compensates in part for the improvement 
achieved by the new neighbour test. 

In addition to the neighbour test and the clutter map leak, a speckle filter 
has been added. It eliminates isolated echoes, which rarely originate from pre- 
cipitation. This filter is not part of the decision tree. It is implemented at a later 
stage of data processing, and works at the 1km x 1° x 1° resolution. 

2,3 Correction for Visibility 

A map that indicates, for each pixel of the radar volume, to what extent pre- 
cipitation is visible from the radar is called a radar visibility map. It can be a 
simple binary map, indicating ‘visible’ or ‘nonvisible,’ or it can be a more precise 
estimate indicating the visibility as a percentage ranging from 0% visible up to 
100% visible. Factors that reduce the visibility are shielding, partial shielding, 
and clutter (Fig. 2.2). 

For two practical reasons, we are interested in the visibility map: 

1. For further data processing, it is crucial to know whether a pixel is (a) per- 
fectly visible, (b) completely shielded and thus missing, or (c) frequently 
contaminated by clutter or partially shielded and thus less accurate and less 
reliable. Pixels of different visibility have to be treated in different ways, 
for instance, when generating ground level precipitation maps or when cal- 
culating the vertical profile of reflectivity used for profile correction (next 
section) . 

2. The bias in partially visible regions can be corrected if there is a good es- 
timate of the visibility. For example, for our best radar estimate of precipi- 
tation, the value of a pixel that is only 50% visible is multiplied by a factor 
of 2. 

2.3.1 Simulated Visibility 

A first guess of the visibility map can be obtained by a geometrical simulation. 
The visibility is calculated ray by ray by combining the scan geometry of the 
radar, the antenna gain pattern, a digital terrain model, the earth’s curvature, 
and a model of how electromagnetic waves propagate through the lowest 10 km 
of the atmosphere. Refraction is simulated by using a Active earth radius 4/3 
times the correct radius. Figure 2.7 depicts visibility maps of Monte Lema radar 
obtained from a geometrical simulation for the lowest four elevation angles —0.3, 
0.5, 1.5, and 2.5°. The result does not perfectly correspond to the real visibility 
map because of small errors in the pointing angle, uncertainties in the simulation 
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Fig. 2.7. Maps of the radar visibility obtained from a geometrical simulation for the 
lowest four elevations of the Monte Lema radar (—0.3, 0.5, 1.5, and 2.5°). Maximum 
range is 230km. Levels of shading correspond to less than 10% visible (white), between 
10 and 90% visible (grey), and more than 90% visible (black). See also Fig. 2.2, bottom 




of the refraction of the radar beam, and insufficient resolution of the digital 
terrain model, in particular at close ranges. Buildings, trees, and other obstacles 
close to the antenna limit the accuracy of a geometrical simulation, if their 
position and shape are not precisely known. 

2.3.2 Clutter Hiding Precipitation 

Also, clutter may hide precipitation, regardless whether detected or not. The re- 
duction of visibility caused by clutter can be estimated from clutter maps, either 
determined during fine weather with the clutter elimination turned off, or from 
output statistics of the elimination algorithm itself. It is important to consider 
that only weather signals that are weaker than the clutter signal are actually 
affected. Thus, to consider that all the cluttered pixels during fine weather are 
invisible during precipitation is too pessimistic and overrates the role of clutter. 

2.3.3 Real Radar Visibility 

An alternative approach to estimate the radar visibility is to examine long-term 
accumulations of radar images during precipitation. In perfectly visible regions, 
the accumulation tends to climatology, in completely shielded regions, it is zero; 
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and in partially visible regions, the value is somewhere between. Hence, by divid- 
ing long-term accumulations by climatological maps, we obtain an estimate of 
the real radar visibility. Here, the problem is not the uncertainty of a geometric 
simulation. It is the lack of knowing for each pixel of the radar volume, its clima- 
tological value of precipitation. There are systematic changes, both horizontally 
and vertically, that have to be accounted for when following this approach. In 
the vertical direction, we have the profile of reflectivity, reflecting the growth, 
the change of phase and the fall speed of hydrometeors. In the horizontal direc- 
tion, we expect a strong dependence on the position with respect to the Alpine 
barrier; see, for instance, the gauge totals in Fig. 2.4. So, the spatial distribution 
of a long-term accumulation of radar images is a superposition of two factors: 
systematic changes attributed to the climatology of precipitation and the real 
radar visibility. To determine the latter contribution, we have to estimate and 
subtract the former one. This is not an easy task. 

Also, beam-broadening, partial beam filling, and attenuation affect accumu- 
lations of precipitation. The result is a monotonic decrease of the echo with range 
at constant height. This effect is, according to the definition from above, part of 
the real radar visibility. If it is included in the visibility map, the average bias 
caused by beam-broadening, partial beam filling, and attenuation is corrected by 
the two steps of visibility correction described at the beginning of this section. 

Figure 2.8 compares for the 0.5° elevation of Monte Lema radar, the geo- 
metrically simulated visibility with the visibility, calculated from accumulated 
precipitation. 

The period used for the accumulation is short, and climatological variation 
including vertical growth has not been corrected yet. In spite of the simplistic and 
preliminary character of this analysis, the comparison reveals interesting facts. 
The simulated map is a good first guess, providing a global picture. To a first 
approximation, the two panels of Fig. 2.8 reveal the same line of demarcation 
between the visible and the nonvisible parts of the elevation scan. The largest 
difference between the two range-azimuth displays is at far ranges. It is caused 
by the vertical profile of reflectivity and by beam-broadening provoking partial 
beam filling. The simulated map seems to overestimate the real visibility in 
the first few range gates next to the radar and close to mountain peaks where 
weather echoes are hidden by frequent strong ground clutter. The bottom part 
of Fig. 2.8, on the other hand, seems to overestimate the real visibility in the first 
tens of kilometres behind obstacles. There, accumulated side-lobe clutter may 
look like accumulated precipitation. When doing the accumulation, we must take 
care not to accumulate clutter and clear- air echoes. They will spoil the results. 
Further analyses with longer periods and correction for climatological variation 
are needed to get a quantitative picture of the true visibility. 

2.3.4 Synthesis 

Geometrical simulations and long-term accumulations of precipitation may be 
used to estimate the radar visibility map. We propose to combine both ap- 
proaches in order to get a better result, that is, to make a first guess from a 
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Fig. 2.8. Simulated versus observed visibility, (upper): Simulated visibility at 0.5° 
elevation of Monte Lema radar obtained from geometrical simulation. Levels of shading 
correspond to less than 10% visible (white), between 10 and 50% visible, between 50 and 
100% visible, and 100% visible, respectively, (lower): 22-day accumulation of warm- 
season precipitation at the same elevation angle. Grey shades change at 0.6, 6, and 
60 mm. Because of an important telecommunication link the radar power is switched 
off between 129 and 134° azimuth. Note that this type of plot showing range versus 
azimuth does not preserve area. The short ranges are overrepresented compared to far 
ranges 
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geometrical simulation, to add the information from clutter maps, and to check 
against the results obtained from long-term accumulations. 

For the approach using long-term accumulations, estimating climatology over 
complex orography is a difficult step. A reasonable first guess can be obtained by 
combining operational radar data with data sets from field experiments such as 
the Mesoscale Alpine Programme (Bougeault et al., 2001), during which several 
mobile radars were operated at different locations within the southern Alps. 
The results from long-term accumulations are complementary to those from 
geometrical simulations and, in spite of the uncertainty, are expected to improve 
our estimate of the radar visibility map. 

To determine, for instance, all pixels that are, at a high level of confidence, 
well visible for precipitation rates above lmm/h, we propose the following cri- 
teria: Select those pixels for which (a) the simulated geometrical visibility is at 
least 90%, (b) the long-term accumulation lies within the range of climatological 
variability, and, (c) clutter is expected to be weaker than lmm/h. 

Geometrical simulations of the radar visibility can be determined for any 
fictitious site without having to install a radar. It is an important step when 
choosing the site of a new weather radar and provides, as shown in Fig. 2.8, a 
good first guess of its performance. 

2.4 Profile Correction 

In the previous section, we discussed how a variable horizon, earth curvature, 
and ground clutter reduce the portion of the radar volume that is visible from 
the antenna site. These factors inhibit a direct view of precipitation close to the 
ground and thus leave holes in the radar image. As long as the holes are small, 
they can be filled by interpolating nearby pixels at the same height. But above 
the Alps, the holes are often so large that there is no way of horizontal inter- 
polation (Fig. 2.7). The same is true for flat countries at far ranges. Then, the 
only thing we can do is to extrapolate measurements from above made at higher 
altitudes, down to the ground level. A measurement from aloft is better than no 
measurement at all, and for qualitative use often sufficient, provided that pre- 
cipitation reaches the height of the lowest radar measurement. For quantitative 
use, however, measurements from aloft must be corrected for the vertical change 
of the radar echo, caused by the growth and the change of phase and fall speed 
of hydrometeors. The radar echo as a function of height is called profile, and, the 
vertical extrapolation of measurements from above to the ground level is called 
profile correction. 

2.4.1 What Can Be Achieved 

Instead of beginning with a detailed technical discussion of profile correction 
schemes, we start with looking at the results of the operational algorithm imple- 
mented in the Swiss network. The objective is to get a map of the best possible 
estimate of ground level precipitation rates. Figure 2.9 compares the results of 
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Fig. 2.9. Comparison of three methods to estimate rainfall amounts by radar in a 
mountainous region. The three estimates are based on the vertical maximum echo 
(upper left ), the lowest visible echo ( lower left), and estimates corrected using the meso- 
beta profile ( upper right). Partial shielding has been corrected for the two products 
‘lowest visible’ and ‘profile-corrected,’ but not for the ‘vertical maximum.’ See text. 
Rainfall amounts are daily accumulations of 3 August 1998. Topography and gauge 
totals of the same period in millimeters are depicted ( lower right). Levels of shading 
correspond to terrain height between 0-250 m (white), 250-500 m, 500-1000 m, 1000- 
2000 m, 2000-3000 m, and above 3000 m, respectively. The frame is a 140 km x 140 km 
area centred over the radar site Monte Lema (1625 m). The heights of three mountains 
are also indicated: Pizzo Campo Tencia (3072m), Cima della Laurasca (2195m), and 
Monte Tamaro (1962 m). This figure also appears as color Fig. 6 on page 317. 
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profile correction with two conventional products, the vertical maximum echo 
and the lowest visible echo. The two images ‘lowest visible’ and ‘profile-corrected’ 
are based on radar data that have been corrected for partial shielding. Both prod- 
ucts require an estimate of the radar visibility map: first, to correct for partial 
shielding and second, to consider for each location only those measurements that 
are visible. The ‘vertical maximum’ is based on uncorrected measurements, and, 
the only information needed is the coordinates of the radar measurements. It 
is thus straightforward to implement. The differences among the three products 
become most apparent when looking at accumulations. Thus, Fig. 2.9 depicts 
daily accumulations of rainfall. The lower right of Fig. 2.9 shows the accumulated 
amounts estimated by gauges. 

Vertical maximum echo: A comparison with the lower right plot of Fig. 2.9 
shows that the ‘vertical maximum echo’ overestimates the amounts reported by 
the gauges in large areas. The reason for this is contamination by the bright band 
(most of the area with totals above 27 mm). In some places, the overestimations 
are also caused by residual, not eliminated clutter (small crosses corresponding 
to totals above 58 mm). In shielded regions, on the other hand, the amounts are 
too small because the measurements are made in the snow above the melting 
layer, where echoes are weak. The superposition of these errors leads to an error 
picture, which is typical for the ‘vertical maximum’ product: overestimation in 
the centre and underestimation in the periphery. 

Lowest visible echo: This estimate suffers from several factors: (a) from the 
complex visibility map in a mountainous region; (b) from bright-band contam- 
ination leading to overestimation, when the lowest visible echo happens to be 
in the melting layer; (c) from underestimations in shielded regions; and (d) also 
from some residual ground clutter. Strong discontinuities perpendicular to the 
radar beam occur where either the lowest visible pixel rapidly jumps from low to 
high elevation angles because of sharp obstacles or where the estimated visibility 
maps do not correspond to the real radar visibility (white areas). The area in 
dark grey in the upper right part of the image is caused by the bright band. The 
few small crosses again mark the places of residual ground clutter. 

Profile- corrected image: This product obviously shows the best agreement 
with the amounts reported by the gauges. It is the only product out of the three 
that is almost free of bright-band contamination and residual clutter. Underes- 
timations in shielded regions have been reduced. The obvious artefacts of the 
other two products are almost completely eliminated. 

2.4.2 How to Do It Operationally 

Now, that we have seen the possible gain from profile correction, let us have a 
closer look at how it works. If we knew the local vertical profile of radar echo 
and the visibility at any place in the whole volume, profile correction would be 
straightforward. It is the high variability of the profile in space and time and 
the difficulty of estimating it in shielded regions that renders profile correction 
a difficult task. 
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The need for profile corrections has been stated in Joss and Waldvogel (1990). 
Since then, a variety of correction schemes has been proposed in the literature, 
but only few of them have actually been applied under operating conditions, and 
little attention has been paid to the particular situation in a highly mountainous 
region. 

The reflectivity profile is strongly variable in time and space. Therefore, the 
decisive point of profile correction schemes is the estimation of a representative 
profile. Such an estimation procedure may use profiles measured in well- visible 
regions (Andrieu et al., 1995; Vignal et al., 1999), for example, in the vicinity of 
the radar (Germann and Joss, 2002; Joss and Lee, 1995), profile climatology (Joss 
and Pittini, 1991), or, in more general terms, the four-dimensional information 
of reflectivity aloft plus knowledge on its correlation with the profile (Smyth and 
Illingworth, 1998; Germann and Joss, 1999), as well as other data sources such 
as gauges (Collier et al., 1983) or models (Mittermaier and Illingworth, 2002; 
Kitchen et al., 1994). Koistinen (1991), Joss and Pittini (1991), Joss and Lee 
(1995), and Germann and Joss (2002) determine the profile from the mean of 
measured radar echoes as a function of height. Such mean profiles are, because 
of beam convolution, smoother than the true profile. Andrieu et al. (1995) and 
Vignal et al. (1999) propose an inversion technique to retrieve a profile that is 
not affected by beam convolution. Because of high processing costs and small 
improvements compared to the mean profile approach, the inversion technique is 
not suitable for operation in a mountainous region (Vignal et al., 2000; Germann 
and Joss, 2002). 

Profile variation can be found down to the space-time scale of single instanta- 
neous radar measurements. Such microscale profiles exhibit variations caused by 
single convective cells up- and downdrafts, drop sorting, fallstreaks, slanted cells 
and remaining signal fluctuations, etc. They look to some extent random, and 
their interpretation is difficult, unless detailed in situ measurements are avail- 
able. Principally, profile corrections would achieve the best results when using 
profiles at the radar pixel scale. First attempts to take into account the spatial 
variability of the profile have been presented in Kitchen et al. (1994), Germann 
and Joss (1999), Vignal et al. (1999), and Sanchez-Diezma et al. (2001). The 
information available from volume scanning radars is so coarse in highly moun- 
tainous regions that the optimum realistic scale is much larger. 

In an operational context, the following points are important: (a) The tech- 
nique must continuously yield a well-defined profile, (b) Only small changes can 
occur between the profiles used to correct successive scans. This avoids discon- 
tinuities in the corrected images when animated, (c) The estimated profile must 
be representative of the true profile present in the region where it is applied. We 
consider the profile to be representative, if the error caused by the difference be- 
tween the estimated and the true profile is small compared to the gain achieved 
by profile corrections. 

These points were used when the profile correction algorithm was imple- 
mented at the Meteo-Swiss radar sites. The aim is to correct for the large er- 
rors related to the profile in an Alpine environment, that is, underestimation in 
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shielded regions, and overestimation at close ranges in the bright band. The op- 
erational profile is determined from volumetric radar data integrated over a few 
hours in time and within a 70 km range of the radar antenna (meso-beta scale). 
In space, only the well visible part of the 70 km cylinder is used. Integration in 
time is done with a precipitation-volume-weighted exponentially decaying func- 
tion. The weight of a volume scan continuously decreases with time. The time 
‘constant’ of the weighting procedure is variable and depends on the amount of 
new information available. It is small, that is, fast adapting to the new profile, 
when there is precipitation in the whole region. It is infinite, and thus the profile 
is kept constant in the absence of precipitation. The same meso-beta profile is 
applied to the whole radar image. The profile-corrected image in Fig. 2.9 illus- 
trates the improvement obtained by this correction procedure. More details can 
be found in Germann and Joss (2002). 

2.4.3 Beam-Broadening and the Profile 

The volume of a radar sample increases with the square of the range, often re- 
ferred to as beam-broadening. It has no effect on the measurement, as long as the 
hydrometeors are uniformly distributed over the pulse volume, but this is rarely 
the case. Its effect becomes serious at far ranges, or in case of beam occultation, 
especially in the mountains, when the upper part of the beam is in the region of 
weak snow echoes or even above the echo top. Beam-broadening combined with 
the vertical decrease of the radar echo may lead to serious underestimations. 
This can be corrected if we know the profile and the radar visibility at the point 
of interest. Future work has to show to what extent this type of error can be 
reduced in an operational and mountainous context. 

2.5 Adjustments by Gauges 

Within the correction schemes discussed in the previous sections, the role of 
gauge adjustment is to make sure that radar estimates in well- visible regions 
are, on a long-term basis, unbiased against gauge measurements. Thus, gauge 
adjustment is the last step in a logic chain of orthogonal correction schemes, 
including hardware calibration using microwave equipment, clutter elimination, 
correction for visibility and profile errors, and, if relevant and feasible, also cor- 
rection for attenuation. 

2.5.1 Calibration, Then Adjustment 

Calibration of the hardware (automatic?) as discussed in some detail by Gekat 
et al. (2003), this book, has to compensate for short-term variations of the radar 
equipment, that is, to provide stable conditions for precipitation measurements. 
It may also be needed after the replacement of components to ensure that no 
relative change in sensitivity has occurred. In other words, high reproducibility 
is the aim. To strive for high absolute accuracy and thus for absolute calibration 
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is neither the required goal nor may it be possible, at least not at a good cost- 
benefit ratio. Absolute calibration would mean knowing the actual transmitted 
power in watts, the detailed antenna pattern, the noise power of the receiver in 
electrical units, and the true pointing angles. Relative accuracy defines our ability 
to reproduce in the future the values we measure today. If the hardware remains 
stable, we can adjust our equipment with experience gained in the domain of our 
variable of interest. This is the role of long-term gauge adjustments. In short, 
hardware calibration guarantees reproducibility, and gauge adjustments make 
the radar observations bias- free. Of course gauge measurements also have errors, 
which sets an upper limit to what can be achieved by adjustment with gauges. 

Real-time adjustment using short periods, for instance, hourly amounts of 
gauges, is not recommended because of the poor representativeness of the point 
observations. We may make things worse. In the introduction of this chapter, 
we mentioned the 3dB(R) standard deviation between daily accumulations of 
radar and gauge measurements. The value can be reduced by integrating over 
longer periods and by combining several gauges to calculate one adjustment 
factor. When combining, for example, 25 gauges to determine one adjustment 
factor, the value becomes up to 5 times smaller (square root of 25). But, on the 
other hand, the 3dB(R) becomes larger when using time periods shorter than 
24 hours. For hourly amounts, for instance, the value is up to 5 times larger 
(square root of 24). To get consistent improvement by adjustment, the standard 
deviation from the uncertainty discussed above must be smaller than the errors 
we want to correct for. This is certainly not the case when using hourly amounts 
and only a few gauges. 

The lack of representativeness for operational short-term adjustment, how- 
ever, does not exclude the use of a number of close- by gauges for correcting radar 
data in a case study. But the products operationally distributed on the network 
to the many users are not adjusted from day to day. Operational adjustment is 
done on a long-term basis. The resulting continuity creates a stable environment, 
which is known to all users. Operational users are mainly people from meteo- 
rological, hydrological, and geological offices. It is easier to relate on a stable 
environment, than on one which is constantly being adapted to measurements 
of questionable short-term representativeness. 

2.5.2 Weighted Multiple Regression 

A more sophisticated way to combine radar and gauge data is the weighted 
multiple regression analysis (WMR) developed in cooperation with people from 
Italy and the Czech and Slovak Republics; see, for instance, Gabella et al. (2001), 
Kracmar et al. (1999), and Boscacci (1999). It can be used either in addition or 
as an alternative to the correction procedures discussed in the previous sections. 
When used in addition to other corrections, the objective is to correct for residual 
errors and to check whether there remain significant influences after correction. 
Note that a perfect correction procedure will lead to a lack of correlation between 
the dependent and the independent variables of the WMR. Replacing the chain 
of correction procedures by the WMR may be a cheap way to correct for several 
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types of error in one step, especially, in case no volume data are available, for 
instance, because the antenna scans only one elevation. 

A successful WMR was found by taking, as the dependent variable, the log- 
arithm of the correction factor of each gauge. The correction factor is the ratio 
between gauge and radar totals accumulated over a given period. This period 
must be long enough to eliminate variations on small time-scales not explained 
by the regression equation. The dependent and the independent variables are 
related by power laws and exponential functions. Therefore, the logarithm cre- 
ates the basis for a linear regression. For the three independent variables, we 
used the logarithm of the distance between radar and gauge, the height above 
sea level of the gauge, and the height above sea level of the lowest visible radar 
measurement over the gauge. 

The idea is to separate the influence of calibration, beam-broadening, visi- 
bility and orography by calculating the four regression coefficients that lead to 
best agreement between a radar image, such as the vertical maximum echo, and 
gauge observations. The first regression coefficient is a constant offset in decibels 
taking together calibration errors and other overall multiplicative biases. The re- 
maining three coefficients are for the three independent variables, respectively. 
Distance between radar and gauge is transformed to a logarithm, whereas the 
other two independent variables are not. This is done because range effects are 
expected to follow a power law, and the decrease of radar echoes with height is 
approximately exponential. 

Weights are introduced in the regression analysis to make the results unbiased 
in terms of linear rainfall amounts. 

Once the regression coefficients have been determined by using a set of 
gauges, we can calculate the complete map of correction factors and apply it 
to the whole radar image. Of course, the map of correction factors depends on 
the weather situation, in particular, on the profile. And the correction factors 
must be recalculated for best results, if the weather changes. 

A thorough study of the performance of the WMR in heavy precipitation in 
the southern Alps is presented in Gabella et al. (2000) and Gabella et al. (2001). 
A flood event in Piedmont (northern Italy) in November 1994 is selected, and 
measurements of two C-band radars 140 km apart and about 60 gauges are exam- 
ined. Both validations based on radar-gauge and radar-radar comparisons show 
a significant reduction of errors inherent in radar measurements in complex ter- 
rain. For the radar-gauge analysis, calibration of the regression coefficients and 
validation is done with two independent subsets of data. The amount measured 
by the radar turned out to be a good criterion for the weights in the regression 
analysis. In addition to reducing errors, the map of correction factors obtained 
from WMR also provides a measure of the quality of radar measurements; pixels 
in shielded regions or at far ranges are associated with large correction factors 
(Gabella et al., 2001). 
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2.6 What Next? 

Before ending this chapter, we would like to emphasize that a weather radar is 
a unique solution to provide a qualitative overview of precipitation at a high 
resolution in time (5 min), in space (1km within 150km), and in intensity (a 
factor of two). Furthermore, the information is obtained in three dimensions from 
a single instrument. This opens the way for a variety of nowcasting applications 
and the initialisation and verification of numerical weather prediction models. 

We end this chapter with an outline of three future tracks that may be 
followed to further improve operational measurements of precipitation by radar. 
The three tracks are (a) make use of the idea of the minimum variance estimator, 
(b) toward a set of radar products providing a more complete description of 
precipitation, and (c) determine the error structure of radar precipitation maps. 

Minimum variance estimator: The minimum variance estimator is a common 
statistical technique for making the best possible estimate of a quantity by com- 
bining different data sources by means of a weighted linear average. The weights 
are chosen on the basis of the covariance matrices in a way that minimises the 
final error variance. Variational data assimilation of numerical models is based 
on this principle. There, the background field obtained from a previous model 
run is pushed in the direction of the observations until the analysis error variance 
reaches (under certain conditions) a minimum. The minimum variance estimator 
may be a solution to further improve the radar estimates of precipitation rates 
in poorly visible regions such as over the mountains or at far ranges. Possible 
information sources for a poorly visible location are (a) nearest neighbours at 
the same height (horizontal extrapolation); (b) measurements from aloft (verti- 
cal extrapolation); (c) Lagrangian advection of observations made in well- visible 
regions in the past few tens of minutes (Germann and Zawadzki, 2002; Meck- 
lenburg et al., 2000; and Li et al., 1995); (d) nearby gauge measurements, and 
finally, if all else fails, also (e) climatology. It depends on the particular situation 
which of these data sources best correlate with the unknown rate at the poorly 
visible location. The minimum variance estimator yields the best estimate of the 
unknown rate by combining all those information sources that show significant 
correlation. 

Toward a set of radar products providing a more complete description of pre- 
cipitation: The mountains, earth curvature, and ground echoes inhibit a direct 
view of precipitation close to the ground. Then, what we usually do is to extrap- 
olate measurements from neighbouring regions. For decades, we were looking 
for the extrapolation procedure that yields the best possible estimate of the ex- 
pected value of the ground level precipitation rate. The expected value of the 
precipitation rate at the ground is undoubtedly an important quantity. But it is 
not the only one. And, for some applications, it is not at all the most important 
one. To estimate the risk of a landslide, for instance, we need to know the prob- 
ability of encountering, within a given region and time, a precipitation amount 
larger than a certain threshold, that is, we need probabilistic information. Or 
to estimate the spatial representativeness of a point observation, we would need 
a parameter that describes the spatial continuity of precipitation, that is, the 
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variogram (Germann and Joss, 2001). In both examples the expected value is 
of little use. So, the idea is to define new products providing information that 
is complementary to the map of the expected ground level precipitation rate. 
Here, the radar with its high resolution in space and time is a unique source 
of information, which has not yet been exhausted. In severely shielded regions, 
where only measurements from aloft are available, it may actually be easier to 
provide probabilistic information than an estimate of the mean. 

Error structure: Although a lot of attempts have been made to quantify the 
errors involved in precipitation measurements by radar, we are still far away 
from having a complete error map providing, for each pixel in time and space 
and for each type of product, the corresponding uncertainty. For many practical 
applications, a measurement without an estimate of its uncertainty is of little 
use. Think of a hydrologist who is responsible for regulating a reservoir high up 
in the mountains in the case of a flood alarm. Is it a disastrous precipitation 
that is going to cause serious damage if the dam is not immediately opened, 
or is it just a strong event and the dam need not be opened? To make such a 
decision, probabilistic information is needed together with a safe estimate of the 
uncertainties of the observations. 
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3.1 Introduction 

Over the last 50 years, severe weather such as thunderstorms, squall lines, tor- 
nadoes, hurricanes, and extreme precipitation events with ensuing flash floods 
have dominated both scientific and operational radar meteorology (Atlas, 1990, 
Collier, 2001). This is natural, as one of the main benefits of weather radars 
is very dense sampling of precipitating systems in time and space, facilitating 
real-time warning and nowcasting of mesoscale severe weather which may have 
huge socioecomonic impacts. Also, an implication has been that some commer- 
cial radar manufacturers have paid little attention to the sensitivity of weather 
radar. Maximal sensitivity of a radar system is required for making snowfall 
measurements. Even greater sensitivity of operational radars is needed for the 
production of Doppler winds from clear air. The important topic of wind field 
estimation from Doppler measurements relates to Gekat et al. (2003), Meischner 
et al. (2003) and Macpherson (2003), all this book. The major proportion of the 
frequent boundary layer echoes found in summer, even in the north of Europe, 
originates from insects. For example, classification of 240 000 vertical profiles of 
reflectivity (VPR) from a one-year-long period in Finland revealed that 40% of 
all VPRs originated from clear air echoes reaching the ground, 20% from over- 
hanging precipitation, i.e. ice crystal clouds or snowfall layers aloft, and only 
40% involved precipitation reaching the ground level (Pohjola and Koistinen, 
2002). The reflectivity of both nonprecipitating echo classes was typically be- 
tween —20 and 5 dBZ. Both Canadian and Nordic radar networks (NORDRAD) 
mostly operate sensitive C-band systems. The operational Nordic radars are 
“standard” systems with sensitivities around —110 dBm, beamwidths of around 
0.9° and pulse lengths from 0.5-2 (Lis. In Canada, the sensitivity requirement to 
detect snowfall and clear air echoes has led to the specification of a multi-pulse 
length capability (0.8-5 jis) and of a narrow antenna beamwidth (0.65°) (Joe 
and Lapczak, 2002). 

Since the operational launching of the international NORDRAD network 
(Gekat et al., 2003, this book) in 1993, the heterogeneity of the composite prod- 
ucts has deserved special attention. The initiating reason was the observation of 
large reflectivity differences between radars from different manufacturers. The 
Nordic experience proves that the real system calibration and signal processing 
in a network, even when the radars involved are “similar,” can significantly affect 
the accuracy of network products. Continuous system monitoring and evalua- 
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tion as described in detail by Gekat et al. (2003), this book, is required. This 
is probably an underestimated issue in many operational radar networks. Al- 
though it is important in any network, power level or elevation angle calibration 
errors are more clearly discerned in cold climate products than in products gen- 
erated from severe convection in a warm climate. The reason for this is that 
cold precipitation often has strong vertical reflectivity gradients at lower heights 
and that reflectivity is often relatively homogeneous in large horizontal areas. 
Such precipitation structures easily introduce a visible reflectivity step where 
data from two neighbouring radars meet in a composite, for example, when the 
actual elevation angles differ by only 0.1° and power calibrations differ by 1 dB. 

A problem in weather radar measurements is the occurrence of nonmeteoro- 
logical echoes. It is often thought that proper Doppler filtering to full measure- 
ment range will remove all clutter. This is mostly valid for ground clutter but 
not for sea clutter, the sun, external emitters and military jamming, ship clutter 
and birds. Although clutter is a global problem in radar meteorology, large cold 
lakes and sea areas are favourable for the occurence of anomalous propagation 
conditions, which enhance clutter and which are a typical cold climate feature. 
Anomalous propagation and methods to eliminate nonmeteorological echoes are 
presented in Sect. 3.2. 

The measurement of precipitation in a cold climate is not theoretically dif- 
ferent compared to making measurements in warmer conditions. However, the 
operational aspect involves making measurements at long ranges, typically up to 
240-250 km. Much confusion regarding the accuracy of precipitation measure- 
ments originates from the fact that range has been neglected as an influencing 
factor. Range increases the probability of severe attenuation. Nevertheless, the 
main issue is not an increased error in the reflectivity measured at distant ranges 
but rather the sampling difference between the actual precipitation at the sur- 
face and the radar estimate aloft. This fact was not widely accepted during the 
first 40 years of radar meteorology; for example, Wilson and Brandes (1979) 
concluded that the main reason for inaccuracies in radar-based precipitation 
measurements was the use of nonrepresentative Z-R relations. Back then, U Z- 
R factories” produced a plethora of “local optimal relations” (Battan, 1973), 
which couldn’t solve the radar-gauge bias at longer ranges. It is not surprising 
that serious consideration of the underestimating sampling bias was established 
in environments which enhance the sampling difference, i.e. the relatively cold 
climates of Canada (Zawadzki, 1984), Finland (Koistinen and Puhakka, 1986) 
and in the temperate climate of Switzerland with enhanced shielding due to 
mountains (Joss and Waldvogel, 1990). Section 3.4 presents fresh Nordic expe- 
rience in dealing with the sampling problem, and Sect. 3.5 introduces a working 
nowcasting tool for precipitation, applied operationally also in snowfall. 

The U Z-R factories” have also created useful relations for snowfall measure- 
ments. The standard operational practice in Europe is for the radar system to 
measure the water equivalent reflectivity factor (Z e ) which is converted to rain- 
fall intensity by applying a Z-R relation for rain and the radar equation for 
water throughout the year. Surprisingly often, if the hydrometeor water phase 
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is considered, the snowfall intensity ( S ) is then calculated applying a Z-S rela- 
tion (Sekhon and Srivastava, 1970) without adjusting Z e to Z. This inaccuracy 
in estimating solid precipitation is further amplified by the fact that very little 
attention is usually paid to the actual three-dimensional (or even to the two- 
dimensional) distribution of the water phase of hydrometeors in the volumetric 
radar data. In Finland, for example, the major part of the scanned polar volume 
is always, even in July, above the bright band. The Nordic experience in radar 
based snowfall measurements is further discussed in Sect. 3.3. 

3.2 Problems Due to Ducting over Cold Surfaces 

Propagation of electromagnetic waves was comprehensively addressed several 
decades ago (Kerr, 1951) and has also been presented in a weather radar con- 
text (Watson, 1996; Alberoni et al., 2001; Steiner and Smith, 2002). Figure 3.1 
illustrates normal propagation and ducts giving rise to echoes from the earth’s 
surface. This entrapment and propagation of a small amount of radiation, off- 
set from the main beam axis and at small grazing angles in such ducts, and 
even in less severe superrefractive conditions, is referred to as anomalous (AP or 
anaprop), and the echoes are referred to as AP echoes. Such echoes are strong 
and highly variable on small spatial scales over land (Alberoni et al., 2001). Over 
the sea, where they are referred to as sea clutter (Collier, 1998), they are more 
homogeneous and generally weaker in strength (Alberoni et al., 2001). Other 
types of nonprecipitation echoes originate from insects, birds, aircraft, chaff, 
military jamming, and the sun. All types of nonprecipitation echoes are referred 
to as spurious. 

In the NORDRAD network, the radar systems with good coherency and effec- 
tive Doppler filtering to full measurement range do not suffer from ground clut- 
ter, even in common cases when unfiltered reflectivity is severely contaminated 
by clutter. However, systems with limited Doppler range suffer from ground clut- 
ter, and even the coastal Doppler systems suffer from sea clutter contamination. 
A large statistical analysis of the occurrence of clutter has not been performed 
in the Nordic countries. Nevertheless, the vast operational experience gained by 
human eyes viewing image products confirms that ducting over cold and moist 
surfaces is the main reason for outstanding clutter episodes. In the NORDRAD 
radars, the lowest elevation angle in most systems is 0.4-0. 5°. Thus, the major 
part of the measured clutter is introduced by ducting of a small fraction of the 
lower beam. One might expect that the duct is generated in common temper- 
ature inversions above snow and ice covered terrain in winter. The magnitude 
of a surface inversion in Lapland is often 10-20° C/300 m and in extreme cases 
30° C/ 300 m. Despite such inversions, strong winter ground clutter due to AP 
is relatively rare in radar measurements. The first reason is that radar anten- 
nas are often located at least 30-50 m above the average ground level and thus 
above the strongest lower part of the surface inversion. The second reason is 
that strong temperature inversions occur in very cold air masses with surface 
temperatures below — 20° C. Obviously the temperature gradient alone is not 
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(a) Normal propagation conditions (b) Anomalous propagation (super- 
with precipitation refraction) conditions 




(c) Anomalous propagation condi- 
tions with precipitation 

Fig. 3.1. Normal propagation conditions with precipitation and anomalous (super- 
refraction) propagation conditions giving rise to radar echoes from the earth’s surface 
with and without precipitation. From Alberoni et al. (2001) 



sufficient for generating AP. The absolute moisture content is very low in the 
inversion layer due to the low temperature, and the vertical moisture gradient 
is small since the air above the inversion is dryer in relative humidity but not 
much different in absolute terms. 

The operational experience in the Nordic countries shows that the major part 
of clutter generated by anomalous propagation in ducting conditions occurs in 
spring and summer (April - August). The dominating favourable factor is a 
warm air mass above the cold Baltic Sea, generating a cool, moist and shallow 
ducting layer of air at the surface. During such periods, nocturnal moist layers 
over land areas also introduce AP relatively often, although the temperature 
inversion is much weaker than in winter. During favourable periods, very strong 
clutter is typical (in unfiltered reflectivity) along the coasts on the opposite side 
of the sea seen from the antenna during both day and night. In operational use, 
Doppler filtering mitigates almost all AP ground clutter. The main remaining 
problem in Doppler radars is sea clutter and ships (Figs. 3. 2-3. 7). They can’t 
be filtered with the existing signal processors since reflectivity, Doppler spec- 
trum width and average Doppler velocity are similar to those from precipitating 
echoes (Fig. 3.2a-c). One might consider ships as an irrelevant source of error in 
operational radar-based services. Unfortunately however, reflectivities from huge 
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(a) Radar reflectivity factor in the 500 m pseudo-CAPPI 
product. Sea clutter is located in the Gulf of Finland, 
weak echoes in continental Finland are from insects 
and a few stronger spots in Estonia represent remaining 
coastal clutter, which has passed the Doppler filtering 
and quality thresholding in signal processing 




(b) Doppler spectrum width (m/s) 




(c) Doppler velocity (m/s), PRF=570 Hz, at the lowest 
elevation PPI (0.4°). Dots off the Estonian coast repre- 
sent ships and large flocks of migrating birds 

Fig. 3.2. Examples of sea and ship clutter. From Vantaa on May 27, 2000 at 13:15 
UTC. See also color Fig. 7 on page 318 
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Fig. 3.3. Accumulated 12 hourly “precipitation” (mm) from ships, as seen from Korpo 
on June 21, 1997 at 06 UTC. Range ring interval is 50 km. See also color Fig. 8 on 
page 319 



and frequently sailing ferries in the Baltic Sea easily reach 50-60 dBZ. As a con- 
sequence, image products and especially automatic shower warnings introduce 
misleading information to meteorologically inexperienced customers (Fig. 3.3). 
As long as operational Doppler signal processing or polarimetric measurements 
are incapable of diagnosing sea clutter and other nonmeteorological echoes, we 
have to use postprocessing methods on radar data together with multisource 
meteorological data for echo type classification. Such tools are presented in the 
following Sects. 3.2. 1-3. 2. 3. 

3.2.1 Image Analysis Methods 

Many different methods have been formulated over the years to identify and re- 
move spurious echoes. Radar-based methods using noncoherent radars have been 
developed based on combined signal processing of raw pulse data and image pro- 
cessing techniques which appear to perform well. One example is reported from 
the Netherlands (Wessels and Beekhuis, 1992). Customized signal processing is 
becoming easier with the introduction of new digital technology, and with it the 
ability to analyse the statistical properties of samples of pulses. This ability has 
been successfully utilized in both France and the UK (Sugier et ah, 2002), using 
the signal decorrelation time as a means of distinguishing ground clutter and 
AP from rain. Image processing based quality control methods, many examples 
of which have been recently compiled (Steiner and Smith, 2002), and elaborate 
quality control systems such as those developed in Switzerland (Joss and Lee, 
1995), the UK (Pamment and Conway, 1998; Harrison et al., 2000), and the USA 
(Fulton et al., 1998) all demonstrate the difficulties in identifying and suppressing 
spurious echoes while retaining echoes from true precipitation, especially where 
AP echoes are embedded in precipitation areas. Where Doppler signal processing 
is available, it has been demonstrated as being an effective means of removing 
clutter and AP echoes which are static in space, ie. from land (Koistinen, 1997). 
Sea clutter is much more difficult to remove using traditional Doppler techniques 
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Fig. 3.4. A lowest elevation PPI image contaminated by AP: sea clutter (cloud-like 
speck in the southwest), emitter lines (south-southeast and west-northwest), ships (dis- 
tinct specks of high intensity). The only actual precipitation is in the north-northeast. 
The image also contains low-intensity speckle noise, sun (the continuous line in the 
northeast) and insects (near the radar). Radar Korpo at 01:30 UTC on July 9, 2002 



because the echoes are generated from sea waves which have true velocities and 
are therefore indistinguishable from precipitation (Fig. 3.2). 

Other types of nonprecipitating echoes such as insects, birds, aircraft, chaff, 
military jamming, and the sun (Fig. 3.4) cannot be easily detected by standard 
radar parameters either. Instead, one may try image analysis methods concen- 
trating on purely visual features such as speck size, elongation, orientation and 
grouping. 

A recently developed scheme applies the set of detection algorithms listed in 
Table 3.1. Each detector concentrates on specific visual features in the image. 
Processing is carried out in polar space which is an image array of 500 bins by 
360 rays in the case of the Finnish radars (Fig. 3.4b). In the scheme, anomaly 
detection and filtering tasks are carried out separately. In the detection stage, 
each detector outputs a response image which presents the spatial probabilities 



Table 3.1. Detectors and their primary targets 



Detector 


Target 


BIOMET 


birds and insects near the radar 


SPECK 


noise, distinct specks 


EMITTER 


line segments 


SUN 


long line segments 


SHIP 


ships (and aircraft) 


DOPPLER 


non-continuous Doppler data 
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(a) BIOMET (b) SPECK (c) EMITTER 




Fig. 3.5. Response images of anomaly detectors in Fig. 3.4. Dark areas indicate high 
probability of the given anomaly’s occurence 



of an anomaly class. Here, “probability” means a degree of confidence computed 
from detection sensitivity parameters set by an expert. More specifically, each 
such parameter is essentially a 50-50% threshold of anomaly versus precipitation; 
each detector typically needs a couple of such thresholds for reflectivities or visual 
features. Continuity is achieved by using fuzzy logic, i.e. continuous probability 
functions for classification instead of strict reflectivity thresholds (Sonka et al., 
1993). 

Response images of the detectors for the case of Fig. 3.4 are shown in 
Fig. 3.5a-e. Finally, the total probability of spurious echo occurence is obtained 
by taking the maxima over the specific response images (Fig. 3.5f). 

The continuous- valued response image, having equal dimensions with the 
original data, allows cutting off anomalies with a tunable threshold. This is use- 
ful because the filtering always involves the compromise of removing anomalies 
and true precipitation, and applications have varying aspects for this compro- 
mise. For example, generation of warnings often requires conservative anomaly 
removal, whereas strongly filtered (yet sparse) precipitation data are preferred 
when computing motion vectors. The effect of changing the threshold is illus- 
trated in Fig. 3.6. 
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Fig. 3.6. Filtering anomalies with BIOMET, SPECK, EMITTER, SHIP and 
DOPPLER detection algorithms using different thresholds of confidence in Fig. 3.4. 
Sea clutter in the southwest remains 

A detailed discussion of the following detection algorithms is given in Peura 
(2002). The BIOMET algorithm detects birds and insects due to their proximity 
to the radar and their low reflectivities; the response image is essentially a fuzzy 
multiplication of the inverse distance and inverse reflectivity of each bin. The 
SPECK detector simply computes the area of each speck. In the response image, 
each speck (connected pixel segment) is marked with a value proportional to its 
area. EMITTER is designed for recognising beam-parallel lines of anomalous 
echoes originating from other nearby devices operating on the same frequency. 
The algorithm searches first for short, thin line segments and uses them as ev- 
idence in deducing the most contaminated directions. Then, the processing is 
repeated in those directions with increased level of sensitivity. SUN works sim- 
ilarly, but the contaminated direction is unique and can be precomputed. The 
SHIP detector is more complicated. Basically, it searches for small but intense 
peaks. Occasional side lobes reflected off ships, which are seen as associated 
echoes aligned perpendicularly to the ray, are detected as well. A DOPPLER 
detector observes discontinuities of the Doppler radial velocity field applying a 
small (3x3 bin) kernel. Such discontinuities are typically caused by birds. The 
discontinuities caused by transitions from data to areas void of data, or cross- 
ing the unambiguous velocity region, are not taken into account. The former 
is arranged by discarding the “no data” bins in the kernel. The latter effect is 
mitigated by computing the variance of the velocity values after transforming 
them on a unit sphere; hence the samples become treated as a set of points in 
two-dimensional space. 

It should be noted that the detection stage is computationally much more de- 
manding than the final filtering (thresholding) stage; one may consider designing 
end products that can be filtered online, interactively, applying a precomputed 
anomaly probability image. One may also design the detection scheme such that 
the contributions of each detector can be tuned invidually. In addition, process- 
ing detector responses separately allows for anomaly detection products which 
are of interest to some users (such as detecting birds for aviation). 
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3.2.2 Three-Dimensional Correction Methods 



In recent years, with improved computer performance, filtering methods employ- 
ing original polar volume data have been tested both in Europe (Alberoni et al., 
2001) and in the USA (Steiner and Smith, 2002), which point toward limitations 
similar to those experienced with two-dimensional Cartesian data, i.e. that im- 
age/volume analysis techniques are often sensitive to individual cases and must 
be fine-tuned in order to gain maximum performance. 

The European study (Alberoni et ah, 2001) presented two methods, one 
applied to Italian and the other applied to Swedish data. Both methods are 
based on analysis of the vertical variability of radar echoes above a given point. 
The Italian method utilizes reflectivities from two scans V\ and V 2 which are 
made at 0.5° and 1.4° scans, respectively. Using these, a rudimentary vertical 
reflectivity profile is characterized through the variable RD = V\ — V 2 (dBZ). 
AP is diagnosed according to 



AP = 



f RD > Ti 

[ RD > 0 and V 2 < T 2 



(3.1) 



where T\ and T 2 are empirical thresholds. Although this robust technique is 
demonstrated as performing well in case studies, the frequency distributions 
for rain and for AP echoes overlap, which raises doubts about the method’s 
applicability in an automatic, real-time environment. 

The Swedish method utilizes reflectivities from many overlapping scans and 
introduces the mean square deviation (MSD) variable, calculated from low to 
high scans as 

MSD = - Y' £ , (3.2) 

where 

di = Vi- F J+ i (3.3) 



and Vi is the reflectivity value in the scan with index i. Studies of the statistical 
properties of MSD in various conditions revealed that precipitation generally 
is characterized by smooth and unbroken reflectivity profiles and MSD ranging 
from 0 to 16 dBZ 2 . AP echoes over land generally contain uneven and/or broken 
profiles and MSD either above 16 or below 0 dBZ 2 . Sea clutter is character- 
ized by broken profiles and MSD values under 0 dBZ 2 . In order to distinguish 
among these characteristics, two other measures were formulated: the Frequency 
of unbroken profiles, 



FUP = 100 



Eup 

E(up + bp) 



(3.4) 



and the frequency of accepted MSD, 



FAMSD = 100 ^,^ SP , . 

E(up + bp) 



(3.5) 



both of which are calculated using a polar kernel (n x n bins) surrounding each 
polar bin. In Eqs. (3.4)-(3.5), up is the number of unbroken profiles, bp the 
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number of broken profiles, and gp the number of profiles with an MSD value 
within a given range, all of which are calculated within the polar kernel. The 
Swedish method is more complex than the Italian one, and it contains a rela- 
tively larger number of potential thresholds for its parameters. These thresholds 
were found to require adjustment, not just for different cases, but even when 
analyzing a time series of polar volumes from a single case. The case shown in 
Fig. 3.7 shows that the method succeeds in identifying and removing virtually 
all AP echoes but that it also impacts on real rain. In comparison with the other 
cases presented (Alberoni et al., 2001), this case shows the method at its high- 
est performance. Less AP echo removal and/or more real precipitation removal 
are severe limitations if the objective is to have a method which can be used 
automatically and in realtime. 

The results from such studies show that AP echoes can be identified and 
removed using the three-dimensional information available in polar volume data 
but that such methods are subject to the same types of difficulties as with other 
methods, i.e. tuning them to gain optimal effect. 




16*E 18*E 20°E 22° E 

Radar reflectivity factor (dBZ) 
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(a) Original pseudo-CAPPI 
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Radar reflectivity factor (dBZ) 
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(b) Filtered according to the Swedish 
method given in Sect. 3.2.2 



Fig. 3.7. Severe AP conditions as seen from Hemse on August 25, 1997 at 14:09 UTC. A 
line of convective cells stretches from west to north over the Swedish mainland. Strong 
AP echoes from land are seen covering the Swedish island of Oland and the Latvian 
and Lithuanian coasts. Severe sea clutter is organized as more or less concentric half- 
rings at different ranges, with the closest ring being the most discernible. See also color 
Fig. 9 on page 319 
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3.2.3 Multisource Methods 

An interesting alternative to applying 2-D and 3-D image analysis techniques 
to radar data alone is to try to find data from other sources which may help 
to indirectly identify conditions where AP, and hence ground and sea clutter, 
may exist. An operational meteorological service commonly has a multitude of 
observed, modelled and analyzed meteorological variables, and these have been 
integrated in ways designed to identify and remove nonprecipitation echoes in 
radar data, for example, in the UK (Pamment and Conway, 1998). 

SMHPs Mesoscale Analysis (MESAN) system (Haggmark et al., 2000) is a 
system designed to collect information from multiple sources and operationally 
produce hourly gridded meteorological variables for nowcasting purposes. The 
method used to generate these analyses is statistical (or optimal) interpola- 
tion (Daley, 1991), where first-guess fields taken from forecasts produced by the 
High Resolution Limited Area Model (HIRLAM) numerical weather prediction 
(NWP) model (Kallen, 1996) are constrained by observations from a multitude 
of observation systems. In doing so, climatologically tuned and spatially vari- 
able structure functions are used. MESAN output consists of near-surface tem- 
perature and humidity, precipitation accumulations, visibility, wind, and cloud 
variables. For the 2-m temperature analyses, the first guess consists of a postpro- 
cessed forecast field from HIRLAM or the previous analysis, should the forecast 
field be unavailable. A structure function which is based on the relationship be- 
tween temperature, water content and altitude above sea level is used in the 
interpolation (Haggmark et al., 2000). MESAN fields are generated on a rotated 
Plate Caree grid with a resolution of 0.2°. Another source of temperature in- 
formation is the geostationary satellite Meteosat’s infrared channel. A simple 
method combining these two information sources has been implememented with 
the objective of deriving a mask denoting areas with potentially precipitating 
clouds (Michelson et al., 2000). The basis for this method is an Australian one 
developed for use with expected minimum surface temperatures, based on cli- 
matological data, together with Geostationary Meteorological Satellite (GMS) 
brightness temperature composites, to derive observations of “no rain” to im- 
prove daily rainfall analyses (Ebert and Weymouth, 1999). Both methods depend 
on the difference between (near) surface and cloud top temperatures to distin- 
guish between areas with and without precipitation. 

Our method defines potentially precipitating clouds in areas where the differ- 
ence in temperature is greater than or equal to 20°, the result being a so-called 
AT mask under which all radar echoes are retained and all others rejected as 
spurious. Due to our cold climate and the oblique viewing angle of the Meteosat 
platform, it is necessary to complement this definition with two “fail-safe” thresh- 
olds: — 5°C for the 2-m temperature and 0°C for the satellite temperature, under 
which all areas are defined as containing potentially precipitating clouds. The 
reason for this is that cold cloud tops risk being impossible to discriminate from 
snow and ice surfaces during the colder seasons. Fortunately however, the AP 
climatology is such that the greatest problems with AP echo contamination oc- 
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cur during warm seasons (Alberoni et al., 2001) and this is when the method 
seems to be usable with acceptable confidence. 

The method was evaluated using data from July 2000. A set of 243 compos- 
ite images containing data from NORDRAD, Danish, German and Polish radars 
was analyzed by an operator, and AP echoes were identified and masked manu- 
ally. These masked composites were then compared with composites which were 
filtered using the AT mask and unfiltered composites. Qualitative statistics were 
derived using standard contingency tables for five classes of echoes: weak (<10 
dBZ), strong (>10 dBZ), land, sea and all. The derived statistics were False 
Alarm Rate (FAR), Percent Correct (PC), and Hanssen-Kuipers Skill (HKS) 
(Wilson, 2001). 

The results, summarized in Michelson et al. (2002), show that FAR decreases 
with the use of the AT mask and PC increases for all but one class. The HKS 
is calculated by subtracting the Probability of False Detection (POFD) from 
the Probability of Detection (POD). The slightly lower values of HKS result 
from the POD being lower with the filtered data, while lower values of POFD 
resulting from the filtering are not lowered an equivalent amount or more. This 
means that the use of the AT mask successfully removes a significant amount of 
nonprecipitation at the expense of a small amount of true precipitation. While 
Doppler capability out to full operational range will succeed in removing static 
echoes and thus reduce the need to use this kind of multisource quality con- 
trol method, it will fail to remove sea clutter since the waves from which these 
echoes originate move. The use of AT is successful in identifying and removing 
sea clutter but with a higher penalty to true precipitation compared to its use 
over land. Higher quality radar signal processing, combined with enhancements 
to this simple multisource method, will hopefully lead to higher quality prod- 
ucts in the future. Data from the Meteosat Second Generation (MSG), with 
increased temporal and spatial resolutions and several more spectral channels, 
are anticipated as valuable in this context. 

3.3 Precipitation Phase 

3.3.1 Diagnosis and Measurement of Rain, Sleet and Snow 

Over the past 50 years, the use of weather radars has concentrated on the mea- 
surement of summer rain. All Nordic countries, especially Finland, have severe 
snowfall climates; the average number of snow cover days varies from 100 in the 
southwestern archipelago to 220 in Lapland. In Norway, the number of snow 
days can be fewer, but the amounts of accumulated snowfall are large which, 
combined with the topography, introduce frequent avalanches. Both instanta- 
neous and accumulated products of snowfall are important as the socioeconomic 
impacts of winter storm precipitation can be severe. For example, the average 
winter season road snow clearance costs in Finland are 100 million Euros. A dras- 
tic example of impact on traffic is the effect of the season’s first winter storm 
in November 1998: heavy snowfall caused 200 car accidents in the Helsinki re- 
gion, and extra costs for the airline Finnair at Helsinki airport were 1.7 million 
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Euros. In such cases, weather radar-based nowcasting and warning systems help 
to optimise the timing of snow clearance and road salting operations leading to 
considerable savings. Finnish and Swedish Road Authorities are mass users of 
dedicated weather radar snowfall products. 

In principle, modern C-band radars are sensitive enough to detect even weak 
snowfall at distant ranges. Backscattering mechanisms in snowfall seem to be well 
established, although some uncertainty still exists on how the shape and density 
properties of large snowflakes and the structure of the ice-water-air mixture in 
partially melted hydrometeors influence microwave scattering (Matrosov, 1992; 
Zawadzki; 1995, Liao and Meneghini, 1999). The rainfall intensity (R) and snow- 
fall intensity ( S ) depend on the water phase distribution (i.e. degree of melting), 
hydrometeor size distribution and the resulting terminal velocity distribution. 
As a consequence, several Z-S equations have been derived for snow (Battan, 
1973). No doubt, some of these relations contain error factors related to instru- 
ment errors and to sampling differences between the radar contribution volume 
and the reference value (e.g., a gauge) at ground level (Kitchen and Blackall, 
1992; Seed et al., 1996; Campos and Zawadzki, 2000). One confusing factor here 
is that the radar equation programmed in the signal processor of a radar sys- 
tem normally assumes that scatterers are liquid. As has been shown, by Smith 
(1984), the measured value, equivalent radar reflectivity factor in dry snow is 
Z e = 0.224Z or in logarithmic form dBZ e = dBZ — 6.5 (dB). 

In spite of the known Z-R and Z e -S relations, the methods to switch from 
Z-R to Z e -S are crude. Most European weather services still use values for rain 
all year round. Others switch between two relations according to the calendar. 
It is possible to produce double sets of precipitation products applying a Z-R 
relation for one, and a Z-S relation for the other, as is done in the Canadian 
radar network (P. Joe, pers. comm.). Even this strategy introduces quantitative 
errors when precipitation phase changes rapidly. The heaviest snowstorms in 
Northern Europe are typically related to deep frontal cyclones approaching from 
the Atlantic Ocean. During such events, temperatures often vary rapidly in time 
and space, indicating that a rain-snow switch should be performed spatially and 
in real time. 

Since December 1999, FMI has applied a spatially variable Z-R/ Z e -S rela- 
tion adjustment at temporal measurement intervals of five minutes, which is ap- 
plied to data from the seven Finnish radars in the national composite (Koistinen 
and Saltikoff, 1999). As these radars are not equipped with polarisation-diversity 
capability, we have to estimate the water phase of precipitation particles indepen- 
dently of radar measurements. Using 150 000 synoptic observations (SYNOP) 
of precipitation type in Finland and discriminant analysis, a simple model has 
been formulated for deriving the probability of rain as a function of temperature 
in degrees Celsius (T) and humidity in percent (RH) at the height of 2 m: 

^(rain) — ^ e (22-2.7T-0.20RH) ' 

In dry conditions, it can be seen that evaporative cooling increases the prob- 
ability of snow at relatively high temperatures. The FMI hydrometeor phase 
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analysis at ground level is based on the assumption that the fraction of water in 
hydrometeors (PW), as a function of temperature and relative humidity, is, on 
average, the same as the probability of rain from (3.6). The most probable water 
phase of hydrometeors at ground level is determined from surface observations 
and orography information. Temperature (T) and relative humidity (RH) are 
interpolated from synoptical observations onto a 10-km grid using co-Kriging. 
The analysis is performed every three hours and interpolated to the one-km 
resolution of the real-time radar composite. The measured Z e is transformed to 
precipitation intensity using the rain relation, 

Z = 316 R 15 , (3.7) 

if PW is greater than 0.8, and the snow relation 

Z e = 400 S 2 , (3.8) 

is applied if PW is smaller than 0.2. Between these thresholds, coefficient A and 
exponent b are linearly interpolated between the values 400 and 316 and 2.0 and 
1.5, respectively. Linear interpolation of A and b does not eliminate overesti- 
mation of precipitation intensity observed in melting layers (Sect. 3.4.2) but is 
a simple model to cover them continuously. In cases of rapidly moving fronts, 
the three- hourly time interval in the SYNOP-based phase analysis can lead to 
errors of 100-200 km in the location of the rain-snow borderline. Therefore, 
we have applied a real-time linear extrapolation of the observed rate of change 
of the PW value at each point in the analysis grid, based on the two latest 
SYNOP analyses. Thus each pseudo-CAPPI composite at radar measurement 
intervals of five minutes has an individual spatial precipitation phase pattern. 
Despite the limitations of the present method, a spatial phase analysis map is 
produced every three hours for the users. In the areas of observed precipitation at 
ground level, the agreement between the precipitation type in SYNOP code and 
in the PW- analysis has been good. The quantitative “improvement” of snowfall 
measurements, after applying the time-space variable reflectivity-precipitation 
intensity relation, will be dealt with in the next Sect. (3.3.2). 

3.3.2 Accuracy of Snowfall Measurements 

Despite the success gained in diagnostic and semiquantitative applications, the 
accuracies of radar measurements of solid precipitation are not well known. Work 
with rainfall has been much more extensive than that with snowfall. The intro- 
duction of a time-space variable hydrometeor water phase analysis (Sect. 3.3.1) 
has become a very useful diagnostic product in radar composites. A logical ex- 
pectation would be the improvement of quantitative precipitation measurements 
in cases when rain and snow occur simultaneously in different parts of the cov- 
erage area of a radar network. In the following, the main results obtained by 
Saltikoff et al. (2000) are summarized. They prove that such expectations are 
not necessarily valid. The method applied was the comparision of precipitation 
accumulations from gauges and radar. Gauges were of the standard Finnish type 
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H&H-90, equipped with a Tretyakov wind shield (Yang et ah, 1999). Radar data 
were selected from the one-km pixel nearest to the gauge location. Two sets of 
radar data were used: 

• Accumulated 24-h precipitation derived using the constant Z-R relation 
(3.7) for rain, hereafter referred as rain only (R). 

• Accumulated 24-h precipitation derived using both relations Z-R (3.7) for 
rain and Z e -S (3.8) for snow, and their linearly interpolated average for par- 
tially melted precipitation, according to the time series of the water analysis, 
hereafter referred as precipitation with variable water phase (P). 

Rain only (R) and variable phase radar precipitation estimates ( P ) were verified 
using gauge observations as independent reference measurements. The logarith- 
mic ratio, hereafter referred to as log ratio (F), has been calculated when both 
instruments measured 0.2 mm or more precipitation: 

F = 10 log (G/R) or F = 10 log(G/P). (3.9) 

Factor F is typically normally distributed in rain and in snowfall (Cain and 
Smith, 1976; Saltikoff et ah, 2000; Koistinen and Michelson, 2002). Thus the 
average and standard deviation of F values give a reliable measure of the bias 
and of the random errors between gauges and radar, respectively. The data set 
consisted of 2939 gauge-radar pairs during January- April 2000, from which 68% 
contain snowfall or partially melted snowfall. Table 3.2 exhibits average F at all 
measurement ranges of 0-250 km from the radars. It can be seen that, on average, 
the radars tend to measure 2. 0-2. 5 dB lower precipitation accumulations than 
gauges. Tab. 3.2 shows that the real-time rain-snow adjustment does not bring 
the radar values closer to the gauge values, on average. The adjustment reduces 
the random scatter of F, but the effect is small, and its significance can be argued. 
Of course, the phase correction ( P ) in radar estimates of precipitation should 
become more clear in the 1990 cases when considerable snowfall during the 24- 
hour period has occurred at the gauge site. Even in such cases, the magnitude 
of the gauge-radar difference is the same as if all precipitation is assumed to be 
liquid. Application of the phase dependent relation implies that random errors 



Table 3.2. Average gauge/radar log ratio (F) on a dB-scale and standard deviation 
of F values (in dB). All cases refer to the total sample of gauge-radar comparisons, 
and snow cases refer to the cases in which a considerable part of precipitation at the 
gauge site was solid. Rain only refers to constant use of (3.7) in radar measurements 
and variable phase to continuous selection and interpolation between (3.7) and (3.8) 
in radar measurements 



Z-R IS function 


Cases 


F (average) 


F(std) 


Variable phase 


All (2939) 


2.05 


3.6 


Rain only 


All (2939) 


2.06 


3.8 


Variable phase 


Snow (1990) 


2.40 


3.5 


Rain only 


Snow (1990) 


2.46 


3.9 
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decrease by only about 10%. Based on these experiences, it can be concluded that 
an optimal relation between radar reflectivity factor and precipitation intensity 
is hidden behind other, much larger, error sources. 

The reason behind the large gauge-radar bias becomes evident when gauge- 
radar differences are classified by radar-gauge distance. The dominating feature 
is increasing radar underestimation at greater distances due to the effects of the 
vertical reflectivity profile (Sect. 3.4). The variability of F is also, at least partly, 
explained by wind errors in the gauge data. Indirect evidence of this can be seen 
in the average F values at 13 individual gauges, located 50 km or less from a 
radar. For such gauge measurements, all corresponding radar measurements are 
from the relatively low height of around 500 m, implicating small VPR effects. 
In the studied snowfall cases, the average value of F from gauge to gauge varied 
between —1.56 and 2.23 dB. Thus, the variability of F among these gauges is 
several times larger than the possible effect of the selection of Z-R or Z e -S, as 
found in Table 3.2. One way of avoiding wind errors in gauge observations would 
be to apply surface snow depth as a reference value. Unfortunately, this variable 
depends on the density of snowflakes which is neither observable by radar nor 
can be statistically modelled in an easy way. Thus, radar reflectivity-snow depth 
algorithms have not been very succesfull (Super and Holroyd, 1997). 

Gauge-radar comparisons from the winter period January- April 2000, con- 
taining snowfall in 68% of all cases, show that the application of water phase 
adjustment on radar measurements does not reduce the radar bias, and it re- 
duces random errors only slightly if snowfall occurs at surface level. Even at 
closer ranges, the accuracy of radar measurements does not depend on the se- 
lection of the applied Z-R/ Z e -S relation. There is also evidence that the wind 
error in gauge observations may vary several decibels from gauge to gauge and 
between snowfall events. Thus, the use of gauges to diagnose relatively small 
error sources in radar measurements of solid precipitation seems doubtful or at 
least difficult. The main conclusion from these exercises is that the concept of 
“optimal Z e -S relation” in winter precipitation is almost arbitary in operational 
radar measurements since other sources of error dominate both gauge and radar 
measurements. The result is parallel to the mainstream of conclusions from the 
last 10 years: the optimal Z-R and Z e -S relationship is not the dominating fac- 
tor affecting the accuracy of operational measurements of precipitation at ranges 
of 0-250 km from a radar (Zawadzki, 1984; Joss and Waldvogel, 1990). Obvi- 
ously, this is even more valid in snowfall than in rainfall. We should first perform 
a vertical reflectivity profile correction (Sect. 3.4 and the previous chapter) and 
only after that search for possible improvement by applying optimal Z-R and 
Z e -S relations. 

3.4 Shallow Precipitation: the Main Limiting Factor 

It had not been fully realised until the 1990s that the main factor introducing 
bias into radar estimates of surface precipitation is the vertical measurement 
geometry of weather radars (Joss and Waldvogel, 1990). Radar measurements 
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Fig. 3.8. Two vertical profiles of reflectivity averaged from single polar volumes at 
ranges of 2-40 km from the radar. The solid line represents rain and the dashed line 
snowfall 



are made at increasing height and with an increasing measurement volume with 
increasing range, making them decreasingly representative of surface conditions. 
A radar measurement (Z e ), and possibly even it! or S from (3.7)-(3.8), can 
be accurate aloft at the height of radar measurement, but it is not necessarily 
valid at the surface. This inaccuracy is not a measurement error but a sampling 
difference. The vertical profile of reflectivity (VPR) above each surface location 
can be denoted as Z e (h ); where h is height above the surface. The shape of 
the VPR determines the magnitude of the sampling difference. Figure 3.8 shows 
an example of two measured VPRs. As we know the shape of the radar beam 
pattern / 2 and the height of the beam center h at each range r, it is easy to 
calculate from a VPR what the radar would measure at each range, Z e (h,r): 

Z e (h,r)= J f 2 (y)Z e (y)dy, (3.10) 



where the integration is performed vertically (y) from the lower to the upper 
edge height of the beam (Koistinen, 1991). The vertical sampling difference c (in 
decibels) is then 



c = 10 log 



Z e ( 0 ) 
Z e {h,r) 



(3.11) 



where Z e ( 0) is the reflectivity at the surface in the VPR. Hence, by adding 
the sampling difference c to the measured reflectivity aloft (dBZ), we get the 
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Fig. 3.9. Sampling difference (dB) between the measured reflectivity and actual reflec- 
tivity at surface level as a function of range. The graphs represent the vertical profiles 
of reflectivity in Fig. 3.8. The elevation angle is 0.4°, and one-way beam width is 0.95° 



reflectivity at the surface, dBZ(O): 

dBZ(O) = dBZ + c. (3.12) 

When we apply (3.11) to the reflectivity profiles in Fig. 3.8, the resulting sam- 
pling difference can be seen in Fig. 3.9. In snowfall, the difference increases 
monotonically as a function of range, indicating significant underestimation of 
surface precipitation already at close ranges. In rainfall, the radar measurement 
is relatively accurate up to the range 130-140 km. It should be noted that the 
overestimation introduced into the ground level precipitation estimate due to the 
bright band in Fig. 3.8 is very small in Fig. 3.9 (at 50-110 km). By comparing 
the two curves in Fig. 3.9, we can conclude the following: when the height of the 
bright band is more than approximately 1 km above the antenna, the overesti- 
mation due to the bright band will compensate for the underestimation effect of 
snow in the beam. As a result, a radar measurement is more accurate at longer 
ranges than it would be without a bright band. If the bright band is located at a 
low altitude (0-500 m) , the resulting overestimation of surface precipitation will 
be much larger (typically 2-8 dB) but restricted to a short range interval close 
to the radar. Figures 3.8 and 3.9 show typical VPR examples in a cold climate. 
Figure 3.10 exhibits the average sampling bias c, i.e. the vertical reflectivity cor- 
rection calculated from (3.11), applied to 96 000 measured precipitation profiles 
from the seven Finnish weather radars from March 2001 to February 2002. The 
lowest elevation angle is 0.4°, and the one-way half-power beam width is 0.95° 
in six systems. In the seventh system, the lowest elevation angle is 0.1°, and 
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Distance (km) 

Fig. 3.10. Annual average of the sampling difference (dBZ) between the ground level 
reflectivity factor and the reflectivity measured at the 500 m pseudo-CAPPI level as 
a function of range from a radar. The data were obtained from the 7 Finnish weather 
radars and they consist of 96 000 measured VPRs of precipitation which were classified 
according to the hydrometeor phase at ground level to snow (dotted), melting snow 
(dashed), and rain (solid) 



the beam width is 0.8°. The corrections are classified according to the precipita- 
tion type at ground level in each vertical profile of reflectivity to snow (56% of 
all precipitation profiles), melting snow (5%), rain with bright band (10%) and 
rain without bright band (39%). The curves should represent well the yearly 
average of the sampling differences brought about by the Finnish climate. It is 
strikingly evident that the sampling difference is by far a much more important 
factor in the accuracy of operational radar-based precipitation measurements 
than the effect of an “optimal” relation between the radar reflectivity factor and 
precipitation intensity. 

Due to the shallow structure of precipitation with generally large negative 
reflectivity gradients from the surface level upward, especially in snowfall, this 
conclusion is even more valid in a cold climate. In such regions, the sampling 
bias is the only really outstanding factor influencing the accuracy of quantitative 
ground level precipitation measurements at 50-250 km ranges from a radar. In 
wintertime, the sampling bias at longer ranges is quite often so large, 20-40 dB, 
that the reflectivity signal is lost completely and the real detection range of 
precipitation is only 100-150 km. There are at least two solutions to correct 
the sampling biases (provided that some reflectivity level is measured). Gauge 
adjustment techniques can be applied for longer integration periods (12 hours 



98 



J. Koistinen et al. 



and longer), since the amount of gauge data is usually representative only for 
longer periods (Sect. 3.4.1). For shorter periods, VPR correction schemes (3.11) 
based on measured or estimated VPRs can be applied (Sect. 3.4.2 and previous 
chapter). 

3.4.1 Statistical Adjustment Using Gauge Data 

Precipitation gauges are commonly viewed as providing accurate point measure- 
ments. Weather radar is commonly perceived as being able to capture precip- 
itation’s spatial distribution well in relative terms. Numerous studies over the 
past few decades have sought to integrate radar data with gauge observations to 
arrive at quantitatively accurate and spatially continuous radar-based precipi- 
tation measurements. Gauge adjustment techniques may be classified into those 
based on the gauge-to-radar ( G/R ) ratio and “sophisticated” techniques which 
can involve probability matching of radar reflectivity and rain rate, statistical 
interpolation methods, or Kalman filters (Barbosa, 1994). 

G/R-based techniques are generally well suited for operational real-time use 
since they are robust and generate results which are more quantitatively useful 
than unadjusted radar data. We have applied such a gauge adjustment technique 
(Michelson et al., 2000; Michelson and Koistinen, 2000), for the purposes of 
generating precipitation data sets for the Baltic Sea Experiment (BALTEX) 
(Brandt et al., 1996; Raschke et al., 2001), which is a further development of a 
technique for use with Finnish single-site radar data and a high density gauge 
network (Koistinen and Puhakka, 1981). Their technique, in turn, is based on 
improvements to that developed in the United States (Brandes, 1975) and an 
application of the improved Barnes analysis technique (Barnes, 1973). 

In short, the gauge adjustment technique involves the derivation and appli- 
cation of the logged gauge-to-radar ratio F(dB) = lo g(G/R). This variable is 
used to derive a uniform distance-dependent relation between radar and gauge 
data, and a spatially analyzed F field. The final adjustment factor applied to a 
given radar-based value is a weighted combination of the uniform and spatial ad- 
justment factors, based on observation density; the spatial adjustment is given 
that proportion of the total weight which the local observations can support. 
The primary innovations of this adjustment technique are 

• Radar sums, and the distance information, are managed as composites. 

• Individual radar sums are subjected to a preliminary adjustment to normal- 
ize their content to a common level throughout the network, as described by 
Gekat et al. (2003), this book. This step is also designed to minimize the bias 
between radar and gauge sums at each radar site due to systematic errors 
such as differences in calibration. 

• G/R point pairs are collected in a moving time window to ensure a large 
enough sample such that the risk of overfitting in the relation with distance 
is minimized. Also, the use of a quality control routine is used whereby 
individual point pairs are assigned a variable quality weight [0-1] within an 
accepted quality interval. 
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(a) December 1999 — February 2000 (b) June— August 2000 

Fig. 3.11. Bias as a function of distance with daily accumulations before and after 
gauge adjustment. Error bars denote one standard deviation. Note the difference in 
Y-axis scales 



• A second-order polynomial between log (G/R) and ground distance from the 
radar is the basis for the adjustment. 

• The gauge adjusted radar sums are integrated with results of an optimal 
interpolation of corrected gauge sums in areas without radar coverage. 

An additional innovation is the use of systematically corrected gauge observa- 
tions through the application of a statistical model driven by MESAN (Haggmark 
et al., 2000) fields (F0rland et al., 1996; Michelson et al., 2000). 

The gauge adjustment technique was evaluated using the three- month winter 
and summer periods and independent climate station gauge data, described in 
Gekat et al. (2003), this book, and Koistinen and Michelson (2002). This was 
done by binning the G/R point pairs into 40-km strata and deriving averages, 
standard deviations and histograms of F for each stratum (Figs. 3.11-3.12). 

The histograms in Fig. 3.12 show that the mean biases are minimized, while 
the variabilities in all but the most proximate 40-km stratum are also reduced. 
In all but the most distant couple of strata for the winter evaluations, the mean 
bias is minimized to within one dB which is around a 25% loss. Only in the most 
distant winter stratum does the bias exceed 2 dB, which is roughly a 60% loss, 
where the corresponding unadjusted bias exceeds 3000%! Standard deviations 
are lower for adjusted data in all but a couple of strata. This means that signif- 
icant improvements to the accuracy of radar-derived accumulated precipitation 
are gained out to full operational range resulting from the use of this gauge 
adjustment procedure. Results from previous similar work in the UK (Collier, 
1986) report roughly similar performance but do not go beyond ranges of 75 
km. Results from northern Australia using the Window Probability Matching 
Method (Rosenfeld et al., 1995) are also roughly compatible but only extend to 
ranges of 130 km. 
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(a) 0-40 km (b) 200-240 km 

Fig. 3.12. F( dB) histograms for the period June-August 2000 for the most proximate 
and the most distant of the six 40-km wide distance strata 

These results show the value of gauge adjustment in improving the quantita- 
tive value of radar-based accumulated precipitation estimates by addressing the 
issue of bias against gauge observations. Further improvements may be gained, 
in the form of reduced scatter in the comparison with gauges, if precipitation 
phase type-dependent Z-R relations and VPR corrections are applied. This com- 
bination of strategies has been identified (Collier, 1996) as a means of improving 
the accuracy of radar data; it is the subject of ongoing research, and interesting 
examples can be found in Sects. 3.3 and 3.4 and elsewhere in this book. 

3.4.2 Real-Time Approach Using the Vertical Profile of Reflectivity 



The lack of accurate and densely telemetered gauge networks for operational 
measurements, especially of snowfall, prevents the application of gauge adjust- 
ment methods to short-term radar data (instantaneous reflectivities to 12 hourly 
accumulations), unless gauge and radar observations are integrated in time 
(Sect. 3.4.1) and considered representative for periods which extend beyond their 
integration periods. One way to improve radar-based surface measurements of 
precipitation is to estimate the sampling bias c (3.11), i.e. to apply a correction 
based on the VPR. Despite the fact that several VPR correction schemes have 
been proposed and tested (Koistinen, 1991; Joss and Lee, 1995; Andrieu and 
Creutin, 1995; Vignal et al., 2000; Marzano et al., 2002), operational solutions 
are not widely established (Collier, 2001). The main difficulty is that the mea- 
surement geometry of a radar system, together with the shielding topography, 
prevents us from seeing the actual VPR at longer ranges above each geographical 
location at each moment, as discussed by Germann and Joss (2003), this book. 
A further problem appears when we try to apply VPR corrections in a radar 
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network. The magnitude of the correction factor at longer ranges is quite sen- 
sitive to small spatial variations in the vertical shape of the VPR. This is most 
pronounced in cold climates, where precipitation is shallow and where a strong 
negative reflectivity gradient is dominant in the snowfall part of a precipitating 
system (Figs. 3.8 and 3.10). Although straightforward with a single radar sys- 
tem, slightly different VPR corrections, applied independently at neighbouring 
radars, easily amplify reflectivity discrepancies where data from two neighbour- 
ing radars meet in a radar network composite product. In the following, we de- 
scribe a solution to these problems, i.e. the VPR correction scheme implemented 
with the Finnish radar network in November 2002. Although it is only one of 
several proposed schemes, the following describes problems and their solutions 
which are inherent in any VPR correction scheme. 

A common correction approach is to apply a VPR derived at close range 
to data acquired at long range. The measured profiles should be obtained from 
polar volumes with high vertical angular resolution and many elevation angles 
up to 30-60°. In Finland, the VPRs are derived from three-dimensional polar 
volumes at 2-40 km ranges with 10 elevation angles (commonly 0.4-45°) and 
with a vertical resolution of 200 m. 

A diagnostic tool is required to separate precipitating VPRs from other, 
inapplicable VPRs such as clear air echoes. In a one year data set, from March 
2001 to February 2002, consisting of 240 000 VPRs from Finnish radars, 40% of 
all VPRs were classified as precipitation reaching the surface, 20% as overhanging 
precipitation (not reaching the surface) and 40% as clear air echos (Pohjola and 
Koistinen, 2002). The most important information for the VPR classification, 
in addition to the profile itself, is the freezing level height, which can be used 
to diagnose the hydrometeor water phase at the surface and occurrence of the 
bright band. Since the Finnish radars are not polarimetric systems, the freezing 
level height must be estimated from time-space interpolated radiosonde data 
(or from NWP model data). In the classification scheme, a local reflectivity 
maximum is diagnosed as bright band when its height is within ±500 m of 
the estimated freezing level height. In cases where a bright band reaches the 
surface and partially melted snowfall is found there, it is important that the 
surface reference reflectivity is not taken from the measured reflectivity in the 
lowest, bright band layer but the reflectivity interpolated to the surface from the 
first dry snow layer above the bright band. In such cases, the correction scheme 
will produce negative VPR correction factors at close ranges from the radar and 
thus, will properly correct overestimation due to the bright band close to ground 
level (Fig. 3.10). The vertical temperature profile is also very useful to separate 
shallow precipitation from clear air echoes; it is assumed that all precipitation 
in Finland is initiated in the ice crystal process in temperatures of — 6°C or 
less. This means that the echo top of a profile should be at least one km above 
freezing level to be diagnosed as precipitation. This assumption implies that we 
are not able to diagnose drizzle from clear air echoes or clutter. 

Prior to the application of a measured VPR from the surface reaching pre- 
cipitation aloft, quality control is needed to guarantee that the vertical structure 
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of the profile is physically reasonable. Each layer should contain enough mea- 
surement bins to be at least representative for it. An additional quality test 
requires that reflectivity gradients between layers should not be too steep out- 
side the bright band. Despite efficient Doppler filtering of the reflectivity data, 
some very strong clutter targets close to radars may partly remain and intro- 
duce a pronounced maximum in the VPR close to the surface. The height of the 
freezing level helps to separate real bright bands at the surface from spurious 
bright bands due to residual clutter. In the latter case, “clutter cutter” is ap- 
plied, i.e. the vertical reflectivity gradient close to ground level is limited to at 
most —1 dBZ/200 m. 

In case the quality of a measured VPR is poor or there is no precipitation 
within a 40- km range, we should apply estimated profiles of reflectivity. We 
apply a so-called climatological VPR which has a fixed shape relative to the 
varying bright-band height. The height of the freezing level is obtained from 
time-space extrapolated radiosonde data (a linear trend is assumed based on 
the latest two soundings). As has been shown (Koistinen, 1991; Joss and Lee, 
1995), climatological or average VPRs remove the major part of the sampling 
bias. 

Even when a high quality measured VPR exists, the instantaneous VPR 
correction factors c for a single polar volume as a function of range are always 
derived as the weighted mean of the corrections derived from both the quality 
weighted measured VPR (weight 0-1) and from the climatological VPR (weight 
0.2). Further averaging is needed to make the corrections more representative 
in the whole single radar measurement area up to a 250-km range. Assuming 
an average speed of 10 m/s for a precipitating system, it takes approximately 
six hours for a VPR to move across a single radar’s coverage area. Therefore, 
the corrections based on climatological and measured instantaneous VPRs are 
further averaged in time at each range. 

The spatial represent at ivity of a VPR correction in a network is obtained 
by spatial averaging of the time-averaged correction factors obtained indepen- 
dently from each radar. In a network composite pixel, the reflectivity value 
dBZ(/i,r) is typically taken from a single radar: the one which has the best 
visibility to the pixel, see also Germann and Joss (2003), this book. However, 
the time-averaged VPR correction from only the same radar is not necessarily 
representative enough, especially if the pixel is located almost as close to two 
or more radars. We apply spatially weighted time-averaged correction factors 
from all neighbouring radars closer than 300 km from the pixel to be corrected. 
The weight of each radar is inversely proportional to the distance to each radar 
squared. An important detail in the method is that the resulting spatial correc- 
tion factor field will not introduce border effects or amplify possibly existing ones 
(e.g., due to calibration differences or due to elevation angle errors, as described 
by Gekat et al., 2003, this book) along the borders which separate data from 
neighbouring radars in the given composite. 

A comprehensive validation of the network composite VPR scheme has not 
yet been performed. However, a composite image pair example from the Finnish 
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Fig. 3.13. Accumulated 24-h precipitation in the Finnish radar network on December 
20, 2002 at 8 UTC. The outer range of the measurement range is 250 km at each radar. 
Left: accumulation without any VPR corrections. Right: accumulation after application 
of the composite VPR correction scheme. Structures appear more clearly in the color 
Fig. 10 on page 320 



network shows clearly the effect of the VPR correction. Although the correction 
is performed separately for each reflectivity composite, the resulting effect is 
most clearly visible in the accumulated precipitation fields. Figure 3.13 exhibits 
the 24-h accumulated precipitation both with and without a VPR correction. 
The strong underestimation has disappeared at longer ranges. On the other 
hand, the correction seems stable such that reflectivities at long ranges have 
not increased to unrealistic levels. It can also be seen in the example that total 
beam overshooting occurs at the longest ranges (200-250 km), which means that 
the VPR correction cannot help in such areas. A final threshold is applied to 
prevent the corrected reflectivity values from exceeding selectable limits (45 dBZ 
in snowfall and 60 dBZ in rainfall). 

A general conclusion of this section is that a VPR correction or a range depen- 
dent gauge adjustment is an extremely important application in cold climates. 
Without such corrections, quantitative precipitation estimates at the surface will 
be biased due to the sampling difference, by 1-5 dB at 50-150 km ranges and 
5-30 dB at 150-250 km ranges. After a VPR correction has been applied, it 
still remains unclear if the application of an “optimal” Z-R or a Z e ~S relation 
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would improve the accuracy of measurements. If such improvement is desired, 
the reflectivity-precipitation intensity relation should be a time-space variable 
quantity applied to data from the whole radar network, according to the analysed 
water phase of hydrometeors, such as that described in Sect. 3.3.1. 



3.5 Nowcasting 

NWP models are incapable of accurately forecasting the very near future. This 
is an especially fatal shortcoming if we are thinking about the weather phe- 
nomenon with probably the greatest public interest: precipitation. One way to 
predict precipitation a couple of hours into the future is to examine the time 
series of radar data to determine the motion and development of precipitating 
areas and development of precipitating areas. Several tracking and nowcasting 
techniques have been developed recently for hydrological and warning applica- 
tions: RADVIL (Boudevillain et al. 2000), TRACE3D (Handwerker at al. 2000), 
COTREC (Li et al. 1995; Schmid et al. 2000), GANDOLF (Hand 1996), NIM- 
ROD (Golding 1998) and GSF (Toussaint et al. 2000). Some of these have been 
compared in the World Weather Research Programme (WWRP) Sydney 2000 
Forecast Demonstration Project (Keenan et al., 2001). An example of an op- 
erationally implemented advective method is presented in this section which is 
based on deriving the motion vectors of precipitating areas from successive radar 
composite images. Trajectories and their inaccuracies computed from the vector 
field are used to predict the movement of precipitation up to five hours into the 
future. 

The most important thing when deriving motion vectors is to use a method 
capable of producing not only the vectors themselves but also analyzing their 
general qualities and inaccuracies in speed and direction. These inaccuracy pa- 
rameters are crucial when determining the uncertainties of the forecast. There 
are several methods for deriving the motion vector field. Ours is based on au- 
tocorrelation between successive radar images. It is a simplified version of the 
atmospheric motion vectors (AMV) system used by EUMETSAT to compute 
vectors from geostationary satellite data (Holmlund, 1998). 

There are some general requirements to be fullfilled before radar data can be 
used as a basis for precipitation nowcasting: 

• Spatial and temporal resolutions of radar data must be adequate enough. 
One kilometer spatial and five minute temporal resolutions are used here. 
Tests with 15-minute temporal resolution in the data generated significantly 
worse motion vectors than the use of radar scans every five minutes. 

• Coverage of the radar composite must be noticeably larger than the forecast 
area. Otherwise boundary errors can be advected over larger parts of the 
forecast area. 

• Proximity of neighbouring radars must be sufficient to detect precipitation 
at all measurement ranges, so that no arbitrary precipitation gaps exist in 
the composite product. In cold climates in winter, this typically means that 
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the distance between neighboring radars must be less than approximately 
150 km (see Sect. 3.4). 

• Data transfer from radars should be fast enough, as should processing com- 
puters, to complete the nowcasting process within a few minutes after radar 
data are available. 

• The radar data must be free from spurious, nonprecipitating echoes like clut- 
ter and radiation from external transmitters. Otherwise, these are forecasted 
as precipitation. 

The last requirement is the most difficult one to fullfill, as can be seen from 
Sect. 3.2. The other requirements are more or less economic constraints. 

3.5.1 Nowcasting Method 

With the advection method, we can schematically divide the local rate of change 
of the reflectivity factor dZ/dt into the advection part —c^VZ and a develop- 
ment part following the motion, dZ/dt : 

dZ/dt = —c • VZ + dZ/dt (3.13) 

where c is the displacement or motion vector (also called the steering wind). 
In our application, the development term dZ/dt is assumed to be zero or at 
least negligible. This is a reasonable assumption when used in nowcasting of 
widespread precipitation. In convective cases, this leads to unqualified point 
forecasts but still gives decent forecasts of accumulated precipitation over larger 
areas. 

The nowcasting process begins with the derivation of the precipitation mo- 
tion vectors. This is done on the 16- km resolution subgrid of a radar composite 
containing data from seven Finnish radars. As a first guess, the derivation is 
done using unfiltered reflectivity data. The time series of the first-guess vector 
fields (Fig. 3.14a) are used to analyze vector qualities and components along 
with their spatial and temporal variations. 

The result of the time series analysis can be used as an input to the anomaly 
detection and removal process (Sect. 3.2). As part of this process, the vector 
field characteristics are used to determine the probability of echoes belonging 
to “naturally moving” precipitation. As a side effect, this also helps the classi- 
fication of nonprecipitating echoes exhibiting often more or less chaotic motion 
vector patterns. 

Finally, the quality controlled motion vector field of precipitating echoes can 
be obtained directly from the analysis of the first-guess fields, or it can be done 
separately using anomaly-free data. Before using it as an input to the nowcasting 
process, the vector field has to be interpolated to nonprecipitating areas. This 
is necessary, as the five-hourly trajectories have to be extended outside the pre- 
cipitating areas. In the current system, a modified Barnes interpolation scheme 
(Holmlund, 1999) is used to obtain the smoothed and quality controlled motion 
vector field covering the whole forecast grid (Fig. 3.14b). 
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(a) Example of raw motion vector 
field in a 16-km grid. Only the most 
qualified vectors are accepted for fur- 
ther processing, for example, interpo- 
lation 



(b) Corresponding interpolated vec- 
tor field using the modified Barnes in- 
terpolation scheme 



Fig. 3.14. Examples of precipitation motion vectors on a 16-km grid covering a region 
of 500 x 500 km. The vectors are calculated from the movement of the composited 
reflectivity field of seven radars 



The nowcasting process applies the initial reflectivity data from the lowest 
four elevation angles at five-minute intervals. Nonmeteor ological echoes have 
been filtered from the data (Sect. 3.2). The goal of the nowcasting process is to 
predict precipitation intensity (R) at ground level. Therefore, the compositing 
system not only merges reflectivities from single radars, but it also applies a ver- 
tical profile correction (Sect. 3.4) and performs the appropriate Z-R conversion 
(Sect. 3.3.1). Thus, the forecast field is the ground level precipitation intensity. 

3.5.2 Calculation of Point Forecasts 

In addition to the motion vector field, we obtain quality weights and error vari- 
ances of speed and direction for each vector, together with the initial intensity 
data. To get a prediction of intensity at a chosen point at a chosen time in the 
future, we have to calculate a trajectory which ends at that point and starts 
somewhere in the initial intensity field. To find out where the trajectory starts, 
we must calculate a reversed trajectory backward in time from the end point by 
applying the vector field. Forward calculation will easily lead to spurious “di- 
vergence” and breakup of uniformly precipitating patches. Inaccuracies in the 
speed and direction of vectors along the trajectory route will be cumulative dur- 
ing the trajectory calculation as a function of time. This means that around 
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Single forecast point 




Fig. 3.15. Advective nowcasting method. The trajectory plume is a result of inaccu- 
racies of the vector field and is approximated by the growth of an error ellipse as a 
function of forecast lead time 



each starting point of a trajectory, an “error ellipse” will grow as a function 
of forecast time (Fig. 3.15). The length of the ellipse axis along the motion is 
proportional to the speed errors, and the length of the axis perpendicular to the 
motion is proportional to the direction errors of the motion vectors. The most 
probable precipitation intensity value (Fig. 3.16a) is then calculated by aver- 
aging the intensity content of the error ellipse by assuming a two-dimensional 
Gaussian distribution of probability within it. The content of an error ellipse is 
also used to forecast intensity class probabilities of precipitation (Fig. 3.16b). 

This procedure is repeated for each forecast point in the one-km grid for each 
time step. The order of computing being a “spatial loop” inside a “temporal 
loop” allows us to choose when to output the forecasts for the whole area. The 
error ellipses are calculated, and their contents averaged at these times. Only 
trajectory start point coordinates and ellipse parameters (length of axes and 
orientation) are calculated at each time step. For intensity forecasts, an interval 
of 15 minutes might be sufficient. For good forecasts of accumulated precipitation 
in highly convective cases, even the time interval of intensity forecasts should 
be five minutes. Otherwise a moving convective cell will create accumulated 
precipitation patterns resembling a chain of pearls (the so-called stroboscope 
effect). 
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(a) Example of three-hour forecast 
of precipitation intensity. Shading is 
from low (dark) to high (light) inten- 
sities 



(b) Example of three-hour forecast 
of intensity class probabilities. Darker 
grey shadings indicate probabilities of 
light rain. Light grey and white indi- 
cate increasing probabilities of mod- 
erate and heavy rain 



Fig. 3.16. Examples of three-hour forecasts of precipitation intensity and precipitation 
type probability 



Trajectory calculation takes minimal processing time compared to the aver- 
aging of the content of error ellipses, which means that the time step of trajectory 
calculation can be short, typically one minute. The direction of forecast time dur- 
ing computing defines that we get shorter forecasts out of the system first, which 
is useful from the end user’s point of view. On the other hand, the growth of the 
error ellipses leads to rapid increase of computing time as a function of forecast 
time and especially as a function of the density of output times. This can be a 
major problem if computational resources are limited. We have solved this prob- 
lem using time-dependent grid space. An alternative strategy is to split up the 
forecast area into subareas and process each separately in a parallel computing 
environment. 



3.5.3 Verification 

The verification of forecast precipitation areas can be tricky, and the use of only 
traditionally qualitative measures like threat score, POD and FAR (Sect. 3.2.3) 
can dramatically penalize what may visually, and in practise, be useful forecasts. 
This is especially valid for convective rainfall with variable, scattered precipita- 
tion patterns. In case of a small solitary cell, the magnitude or shape of the 
rainfall pattern being incorrect or the forecast pattern being displaced from the 
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Wet cases POD: 2-hour forecast, weekly running average 
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Fig. 3.17. Probability of Detection (POD) in wet and dry cases of a verification ex- 
periment in a 105 000 km 2 area with full radar coverage 




observed location would result in a very low skill. However, for smooth large-scale 
stratiform precipitation areas, there are typically no verification problems. 

As an example, a result from a verification experiment is presented in Fig. 3.17. 
In this experiment, we selected all forecasts during a year starting with the sum- 
mer of 2001, and we verified rain coverage against observed radar images. The 
size of the area used was 300 x350 km in southern Finland. The data, which 
comprised over one billion forecast intensities, was split into “wet” and “dry” 
cases based on the number of rainy pixels in the observed fields: if less than 
33% of all pixels were rain, the case was classified dry, otherwise wet. Cases 
with rain coverage over 66% were rejected, as these cases are rare, and forecasts 
are equal to persistence in these cases. In the example, two- hour “wet” and 
“dry” forecasts are compared. The difference between POD values in dry and 
wet cases demonstrates the verification problems when this traditional quantity 
is used. The verification issue is, nevertheless, a very important component in 
the assessment and further development of the present forecasting tool. 



3.6 Future Outlook 

We have shown how Nordic efforts have been devoted toward improving the ac- 
curacy and use of radar precipitation estimates in our cold climates. We now have 
a suite of methods with which quality control of radar data may be conducted, 
and their quantitative accuracy raised. So where do we go from here? Some 
of the methods will become operationally implemented in the second generation 
NORDRAD network, as a part of the common Nordic research and development 
collaboration. Some will inevitably require improvement, and improvements in 
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radar hardware and signal processing technologies will be invaluable in providing 
systems with greater sensitivity and the ability to more confidently identify and 
treat nonprecipitation echoes. Other improvements will follow as a result of more 
comprehensive use of multisource methods employing higher quality satellite ob- 
servations (e.g., from MSG), and information from NWP and analysis systems 
(Hardaker et al., 1999). 

Radar hydrology, presented and discussed by Collier and Hardaker (2003), 
this book, is relatively uncommon in the Nordic countries. However, the higher 
quality radar-based precipitation estimates resulting from our method devel- 
opments will lead to added value to hydrological forecasting across our radar 
network. 

NASA’s forthcoming Global Precipitation Mission (GPM) is an undertak- 
ing which will put European weather radar activities to the test in terms of 
their ability to provide a network capable of supporting validation of spaceborne 
precipitation estimates from both passive and active microwave systems, as dis- 
cussed by Testud (2003), this book. One of many valuable issues is how accu- 
rately spaceborne sensors retrieve snow estimates in cold climates. The activities 
presented in Chapter 1 on radar network inhomogeneities and those presented 
in this chapter hopefully provide the foundation necessary for achieving such a 
ground-based infrastructure in NORDRAD. 
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4.1 The Role of Radar in Flood Forecasting 
and Water Resources Management 

It is now over 40 years since digital weather radar data became available in sig- 
nificant quantities. Whilst the exciting possibilities for improved flood forecasts 
were quickly recognised, it is only in recent years that the development of spa- 
tially distributed hydrological models has provided a basis to utilise effectively 
these new data. Nevertheless, for some time, a few operational hydrologists have 
made use of radar data qualitatively to define the start and cessation of rain- 
fall events and there have been some attempts to demonstrate the potential 
and difficulty of using radar data as input to isolated event and similar lumped 
models. 

Unlike practical rain-gauge networks, radar provides estimates of surface pre- 
cipitation at high resolution over wide areas from a single radar location in near 
realtime. Unfortunately, the error characteristics of these measurements can be 
very variable both in space and time. Consequently, river flow forecasts using 
such data can be very accurate at one time and very inaccurate only a short time 
later (Fig. 4.1). To some extent, the same can be said of predictions using rain- 
gauge network data, although the use of sometimes complex quality control pro- 
cedures may mask significant errors in the rainfall field derived from a network 
of rain-gauges, particularly for rainfall fields having large spatial and temporal 
gradients. Nevertheless, it has been known for some time that radar measure- 
ments of areal rainfall can outperform rain-gauge network measurements. We 
discuss this further later. 

Radar data are well suited to real-time flood forecasting applications, but 
they have also been used for assessing water resources and providing a basis for 
engineering design. This is particularly true in remote areas where rain-gauges 
are sparse, and satellite techniques for estimating rainfall are too inaccurate (see, 
for example, Georgakakos and Kavvos, 1987). For these applications, very care- 
fully quality controlled data sets are required. Often radar data are discounted 
as not providing a statistically sound basis upon which to extract design criteria. 
However, by using rain-gauge and radar data sets in a complementary fashion, 
improved analysis can be achieved. We will discuss this in the context of dam 
and dam spillway design later. 
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Fig. 4.1. Six hour-ahead forecasts for 14 March 1982 made for Blackford Bridge, as- 
suming perfect foresight of rainfall and no further rain will occur (Cluckie et ah, 1987) 



4.2 Radar Data Quality Control 

In earlier chapters, the problems of interpreting radar data in terms of rainfall 
have been addressed. The introduction of Doppler technology, enabling radars 
to measure the radial motion of the target hydrometeors as well as the signal 
backscattered from them, has led to significant improvements being made in 
the removal of ground clutter echoes, including anomalous propagation echoes. 
Operationally, Doppler clutter cancellation is most effective when combined with 
techniques based upon either maps locating ground echoes and/or statistically 
based procedures (see, for example, Grecu and Krajewski, 2000; Germann and 
Joos, 2003, this book). 
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Polarisation-diversity, as touched upon in Gekat et al. (2003), this book and 
discussed by Illingworth (2003), this book, is also a new area of development for 
operational radar systems, although the technology has been available for some 
time for research studies. Whilst there are still important operational decisions 
to make regarding the appropriate implementation of polarisation-diversity at 
operationally used wavelengths, it is clear that this technology offers considerable 
benefit to quality control procedures, with more limited benefits to enhancing 
rainfall estimation techniques directly (Collier, 2002; Illingworth, this book). 

Whilst the use of S-band (10-cm wavelength frequency, as in the USA and in 
Spain), removes problems associated with the attenuation of the radar beam as 
it passes through precipitation, the use of C-band (5-cm wavelength) frequency 
by much of the rest of the world, particularly in Europe, to gain the advantage of 
improved sensitivity continues to be a source of measurement problems. This is 
a particularly important problem in situations of very heavy convective rainfall 
which often leads to flash flooding. The occurrence of very heavy rainfall often 
accompanied by hail in such storms may cause radar estimates of the surface 
rainfall at ranges beyond the storm cores to be very significant underestimates 
(Fig. 4.1). On the other hand, where the radar beam does intersect hail the 
rainfall estimates may be very significant overestimates. The next chapter dis- 
cusses the potential for alleviating these problems using polarisation-diversity 
techniques. It may be that operational improvements in accuracy are possible 
using such technology. The attenuated area indicated in Fig. 4.2 has been derived 
by using a polarisation-based algorithm. 

Equally important problems, particularly in midlatitudes, arise from the error 
in estimates of surface precipitation which may occur when converting radar 
reflectivity to precipitation as the radar beam intersects the brightband (the 
region where snow melts to form rain) or when evaporation or growth occur 
below the radar beam. This led to operational attempts to get around these 
problems using raingauge adjustment techniques (see, for example, Collier et al., 
1983). However, more recently, it was recognised that a more reliable approach 
was one based upon the derivation and adjustment of the Vertical Profile of 
Reflectivity (VPR), as demonstrated and discussed in depth by Germann and 
Joss (2003), this book, and Koistinen et al. (2003), this book. 

Over the last ten years or so, models of the physical processes involved in 
generating the VPR have been developed (Smith, 1986; Kitchen et al., 1994; 
Hardaker et al., 1995; Andrieu et al., 1995). It is now generally accepted that 
the VPR must be adjusted before retrieving surface estimates of precipitation. 
The appropriateness of subsequent rain-gauge adjustment of the radar estimates 
remains uncertain, although Vignal et al. (2000) point out that the improvement 
in radar-rain-gauge agreement achieved by adjustment using groups of rain- 
gauges (increasing the representativeness) can be similar to that of the VPR 
correction alone. 

In conclusion, removal of bright-band effects can significantly improve the 
quality of radar measurements of rainfall, as shown in Fig. 4.3. It seems clear 
that daily and longer period rainfall can be measured by radar after careful 
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Fig. 4.2. RHI radar images of a severe thunderstorm. The area of high reflectivity 
causes severe attenuation of the radar beam such that the signal strength is much 
reduced beyond the area of high reflectivity. The lower image is reflectivity and the 
upper image is differential reflectivity, (courtesy DLR Germany). The differential re- 
flectivity becoming smaller than about —10.5 dB is caused by more intense attenuation 
of horizontally polarised waves than vertically polarised waves. See also color Fig. 11 
on page 320 



quality control within about 100 km of the radar site to an accuracy of around 
10%. For shorter period rainfall estimates, the accuracy achieved can be 25-30% 
which is comparable with the accuracy achieved using quite dense rain-gauge 
networks. Fortunately, operational radars are now very reliable, a necessary con- 
dition for use by operational hydrologists, as illustrated in Table 4.1. Downtime 
can be planned to coincide with no rainfall situations, and a number of methods 
now exist to undertake necessary calibration activities in realtime without tak- 
ing the radar out of operations, for example, Manz et al. (2000) and Goddard 
et al. (1994). Such a level of performance is vital for real-time flood forecasting 
applications. 



4.3 Flood Forecasting 

As already stated in this chapter, the availability of radar measurements of rain- 
fall greatly increased the availability of data for input to hydrological models. Of 
particular importance are the short-period forecasts of rainfall derived by using 
extrapolation techniques. Extensive reviews of this work have been published, 
see, for example, Collier (2000) and the papers contained in Collier and Krzysz- 
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Fig. 4.3. Monthly integration in June 1997 before and after VPR adjustment for the 
Ingham radar in the UK (courtesy Met. Office, UK). The coastline of England is shown 
by the black line. The grey scale gives the monthly rainfall measured with the rain 
radar data (left panel) and the quality controlled radar data (right panel). See also 
color Fig. 12 on page 321 



togowicz (2000). The level of performance achieved using the UK Met Office 
Nimrod system using the advections of radar echoes and a mesoscale numerical 
model is shown in Fig. 4.4. The data indicate that purely advection forecasts 
only outperform forecast from the model for the first 2-3 hours ahead. 

Distributed models, originally developed for use with rain-gauge network 
data, are ideally suited to the use of radar data. Some hydrologists argue that 
this complicates the procedure for deciding whether a model generates reliable 
predictions, and even go as far as to query whether it is worth using data which 
may be unreliable (Bevan, 1996). However, others argue that if a model is struc- 
tured to cope with distributed data such as radar data, which are not reliant 
on calibration processes, but rather on error feedback procedures which make 
use of the error structure of the radar rainfall measurements, then distributed 
hydrological models can perform satisfactorily (Refsgaard et al., 1996). 

In recent years, whatever type of model is adopted, the importance of as- 
sociating model predictions with estimates of predictive uncertainty is being 
increasingly recognised. Two approaches to estimating flow prediction uncer- 
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Table 4.1. Availability of radars in the UK and Irish weather radar networks and for 
the States of Jersey radar for December 2001, courtesy Met. Office, UK 



Radar 

(denoted by radar site name) 


Availability (%) 


Dublin 


95.4 


Cobbacombe Cross 


93.8 


Lewis 


99.5 


Dudwick 


99.8 


Corse Hill 


98.4 


Jersey 


95.6 


Wardon Hill 


92.2 


Crug-y-Gorllwyn 


94.5 


Ingham 


98.6 


Predannack 


99.7 


Caster Bay 


91.8 


Shannon 


94.8 


Chenies 


99.8 


Hameldon 


99.6 


Clee Hill 


98.7 


Average network availability 


96.8 




Fig. 4.4. RMSF hourly precipitation accumulation errors computed from 15 km xl5 km 
averages and verified against quality controlled radar actuals over the area of reliable 
radar cover for the period September 1998 to August 1999 as a function of lead time 
from the time of availability. Full line: Nimrod forecasting system; dashed line: advec- 
tion component of Nimrod forecasts; dotted line: mesoscale model forecasts; light line 
with circles persistence , RMSF = 1.0 corresponds to a perfect forecast (Golding, 2000) 
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tainty are being pursued: First, procedures based upon the assumption that the 
uncertainty derives from that in model parameter values and boundary condi- 
tions, with maximum likelihood or some other parameter estimation technique 
being used to find the optimal estimates of model parameters (for example, Bell 
and Moore, 2000). Second, procedures based upon Monte Carlo simulation using 
randomly chosen sets of parameter values (for example, Bevan and Binley, 1992) 
are applied. 

Hydrologists have utilised the idea of error feedback to improve future flow 
predictions. Model flow is constantly compared with measured flows, and the 
measured difference (error) is used to provide a correction factor to the in- 
put data used for the next model iterations (for example, Storm et al., 1988). 
However, almost universally, the models have generated deterministic forecasts. 
Meteorologists, on the other hand, have not employed real-time error feedback 
procedures, except in so much as model error analyses have been used to guide 
model development. They have though recently increasingly invested research 
effort in the development ensemble prediction schemes leading to forecasts with 
a defined level of uncertainty (for example, Trevisan et al. 2001). It is likely that 
hydrological models will make use of ensemble predictions of rainfall to provide 
ensemble predictions of river flow. 

Operationally, many flood forecasters are reluctant to consider model output 
couched in terms of an uncertainty distribution, whether generated by ensem- 
ble prediction or through the use of stochastic physics within the model (see 
Hardaker et al. 1995). This must change, as flow forecasts will always have er- 
rors arising both from the models used and the propagation, through the models, 
of error in the input data. Model errors need to be combined with errors in in- 
put data to produce flows which have an error range associated with them. The 
use of Baysian statistics to achieve this is one possible approach. It will also 
be necessary to blend model output uncertainty with decision and risk analy- 
ses. This will involve the associations of the statistical distributions of errors in 
modelled flows with cost-loss functions derived for specific flood risk regions of 
river catchments. 

Figure 4.5 shows the impact of rainfall data input quality on the hydrograph 
generated, using a hydraulic model of a combined sewer system for a small 
(30 km 2 ) urban catchment in Bolton, North West England. The random errors 
(not shown) in the flow predictions are approximately the same for each observ- 
ing system (rain-gauge networks having 1, 2, 3 and 4 rain-gauges per 20 km 2 and 
rainfall inferred from the attenuation caused by the rainfall along a microwave 
communication link). However, the bias errors in the flow predictions change 
with time through the event in different ways for each observing system. The 
bias error in the modelled flows is used to modify the input to each time step to 
the model to improve the flows derived by the next model iteration. 

Real-time assessment of these errors enables the error distribution character- 
istics at each time step to be modified to adjust with the model input, enabling 
improved predictions to be made. Unfortunately if the error changes rapidly with 
time, then the updating procedure will lag reality. It is not necessarily straight- 
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Fig. 4.5. Bias errors in model flow predictions made using different observing systems 
for a combined sewer system in Bolton, North West England. Also shown are hydro- 
graphs using rainfall input from three rain-gauges, two microwave links and weather 
radar, courtesy G.L. Robbins, University of Salford. The ordinate on the lower graph 
is flow in m 3 s -1 and in the upper graph is bias error. The abscissa in both graphs is 
time 
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forward to allow for such changes in a way which prevents wildly varying model 
output. In the next section we discuss prospects for combining atmospheric and 
hydrological models. 

4.4 Coupled Atmospheric 

and Hydrologic Numerical Models 

Three basic types of numerical models have been used to forecast rainfall, namely, 
stochastic, dynamical and statistical-dynamical models. Following early work 
on the development of viewing the rain process as organised two-dimensional 
turbulence operating on scales about, or larger than, 5 km (see, for example, 
Krajewski and Georgakakos, 1985; Georgakakos and Kavvos, 1987), recent work 
has characterised rainfall variability using multifractal analysis (Lovejoy and 
Schertzer, 1990) or using four-dimensional statistical models (Cowpertwait et al., 
2002). Radar data have been used to assess the validity of such approaches and 
whether or not the models can be used to downscale the output from dynamical 
models (Wheater et al., 1999). Collier (1993) proposed an approach to using 
radar data to distribute numerical model derived rainfall across a model grid 
square. A log normal frequency distributions was defined using parameters whose 
values were derived from radar data for NW Europe, as shown in Fig. 4.6. 

The simplest type of dynamical model is based upon the estimation of topo- 
graphically-forced vertical motion (Collier, 1975; 1977). The introduction of 
cloud physical processes leads to improved rainfall forecasts (for example, Bader 
and Roach, 1977; Sinclair, 1994). However, to capture fully small-scale weather 
systems and, therefore, improve operational reliability necessitates the use of 
four-dimensional models having fine spatial and temporal resolution. Attempts 
to avoid the complexity of these models have been described. These so-called 
statistical dynamical models develop state estimators with conservation of mass 
in an atmospheric column (see, for example, Lee and Georgakakas, 1990). Un- 
fortunately, these models are not reliable enough for operational use. 

The current operational performance of dynamical models in the United 
Kingdom has been discussed by Golding (2000). Experiments are being carried 
out in several countries with very high resolution compressible nonhydrostatic 
models, a recent example is described by Benoit et al. (1997). 

Radar data are used to verify dynamical models, but are also assimilated 
into them (Jones and Macpherson, 1997), as discussed by Macpherson et al. 
(2003) this book. However, there is growing activity aimed at coupling atmo- 
spheric and hydrological models. This enables streamflow predictions made using 
observational input, including radar data, to be compared with those using nu- 
merical model input. Benoit et al. (2000) have demonstrated that a distributed 
hydrological model can be sufficiently sensitive and accurate to diagnose both 
numerical model and radar errors. The potential of using radar with a coupled 
atmospheric-hydrological model was stressed. These types of research studies 
aim to provide a basis for the operational use of coupled models. However, as 
pointed out by Johnson (2000), given a mean absolute error of radar or atmo- 
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Fig. 4.6. A log-log plot of observations of the fraction of a 100 km x 100 km numerical 
model grid square that has rainfall accumulations greater than given values. The letters 
refer to the particular cases and weather types shown. Data from radars in NW Europe 
were used to derive the rainfall distributions (Collier, 1993) 



spheric rainfall estimates of approximately 25%, the land surface response error 
would be of the same magnitude. By coupling the rainfall input uncertainty to 
that of infiltration and runoff routing uncertainties, large prediction uncertain- 
ties in flood peak magnitude and timing are to be expected. Hence, it is likely 
to be necessary to use categorical Monte Carlo approaches to model parameter 
calibration and output flow assessment, as discussed in the previous section, plus 
comprehensive data assimilation procedures. 

The advent of real-time radar and high resolution model data offered flood 
forecasters the comprehensive data sets needed for distributed hydrological mod- 
elling. However, if significant (greater than 20% over 100 km 2 ) errors remain in 
these data from time to time, then, as pointed out by Bevan (1996) and Johnson 
(2000), fast simple hydrological models may be adequate for operational use in 
providing fewer, as opposed to more, site-specific forecasts. 
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4.5 Engineering Design 

The use of radar data for engineering design purposes, that is, the estimation 
of probable maximum precipitation (PMP) (the theoretically maximum precip- 
itation that can occur over a specific time period and area), probable maximum 
flood (PMF) (the theoretically maximum flood that can occur at a specific loca- 
tions on a river) and return period analysis is often dismissed. The reason for this 
is twofold; firstly, the length of record provided by operational radars is usually 
very much shorter than that available from rain gauges, and secondly, the radar 
error characteristics cast doubt on the quantitativeness of the rainfall record. 
Looking firstly at the error characteristics, radar makes measurements of rain- 
fall over areas, not at a point. These areas may be quite small (100 m x 100 m), 
but nevertheless one must be aware of this difference from raingauge measure- 
ments since rainfall can vary by an order of magnitude over a very small distance. 
One should not expect radar estimates to exactly coincide with rain gauge esti- 
mates (see Kitchen and Blackall, 1992). The two devices measure rainfall in very 
different ways, and the different sampling techniques by definition will lead to 
different respective measures of rainfall, even with perfect observations. 

It may be possible to reanalyse a long radar data set to ensure that quality 
control procedures are up-to-date and have been uniformly applied. However, the 
amount of work involved should not be underestimated. Given that it is usual in 
carrying out depth duration frequency (DDF) analyses (the river depth is related 
to the duration of the rainfall and the frequency of occurrence of the flow) using 
rain-gauge data, to work where possible with at least 30 year records for daily 
data and 20 year records for hourly data, one must consider the consequences 
of working with short period records. Nevertheless, the UK Flood Estimation 
Handbook concludes that a minimum record length of 9 years is acceptable. If 
this is so for rain-gauges, then the same should apply to radar records, although 
for these short record lengths, it is unwise to investigate return periods much 
in excess of 1 in 50 years. The validity of the extrapolation of DDF models, 
based upon relatively short rainfall records, to very rare return periods of 1 in 
10 000 years equivalent to the PMP has recently been challenged by MacDonald 
and Scott (2001). Therefore, radar records, however accurate, may as yet be of 
inadequate length for use in engineering design statistical frequency analyses for 
very rare events. 

Is there any alternative to creating long highly quality controlled radar data 
sets for engineering design purposes? Collier and Hardaker (1996) use Lagrangian 
analysis techniques to estimate maximum storm rainfall totals, from which the 
efficiencies of observed storms were derived and used in the context of a storm 
model. This approach has some success in leading to realistic estimates of PMP, 
for example Collier and Hardaker (1995, 1996) and Hardaker (1996). Such an 
approach still requires highly quality controlled radar data, but from individual 
storms rather than a continuous long sequence of data, providing rainfall data 
that is as accurate as possible. 

So far we have discussed using rainfall data sets derived from radar reflec- 
tivity on their own. Faulkner and Prudhomme (1988) consider the application 
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Fig. 4 . 7 . Four-day storm accumulated rainfall totals for seven rain-gauges and 
the radar pixel overlying the rain-gauge location (Day 0 = 28 February 1999, 
Day 1 = 1 March 1999, etc; raingauges (G) radar, data adjusted using a probabil- 
ity density function technique (AR) and raw radar (R) are indicated in the first frame 
(after Tilford et al., 2002) 



of georegression techniques for improving the interpolation of rainfall extremes. 
Such techniques involved the use of topography and lightning strike data, al- 
though they were less successful for shorter durations (one hour). It is possible 
to apply, off-line, an adjustment technique based upon the probability density 
functions (PDFs) for radar and rain-gauges, as applied by Tilford et al. (2002). 
Figure 4.7 shows the success of such a technique in modifying rainfall amounts 
measured by radar when compared to contemporaneous rain-gauge totals. 
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Given that a weather radar can generate, within a range of 75 km in a single 
scan, data from the equivalent of over 4400 rain-gauge locations, it is clear that 
there is enormous potential to increase record lengths for frequency analyses 
so enabling returns period and PMP analyses to be derived more accurately in 
areas where there are no long rain-gauge records. 



4.6 Future Prospects 

New algorithm development coupled with improvements in radar technology 
such as polarisation-diversity promise significant improvements in radar data 
accuracy which will be sustained throughout a range of differing precipitation 
events. Nevetheless, the only certainty we have is that all errors will not be 
removed all the time, but what is important is that quality control of all model 
inputs, particularly radar rainfall are optimised, and that assimilation schemes 
can actively account for uncertainty in rainfall inputs. Further, while work on 
improving the accuracy of rainfall measurements is key (and radar data are 
now as accurate as rain-gauge data when like is compared to like), it is the 
sensitivity of the output of the forecast model to the quality of the input data 
that is important, not directly the absolute accuracy of rainfall estimates. 

The development of flood forecasting models and engineering design proce- 
dures should be undertaken using radar data because of the benefits of their 
spatial information content. It may not be necessary to accrue very long periods 
of highly quality controlled data to achieve this aim, due to the extensive spatial 
coverage provided by radar. 
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5.1 Introduction 

The additional information provided by polarisation-diversity radar has the po- 
tential to remove many of the ambiguities and uncertainties present when only 
the conventional reflectivity (Z) and Doppler information are available. In this 
chapter we emphasise the application in an operational environment with a typi- 
cal one-degree beam- width radar and a dwell time of about one-sixth of a second, 
so that it completes a PPI every minute and provides rainfall estimates with a 
spatial resolution of 2 km or better. An excellent and very comprehensive book on 
polarimetric Doppler weather radar has recently appeared by Bringi and Chan- 
drasekar (2001), and we refer the reader to this book for detailed derivations 
and analysis which we will simply quote. Essentially, polarimetric radar pro- 
vides information on the shape and orientation of the radar targets. In Sect. 5.2, 
we define the polarisation parameters, summarise their applications and discuss 
the theoretical and practical limits to the accuracy with which they can be es- 
timated. The variation of raindrop shape with size and the typical raindrop size 
spectra are reviewed in Sect. 5.3. The following sections consider how to ex- 
ploit the shape and orientation information from a polarimetric radar which can 
transmit and receive horizontally and vertically polarised radiation, as described 
by Gekat et al. (2003), this book. 

• Recognition of anomalous propagation and ground clutter (Sect. 5.4). 
Precipitation particles are essentially an array of quasi-spherical scatterers 
which are usually small enough to Rayleigh scatter and so can be distin- 
guished from ground echoes. Ground clutter and ‘anaprop’ are essentially 
non-Rayleigh scatterers and are far from spherical, having very different 
scattering cross sections for horizontally and vertically polarised radiation. 

• Improved rainrate estimates (R) when rain alone is present (Sect. 5.5). 
Empirical Z(R ) relationships of the form Z = aR b result in errors in R of 
up to a factor of two. They arise because of the variability in the raindrop 
size spectrum: Z = J^iVZ) 6 for rain, where N is the concentration and D 
the raindrop diameter, but R ~ Y ND 3,67 . Because raindrops are oblate to 
a degree which depends upon their size, polarisation observations have the 
potential to estimate mean raindrop size and so provide better rain rates. 

• The use of combined and integral polarisation parameters (Sect. 5.6). 

High resolution polarisation parameters tend to be very noisy. An alterna- 
tive approach is to exploit their path integrated properties which can be 
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estimated much more accurately and use them as a constraint to provide, 
for example, absolute calibration of the radar reflectivity, an estimate of the 
constant 4 o’ in Z = aR h and a measure of the attenuation. 

• Improved rainfall estimates when ice is present (Sect. 5.7). 

Large hailstones lead to very high values of Z which can be interpreted as 
spuriously high rainfall rates but may be identified because they are oblate 
and tend to tumble as they fall. Melting snowflakes are responsible for the 
enhanced radar return at the melting layer known as 4 the bright band’ and 
can easily be recognised because they are wet, oblate and fall with a char- 
acteristic rocking motion. 

• Correction for attenuation (Sect. 5.8). 

Attenuation for the C-band (5.6 cm wavelength) radars used in Europe and 
Japan is a serious problem in heavy rain. Polarisation parameters which are 
immune to attenuation can be used to correct for such effects. 

• Identification of hydrometeors (Sect. 5.9). 

For ice hydrometeors other than hail and melting snow, identification using 
polarisation is more difficult, but polarisation can yield useful information. 

In Sect. 5.10, the potential for implementation of polarisation parameters is 
summarised for an operational environment both for the 5.6 cm wavelength (C- 
band) as generally used in Europe and Japan and 10 cm (S-band) used in the 
USA. The use of S-band for polarisation observations has two major advantages: 
firstly, we have Rayleigh scattering for nearly all meteorological targets, and 
secondly, there are normally negligible propagation or attenuation problems. 
Conventional radar networks yield estimates of Z and rainfall rate with a spatial 
resolution of about 2 km and an update time of 5 (or perhaps two and a half) 
minutes. If polarisation techniques require longer dwell times, then the poor 
sampling could negate any increased accuracy of specific rainfall estimates. 

5.2 The Polarisation Parameters 

5.2.1 Introduction 

We shall restrict the discussion to the use of linear polarisation in which the 
radar can transmit pulses which are alternately polarised in the horizontal (H) 
and vertical (V), and can measure both the two copolar returns Zh, Zy; and, if 
the radar is Dopplerised, the phase of the horizontally and vertically polarised 
returns, (j ) h and 0 V . We shall consider the following four parameters: the differ- 
ential reflectivity (Zdr), the copolar correlation (phv), specific differential phase 
shift (Adp), and the linear depolarisation ratio (LDR). In principle, these four 
parameters can also be derived from measurements made with circular polarisa- 
tion, but nearly all recent work has used linear polarisation. We will also briefly 
discuss transmission of pulses polarised at 45° with reception at H and V, which 
has the advantage that no rapid polarisation switching between transmitted 
pulses is needed. 
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Fig. 5.1. Signals backscattered from precipitation particles arrive at the antenna with 
random phase 



Recall from Fig. 5.1 that the amplitudes of the backscattered waves from in- 
dividual hydrometeors arrive at the antenna with random phase, so that as the 
scatterers move relative to one another, the observed intensity Z will fluctuate. 
The fractional standard error of the mean Z estimate is given by 1 / yjn for large 
n, where n is the number of independent samples of Z . The time to independence 
is given by A/(4cr vV / 7r) where cr v is the Doppler width of the target. Assuming 
that at a low beam elevation the precipitation has a Doppler width of 0.5m s _1 , 
then the time to independence at C-band is about 16 ms, and at S-band about 
28 ms. If we need one PPI a minute then the dwell time is 0.166 s and averaging 
over six adjacent gates, each typically 150 m long (1 (is transmitted pulse), pro- 
vides a range resolution of 1 km to match the one-degree beam- width azimuthal 
resolution at a range of 57 km. This leads to n of about 63 at C-band and 36 at 
S-band, so the statistical sampling error of Z will be about 13% (0.53 dB) and 
17% (0.68 dB), respectively. System errors are discussed by Gekat et al. (2003, 
this book). 



5.2.2 Zdr - Differential Reflectivity 

Zdr [— 10 log(Zn/Zv)] is a measure of mean particle shape. Zdr is particularly 
useful for rain, because small raindrops are spherical, but larger ones become 
increasingly oblate. An improved rainfall rate, i?(Z, Zdr), can be obtained from 
Z and Zdr. Assuming an exponential Marshall-Palmer (1948) raindrop size 
distribution 

N(D) = N 0 exp(-3.67D/A)) , (5.1) 

where Dq is the median volume drop diameter, then the value of Dq can be esti- 
mated from Zdr. The advantage of Zdr is that it is a ratio which is independent 
of the concentration parameter, No. Once Do is known, then the value of No 
is fixed by the observed value of Z. An empirical Z-R relationship is approxi- 
mately equivalent to assuming we have a Marshall-Palmer distribution with a 
variable Do but No constant and equal to 8000 m~ 3 mm -1 . The use of Z and 
Zdr to fix both No and D 0 should result in more accurate rainfall estimates 
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(Seliga and Bringi, 1976). For a given value of Zdr (fixed -Do), the rainfall rate 
and the value of Z both scale linearly with iVo, so we expect relationships of the 
form, 

Z = cRf(Z DR ) . (5.2) 

Ice particles have a lower dielectric constant than liquid water, and so even 
if they are oblate, they tend to have low values of Zdr, particularly if, as is 
the case of snow, they are a low density mixture of air and ice. If oblate ice 
particles become wet, the value of Zdr increases, and so the melting snow in 
the bright band is associated with high values of Zdr. In vigorous convection, 
supercooled raindrops can be recognised by narrow vertical columns of positive 
Zdr extending above the freezing level (Illingworth et al., 1987). Hail usually 
tumbles as it falls and so should be associated with a Zdr of 0 dB. At low 
altitudes where rain is to be expected, a Zdr value of 0 dB accompanied by a 
high value of Z can be used to identify hail. Unfortunately, hail is often mixed 
with rain - so the result will be an intermediate value of Zdr, which is lower than 
it should be for the rain, but the presence of hail will lead to higher than expected 
values of Z. In Sect. 5.5, we shall show that for improved rainfall estimates 
using R(Z , Zdr), Z must be accurately calibrated, and Zdr estimated to within 
0.2 dB. Zdr can be calibrated to 0.1 dB by observing precipitation at vertical 
incidence which we know has a value of 0 dB, or, less satisfactorily, looking at the 
statistics of Zdr values in very light drizzle. Bringi et al. (1983) show that for 
individual observations to be accurate to 0.2 dB requires about 60 independent 
samples of Z and a correlation coefficient of the H and V time series (see next 
subsection) above 0.98. These values should be satisfied by an operational radar 
scanning in rain with a resolution of about 1-2 km, but in practice, other factors 
may limit the accuracy of Zdr: 

• Reflectivity gradients. 

In the presence of reflectivity gradients, a significant fraction of the power 
may be received through the side lobes which are mismatched in their polar- 
isation characteristics. Herzegh and Carbone (1984) report spurious values 
of Zdr of up to 10 dB in low reflectivity regions adjacent to intense echoes. 
The sidelobes of operational radars may well quite commonly lead to the 
introduction of errors in Zdr of 0.2-0. 5 dB. 

• Mismatched beams. 

If the H and V beam patterns are not well matched, then the two beams will 
not be sampling the same volume of precipitation, and the correlation may 
fall below 0.98. 

• Triple scattering echoes. 

Triple scattering echoes (Illingworth and Caylor, 1988; Hubbert and Bringi, 
2000) can occur in a weak echo region behind an intense storm because 
some of the radiation scattered by the main echo is reflected by the ground 
and then scattered a third time by the main echo back to the antenna. No 
vertically polarised power is scattered to the ground, so such echoes are 
associated with anomalously high values of Zdr. 
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• Differential attenuation . 

This leads to a much more severe problem at C-band. The large oblate 
raindrops attenuate the horizontally polarised radar beam more than the 
vertical one, and this differential attenuation leads to increasingly negative 
values of Zdr with range. One example is shown by Collier and Hardaker 
(2003), this book. To demonstrate the severity of this problem, note that at 
C-band, a differential attenuation of 0.2 dB results from only 1 km of rain 
at 65 mm hr -1 or 2 km of rain at 40 mm hr -1 . Upton and Fernandez-Duran 
(1999) report values as low as —5 dB behind intense echoes, such attenuation 
must be corrected to an accuracy of 0.2 dB. 

• Hail 

Finally, as described above, the presence of hail mixed with the rain will lead 
to a reduction in Zdr, so that application of the R{Z , Zdr) algorithm will 
lead to the inference of a spuriously high rainfall rate. 
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Fig. 5.2. Argand diagram showing that the addition of backscattered amplitudes from 
the mixture of particles shapes in Fig. 5.1; (a) at time t = t\ and (b) at a later time 
t = £ 2 , leads to a lowering of the correlation of the H and V returns and fluctuations 
in the differential phase 



5.2.3 Copolar Correlation Coefficient 

The copolar correlation coefficient (phv) is the correlation of the time series of 
successive estimates of Zh and Zy and is a measure of the variety of shapes 
of hydrometeors present. The importance of this parameter is demonstrated in 
Fig. 5.2 which shows schematically how the amplitude and phase of the signal 
returned from four targets, two spheres and two oblate spheroids (see Fig. 5.1), 
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add to give a fluctuating return, as the targets reshuffle in space between two 
times, t = ti, and t = t^- In the figure, the spheres and the oblate spheroids 
all have the same backscatter amplitude (a v ) for vertical polarisation, but for 
horizontal polarisation, the spheres have ah = a v whilst for the oblate spheroids 
ah = 2 a v . The figure shows that as the particles reshuffle, the relative phases 
change and the resultant amplitudes A h and A v at the two polarisations will 
fluctuate. In this case because the ratio of ah to a v is not the same for all the 
scatterers, then as the particles reshuffle, the ratio of A h to A v will fluctuate and 
so the time series of Z h and Zy (proportional to A\ and A%) will not be perfectly 
correlated. As the correlation falls, then the estimate of Zd r also becomes less 
accurate. The correlation coefficient, (phv), will only be unity if the ratio of ah 
to a v is the same for all the particles, that is to say, the particles all have the 
same shape and orientation in space. The values of correlation can be used to 
identify targets as follows: 

• Raindrops. 

Raindrops are nearly spherical, and if oblate highly oriented, and so the 
correlation is at least 0.98. 

• Hail and the bright band. 

The correlation drops to about 0.9 when a wide mixture of hydrometeor 
shapes is present. This occurs in the bright band or when hail particles are 
large enough to result in non-Rayleigh scattering. 

• Clutter and anaprop. 

Returns from the ground, whether as clutter or anomalous propagation, 
have a correlation which is essentially zero because the returns in the two 
polarisations have almost random amplitudes and phases. 

In practice, the observed values of phv will be lowered somewhat because the H 
and V beams can never be perfectly matched in space and also because H and V 
are not sampled simultaneously. The effect of staggered H and V samples can be 
corrected by either assuming a Gaussian Doppler width of the target or, more 
accurately, by interpolating the two time series. For very precise estimates of 
Phv the dwell times must be much longer than those allowed in an operational 
system (Illingworth and Cay lor, 1991). 

5.2.4 Kd p - Specific Differential Phase 

The velocity of a horizontally polarised radar wave propagating through a region 
containing oblate raindrops is slightly less than that of a vertically polarised 
wave; so, as shown in Fig. 5.3, the phase of the horizontal return (0 h) lags 
progressively behind the phase of the vertical polarised return (</> v ). As a result, 
the differential phase, 0 V — 0h = </>dp, normally increases monotonically with 
range and Adp, the rate of change of </>dp with range (measured in ° km -1 ), 
should be positive. Adp should not be affected by tumbling hailstones but should 
increase with rain rate. i?(App) relationships (Sachidananda and Zrnic, 1986, 
1987) have been proposed of the form, 

R = aK DP b , 



(5.3) 
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H WAVE 



V WAVE 



Fig. 5.3. Differential phase shift, 4 > dp, introduced because the H wave propagates more 
slowly than the V wave through a region of oblate raindrops 



with a value of b = 0.866. This technique appears to be very attractive and has 
the following advantages (Blackman and Illingworth, 1995; Ryzhkov and Zrnic, 
1996:) 

• Calibration and attenuation. 

The measurement of phase is immune to calibration problems and is unaf- 
fected by attenuation. 

• Hail. 

The phase measurement should not be affected by hail. 

• Linearity. 

If the value of ‘5’ in (5.3) is 0.866, then K^p has a more linear dependence 
on R than conventional R(Z) relations. Bringi and Chandrasekar (2001) 
show that ATdp should be less dependent upon the precise form of the drop 
shapes and, assuming Rayleigh scattering, is approximately proportional to 
the product of the liquid water content times Do, or to the fourth moment 
of the drop size spectrum and so should be closer to R than Z. 

• Integrated rainfall over a catchment. 

If (5.3) is nearly linear, then the total integrated differential phase shift along 
the path of the radar beam (^dp ) will be a measure of the integrated rainfall 
along the path. 

• Use of partially blocked beams. 

If dp can be observed in low elevation beams which are partially blocked 
so that Z values are considerably reduced, it may be possible to estimate R 
from Kdp, and so use these low elevations beams, which will remain in the 
rain, out to greater distances. 

A difficulty arises because the phase shifts are quite small. If these advantages are 
to be realised, then </>d p should be estimated to 1° or better, but unfortunately 
the phase measurement can be quite noisy. Firstly, there is a theoretical limit to 
the accuracy of the dp estimate: 

• Sequential pulses. 

cf ) dp is usually measured from sequential pulses transmitted with alternate 
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horizontal and vertical polarisation, but the phase itself is continually chang- 
ing due to the mean Doppler velocity of the targets, and so interpolation is 
required to estimate </>dp- The accuracy of this interpolation is limited by 
the Doppler width of the target. Ryzhkov and Zrnic (1998b) show that for 
60 pulse pairs and a normalised spectral width (= 2 cr v t s /\, where t s is the 
time between pulses) of 0.1, the standard error of </>dp, (o>), should be about 
1 °. 

• ‘Hybrid’ transmission at f5 ° . 

Transmission of a pulse polarised at 45° and simultaneous reception at H and 
V (Bringi and Chandrasekar, 2001) avoid the interpolation problem, but the 
correlation of the target is slightly less than unity, and this introduces noise 
into the 0 dp estimate which still leads to a of about 1°. The mechanism 
by which fluctuations in the estimate of </>dp are introduced by the low 
correlation can be seen in Fig. 5.2. 

This theoretical accuracy of <fi dp is not achieved in practice. Ryzhkov and Zrnic 
(1995) cite a typical <7$ at S-band of 3°; Hubbert et al. (1993) and Keenan 
et al. (1998) quote similar figures for their C-band radars. This degradation is 
probably caused by the following factors: 

• Gradients of reflectivity. 

Gradients in reflectivity across the beam cause one part of the beam to 
experience a larger 0p>p than another (Ryzhkov and Zrnic, 1998a) and can 
give rise to negative Kdp . Gradients along the beam lead to biases in inferred 
Kdp (Gorgucci et al., 1999a) whereby, for example, a sudden change in Z 
of 30 dBZ can bias the value of Kdp by up to 30%. 

• Extreme sensitivity to clutter. 

If the random phase of a ground clutter signal is added to a precipitation 
return which has an amplitude ten times larger, then the resultant signal will 
have a phase noise of 5°. This will render the value of 4 > dp virtually useless, 
even though the ground clutter will have a Z (i.e. an intensity) which is 
20 dB below (i.e. 1% of) the Z of the precipitation. 

• Side lobes. 

4 > dp is much more sensitive to signals from mismatched side lobes than Zdr. 
If the phase of the side lobe signal is mismatched in H and V, then again all 
we need is a side lobe signal which is 20 dB below the precipitation return 
from the main lobe to introduce a 5° noise in 0dp- 

• Differential phase shift on backscatter. 

If the particles or rain or hail are large enough for non-Rayleigh scattering, 
then a differential phase shift on backscatter, S , will be introduced as a 
transient superposed on the monotonic increase in 0dp due to propagation 
and can lead to apparent negative values of Kdp. For rain, Testud et al. 
(2000) show that the effect is negligible at S-band, but at C-band, 5 is about 
1°, 4.5°, and 9.5° for Zdr = 2 dB, 3 dB, and 4 dB, respectively. Ryzhkov 
and Zrnic (1996) suggest removing the 5 transient by ‘light’ filtering over a 
distance of 2.4 km for heavy rain and ‘heavy’ filtering over 7.2 km for light 



ram. 



138 A. Illingworth 



The result of the above effects is a noisy trace of </> DP not always increasing 
monotonically with range. Filtering is difficult because the extent of the S region 
may not be known and it leads to an unacceptable loss of spatial resolution. 
Ryzhkov and Zrnic (1996) suggest using the modulus of Kdp in (5.3) to avoid 
the problem of negative values, but this does not seem physically justifiable. 



5.2.5 Linear Depolarisation Ratio (LDR) 

LDR is defined as 10 log (Zvh/^h), where Zvh is the cross-polar return at hor- 
izontal polarisation for a vertically polarised transmission. Only oblate particles 
falling with their major axis at an angle to the vertical or horizontal direction 
yield a cross-polar return. LDR is able (Frost et al., 1991; Straka et al., 2000) to 
identify melting snowflakes associated with the bright band; on occasion it can 
differentiate ice from rain. Finally, ground clutter has anomalous LDR signals. 

Figure 5.4a demonstrates that raindrops result in negligible depolarisation 
because they fall with their major axis aligned in the horizontal; the horizontal 
field excites a single dipole along the major axis which reradiates with horizontal 
polarisation. Contrast this with the oblate nonaligned hydrometeor in Fig. 5.4b; 
the incident field excites two dipoles along the major and minor axes, and if the 
polarisabilities along the two axes are not the same, then the resultant induced 
dipole is no longer parallel to the induced field, and so the reradiated field has 
an orthogonal or cross-polar component. 

The difference in polarisability is largest for wet oblate particles, so the high- 
est values of LDR of about —15 dB are associated with melting snowflakes be- 
cause such particles rock and roll as they fall. The LDR of melting hail and 
dry high density ice crystals is in the range —20 to —26 dB. Rain has an LDR 
generally below —30 dB but the observed value is often limited by the antenna 
isolation. The cross and copolar signals are essentially uncorrelated, so if the 
error in Z is about 0.5 dB, then the value of LDR can be estimated at 0.7 dB. 
Masking out of echoes, where LDR > —10 dB, removes much of the ground 
clutter (see Sect. 5.4). 



Incident Induced Radiated 

Electric Field Dipole Electric Field 





Fig. 5.4. Linear depolarisation ratio, (a) No depolarisation of incident wave by aligned 
raindrops, (b) Depolarisation by nonaligned oblate spheroids 
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5.2.6 An Example of a PPI Scan Through Vigorous Convection 

An S-band low elevation PPI scan though vigorous convective showers which 
illustrates the signatures of Z, Zdr and (/>dp is displayed in Fig. 5.5 which also 
appears as a colour plate. The observations were made with the Chilbolton 0.28° 
beam- width radar in the UK on 28 July 2000 at 1308 UT at 0.5° elevation, so 
that the beam is dwelling in the rain. Because of the narrow beam-width, we 
believe that this image is not affected by any of the artifacts discussed above 
such as side lobes and reflectivity gradients either across or along the main beam. 
From Fig. 5.5 we see that once Z is above about 35 dBZ, then Zdr reaches about 
1 dB, but that the high phase shifts generally result from regions of Z above 
45 dBZ extending over a few kilometres. Two such regions producing large phase 
shifts are clearly visible: one at 90 km E and —12 km N; the other at 115 km E 
and about —8 km N. Even for such large phase shifts, the estimates of Kdp from 
differentiating the phase are quite noisy and have a spatial resolution which is 
much less than the 300 m of the Z and Z D r and observations. Note that the 
highest values of Zdr are about 4 dB, but are quite localised and often not 
coincident with the highest Z; they do not produce any phase shift, and we 
believe that they result from low concentrations of anomalously large raindrops. 



5.3 Raindrop Shapes and Size Spectra 

5.3.1 Introduction 

Both Zdr and Kdp essentially provide information on the mean shape and hence 
the size of raindrops. If this is to lead to improved rainfall rate estimates, then 
the shape of raindrops as a function of size must be known precisely, but there is 
currently some uncertainty over these shapes. In addition, if the size sensed by 
the radar is to be related to the appropriate mean drop size for the rainfall rate, 
then we need to know the range of size spectra for naturally occurring rainfall. 
Again, there is some uncertainty over these spectra. 

5.3.2 Raindrop Shape Model 

Until very recently, a simple ‘linear’ relationship between axial ratio, r, and drop 
diameter, D , in mm, was in widespread use (Pruppacher and Pitter, 1971): 

r = 1.03 -/JR, (5.4) 

with (3 having a value of 0.062 mm -1 for drops larger than 0.5 mm diameter; 
drops smaller than 0.5 mm are assumed to be spherical. However, in some of 
the earliest observations, Goddard et al. (1982) found that observed values of 
Zdr in the range 0 dB to 1.5 dB were from 0.5 to 0.2 dB lower than the values 
of Zdr computed using the linear shapes from a raindrop disdrometer at the 
ground 200 m below the radar beam. They could only obtain agreement if they 
empirically adjusted the shape of drops smaller than 2.5 mm to be more spherical 
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Fig. 5.5. An example of Z, Zdr and </>dp observed with the narrow beam S-band 
Chilbolton radar in the UK on 28 July 2000. The data are from a low elevation (0.5°) 
PPI scan, so the beam is dwelling in the rain. Even for these large values of 0 dp the 
derived values of Adp are rather noisy with much poorer range resolution than Z and 
Zdr. Figure courtesy of R.J. Hogan (U of Reading). Radar data kindly supplied by 
RCRU, Rutherford Appleton Laboratory. This figure also appears as color Fig. 13 on 
page 322 
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than given by (5.4). They proposed (Goddard et al., 1995) a new drop shape 
model: 

r = 1.075 - 0.065Z) - 0.0036D 2 + 0.0004.D 3 (5.5) 

for drops larger than 1.1 mm with smaller drops again assumed spherical. Con- 
firmation of such drop shapes is not simple. If the raindrop shape is measured 
close to the ground, then the drops have just experienced atypically high shear 
as they fall through the boundary layer. Similarly, drop shapes measured with 
in-situ aircraft probes have been subjected to unusual stresses as they are de- 
flected around the aircraft wing. It is only recently that careful experiments in 
long wind tunnels, such as those carried out by Andsager et al. (1999), and 
references therein, have proposed the following polynomial: 

r = 1.012 - 0.01445D - 0.01028D 2 (5.6) 

for D in the range 1-4 mm. The three drop shape models are compared in 
Fig. 5.6. Equations (5.5) and (5.6) are very similar and predict virtually the 
same values of Adp and Zdr. This remarkable independent confirmation of the 
empirical adjustment gives us confidence that the ‘linear’ shapes are indeed an 
oversimplification and that these ‘new’ drop shapes are probably correct. The 
last two equations lead to negligible differences in the predicted polarisation 
parameters; when we refer to ‘new’ drop shapes, we will be using those of (5.5), 
as opposed to the ‘linear’ shapes of (5.4). Equation (5.6) is equally valid. 

The linear drop shapes used in the past lead to two effects. Firstly, the linear 
drop shapes are more oblate than those occurring naturally, leading to predicted 
values of Zdr and Adp which are too high, so that values of c in (5.2) and a 
in (5.3) are too small; this may account for the underestimates of rainfall using 
Adp reported, for example, by May et al. (1999) and Petersen et al. (1999) 




Fig. 5.6. Different raindrop shape models 
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who used the ‘linear’ raindrop, as discussed by Bringi and Chandrasekar (2001). 
Secondly, for drops in the range 1-3 mm, the ‘new’ drop shapes predict a larger 
value of f3 than the 0.062 in (5.4); this means that the increase in the values of 
Zdr and Kp>p as the rainfall rate increases, will be more rapid than predicted 
from the linear drops, so that in reality the value of b in the R(Kpp) exponent 
will be lower than the value of 0.866 predicted using linear shapes (Illingworth 
and Blackman, 2002). 



5.3.3 Raindrop Size Spectra 



To gauge the performance of polarisation techniques in improving rainfall esti- 
mates we need to know how variations in the drop size spectra affect the rep- 
resentativeness of the mean drop size inferred from the polarisation parameters. 
Rather than the simple exponential representation in (5.1), natural raindrop size 
spectra are well represented by a normalised gamma function of the form, 



N(D) = N w f(ji) 




exp 



(3.67 + fx)D 

Do 



(5.7) 



where 

6 (3.67 + M y*+ 4 

JW (3.67) 4 r(p + 4) 



(5.8) 



which, when /x = 0, reduces to the simple exponential form of (5.1) with N w = 
Nq. This form has the advantage that the three variables are independent, with 
Do being the median volume drop diameter, /x being the shape of the drop 
spectrum, and N w is a normalised drop concentration, so that the liquid water 
content remains constant even if fi changes, and is preferable (Illingworth and 
Blackman, 2002) to the nonnormalised gamma function of Ulbrich (1983), 



N(D) = NqDo^ exp 



(3.67 + n)D 
A) 



(5.9) 



We have followed the convention of Bringi and Chandrasekar (2001); N w is the 
same as the Np used by Illingworth and Blackman (1999, 2002) and the Nq used 
by Testud et al. (2001, 2003 - this book), with ‘w’ and ‘L’ both indicating nor- 
malisation with respect to liquid water content. These equations are sometimes 
expressed in terms of D m , the mass weighted mean diameter, in which case D m 
is equal to Do times the factor (4 + /x) / ( 3.67 + /x). 

Ulbrich (1983) derived the expected range of values of No and fi in the non- 
normalised (5.9) in natural rainfall by comparing expressions for R and Z from 
the appropriately weighted integral of (5.9) with the 69 Z(R) relationships of 
Battan (1973); he deduced, the range of /x was from —1 to 5. The mathematical 
validity of this approach for deriving the ‘Ulbrich’ range of values of No and /x has 
been questioned by Illingworth and Blackman (2002), but it has become common 
practice to derive relationships between R and the polarimetric variables by 
cycling over these ‘Ulbrich’ values of No and /x, calculating Z, Zdr, Kp>p and R 
and performing a nonlinear regression. 
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We now explore other methods of deriving the range of values of fi , N w and 
Dq in naturally occurring rainfall. One approach is to use observed raindrop 
spectra. A least squares fit is not appropriate because it gives equal weight to 
small and large rain drops, whereas for radar and rainfall, the larger drops are 
much more important. Kozu and Nakamura (1991) and Illingworth and Johnson 
(1999) both equated the sixth, fourth and third moments of observed raindrop 
size distributions to the appropriately weighted integral of the gamma function 
and deduced values of /x in the range 0 to 15 with a mean value of about 5 or 
6. Illingworth and Johnson (1999) found that in the UK the mean value of the 
normalised raindrop concentration, N w , was close to the Marshall-Palmer value 
of 8000 m -3 mm -1 with a standard deviation of a factor of three. Bringi and 
Chandrasekar (2001) found a similar spread of N w when they analysed an entire 
season of rainfall spectra from Darwin, Australia. 

These high values of /x derived from fitting the higher moments have been 
criticised because they are very dependent upon maximum drop size in the spec- 
tra which are poorly sampled by disdrometers. The values obtained depend upon 
the moments chosen for the fit. Higher moments are appropriate for relationships 
between Z and R and lead to higher values of /x. Testud et al. (2001) and Bringi 
and Chandrasekar (2001) infer /x values closer to unity; this may be because they 
first derive No and Do in an exponential spectrum by fitting moments, but then 
choose /x to minimise a least squares fit to the observed spectrum. This proce- 
dure for fixing /x assigns equal weight to drops of all sizes and may lead to values 
of fi which are inappropriate for the higher moments involved in radar studies. 
Ulbrich and Atlas (1998) used truncated moments by limiting the experimental 
spectra to D max and found that this reduced /x from about 4 to a median value 
of 0 with a mean of 1.6. 

The disadvantage with the above techniques is the use of a disdrometer which 
has poor sampling of the larger drops which are important for the higher mo- 
ments. This can be avoided by appealing to radar measurements themselves; 
because of the much larger radar sampling volume, the large drops are sampled 
satisfactorily. Wilson et al. (1997) reported values of /x derived from the ‘Dif- 
ferential Doppler Velocity’ (DDV), the difference in the Doppler velocity of rain 
for horizontally and vertically polarised radiation with the radar beam dwelling 
at a finite elevation. They showed that the value of DDV as a function of Zdr 
depends upon the value of /x and found a range of /x between 2 and 10 with a 
mean value of 5. There is also some evidence from observations of the Doppler 
spectral width of rainfall at vertical incidence which indicate (pers. comm., D. 
Bouniol) that the width is significantly narrower than would be observed for an 
exponential and is consistent with a /x of around 5. 

5.3.4 Implications for Z = aR b Relationships 

It appears that the range of naturally occurring raindrop size spectra is accu- 
rately described by the normalised gamma function in (5.7) with values of fi near 
5 and values of N w which have a standard deviation of a factor of three. We now 
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follow the treatment of Bringi and Chandrasekar (2001) and show that the nor- 
malised gamma function leads to Z(R) relationships of the form Z = aR 1,5 with 
different values of a reflecting changes in 7V W . There is, however, an additional 
dependence of a upon the value of /x. Integrating the appropriately weighted 
normalised gamma function produces expressions of the form, 



z = F Z (^)N W D 7 , 


(5.10) 


and assuming the terminal velocity varies as Z) 0,67 , 




R = F r (v)N w D*- 67 -, 


(5.11) 


eliminating Dq gives 




£-M£)‘ 


(5.12) 


where b = 7/4.67 «, 1.5 or 




Z = H( f i)N w 1 ~ b , R b = H{ ^' 5 . 


(5.13) 



It is usually assumed that H(/x) is a slowly varying function of /x. This is so if 
we restrict /x to the range 0 to 2, but earlier we argued that /x has an average 
value of 5 and can vary between 0 and 10. As fi increases from 0 to 5 and 10, 
the value of H (/x) falls by a factor of 1.55 (2 dB) and 1.79 (2.5 dB). 

Accordingly we can associate changes in the multiplicative factor a in Z = 
aR b not only with changes in 7V W but also with fi . For example, a standard 
deviation of N w of a factor of three will lead to a change in a of a factor of 1.7 
and a change in rainfall rate derived from Z of ±40%. To this, we must add a 
similar change in a and Z from the range of /x; if the two are uncorrelated, then 
the error in R will be about 64%. If the range of values of N w is a factor of ten, 
this will lead to changes in a of a factor of three and a factor of two error in 
the rain rate. This gives us a good estimate of the error expected from a simple 
Z = aR b relationship because of variability in drop spectra. In Sect. 5.6, we will 
discuss a simple polarimetric method of estimating N w and hence gauging the 
value of a, leaving only the variability due to the unknown /x. 

5.4 Identification of Ground Clutter 
and Anomalous Propagation 

Anomalous propagation can be one of the most difficult signals to reject using 
conventional radar (Pamment and Conway, 1994), but fortunately their identifi- 
cation via polarisation returns is unambiguous. Both clutter and ‘anaprop’ give 
rise to non-Rayleigh scattering, so that the both the amplitudes and phases of 
the H and V returns are essentially uncorrelated. Accordingly, these signals can 
be identified by the following: 



5 Polarimetric Measurements 



145 



• The most reliable technique relies upon a copolar correlation of essentially 
zero as opposed to values above 0.9 for precipitation echoes (Caylor and 
Illingworth, 1992; Ryzhkov and Zrnic, 1998b). 

• A noisy </> dp profile (Ryzhkov and Zrnic, 1998b). 

• Higher values of LDR than occur in natural precipitation (Wilson et al., 
1995; Hagen, 1997). 

• Noisy estimates of Zdr which fluctuate between ±3 dB from gate to gate 
(Hall et al., 1984). 

5.5 Improved Rainfall Rates 
using Polarisation Parameters 

5.5.1 Introduction 

In this section, we discuss the improved accuracy in rainfall rates by using Zdr 
or Xdp- The error in R derived from Z alone can be up to a factor of two; the 
goal is to reduce this to ±25%. We shall initially consider cases when we know 
that the beam is dwelling in rain and there is no ice present. This will apply to 
summertime situations in the midlatitudes out to a range of about 75 km when 
the melting layer is above 2 km and no hail is present. The situation is more 
common in the tropics because the melting level is much higher and large hail 
is rarer. 

5.5.2 R = f(Z, Z DR ) 

The procedure outlined in Sect. 5.2.2 for calculating rainfall from Z and ^DR 
seems straightforward. Bringi and Chandrasekar (2001) suggest that at S-band 
Do = 1.529Zdr 0 ' 467 (with Zdr in dB) and that we should be able to estimate Dq 
from Zdr to within 0.1 mm; but plots of Do as a function of Zdr computed for 
normalised gamma functions (Fig. 5.7) with the ‘new’ drop shapes are initially 
discouraging, showing great sensitivity to fi. From Fig. 5.7, if Zrr = 1.5 dB and 
H = 0, then we have Dq = 1.5 mm, but for the narrower spectrum with /i = 5 
and the same Zdr, the absence of larger drops in the tail of the spectrum means 
that we need Do = 2.2 mm. However, the goal is to measure R not Do, and R 
is a function of both Do and \i. Fortunately, for Do= 2.2 mm and fi = 5, both 
the rainfall rate and the value of Z are about five times higher than for Do = 

1.5 mm and (x— 0. As we shall see in the next paragraph, this means that the 
value of Z per unit R as a function of Zdr for the normalised gamma functions 
has a much reduced dependence upon /i, with the curves for ji = 0 and /i = 5 
only 1 dB apart. 

In Sect. 5.2.2, we argued that Z/R should be a function of Zdr (5.2). Values 
of Z/R as a function of Zrr for the ‘linear’ (5.4) and ‘new’ (5.5) drop shapes 
are plotted in Fig. 5.8. These curves can be interpreted as the Z which would 
give R of 1 mm hr -1 for a particular value of Zrr. The rain rate scales with Z, 
so, if for a given Zdr, the observed value of Z is ‘x’dB above the line, then the 
rain rate is ‘x’dB above 1 mm hr -1 . 
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Fig. 5.7. Plot of Do against Zdr for the new drop shape models at S-band with fi = 0 
(o) and fi — 5 (x). The solid line is Do = 1.529Zdr 0-467 suggested by Bringi and 
Chandrasekar (2001) 



It was argued in Sect. 5.3.3 that a /i of 5 is the average value for natural 
rainfall. A third-order polynomial fit of Z/R as a function of Zdr for fi — 5 
gives the following expression for (5.2) (Illingworth and Blackman, 2002): 

10 log 10 (Z/fl) = 21.48 + 8.14Z dr - 1.385(Z DR ) 2 + 0.1039(Z D r) 3 (5.14) 

at S-band which is accurate to 0.5 dB. The equivalent expression at C-band is 

10 log 10 Z/R = 21.50 + 8.35Z dr - 1.89(Z DR ) 2 + 0.1976(Z DR ) 3 . (5.15) 

This assumes that the values of Zdr have been corrected for any attenuation to 
an accuracy of 0.2 dB. 

An alternative approach has been widely adopted in the literature (see dis- 
cussion in Bringi and Chandrasekar, 2001) in which the requirement for Z to 
scale with R for constant Zdr is dropped and a relationship of the form, 

R = ciZ H ai 10° 16iZdr , (5.16) 

is used. The coefficients are chosen by allowing the N w (or 7V 0 ), A) and (i to 
cycle over the ‘Ulbrich’ (Sect. 5.3.3) range of values, calculating Z, Zdr and 
R and performing a nonlinear regression. The curve proposed by Bringi and 
Chandrasekar (2001) with c\ — 0.0067, a\ = 0.93, b\ = —3.43 at S-band using 
the ‘new’ drop shapes for R = 1 mm hr -1 is also plotted in Fig. 5.8 and predicts 
rainfall rates 2 dB higher than (5.14), once Zdr is above 1 dB. For a higher rain 
rate of 10 mm hr -1 the nonlinearity with Z, introduced by a\ — 0.93, means 
that the curve would be 0.7 dB higher, but the rainfall overestimate would be 
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Fig. 5.8. Plot of Z/R against Zdr for the linear and new drop shape models at S-band 



still over 1 dB. Physically, it is difficult to justify using a value of a\ which is not 
unity, unless the heavier rainfalls are systematically associated with higher values 
of /i. Earlier relationships based on (5.16) (Gorgucci et ah, 1994; Chandrasekar 
and Bringi, 1988; Chandrasekar et ah, 1990) used the linear drop shapes and the 
‘Ulbrich’ range of No and fi (Illingworth and Blackman, 2002) leading to curves 
about 1-2 dB lower than the values of Bringi and Chandrasekar (2001) and a 
probable overestimate of the rainfall rate by up to a factor of two. 

If we seek a value of R accurate to ±25% (1 dB) then from Fig. 5.8 we note: 

• Accuracy of Zdr estimate. 

A 25% accuracy in R implies that Z/R should be known to 1 dB, which 
from the slope of the curves imposes a limit of 0.2 dB for the accuracy of 
the Zdr estimate for R > 10 mm hr -1 . For a rainfall rate of 3 mm hr -1 , an 
accuracy of 0.1 dB is needed. As we saw in Sect. 5.2.2, this is very difficult 
to achieve. 

• Calibration of Z . 

R is only as accurate as the value of Z, so a 25% error in R implies that Z 
must be calibrated to 1 dB. This is a serious constraint and will be discussed 
further in Sect. 5.6. 

• Sensitivity to drop shapes. 

The correct choice of drop shapes is crucial. The ‘new’ drop shapes will lead 
to rainfall rates from 1 or 3 dB lower than the traditional ‘linear’ shapes. 
Using the Andsager shapes (5.6) rather than Goddard shapes (5.5) changes 
the values of Z/R by less than 0.5 dB. 

• Theoretical limit to accuracy of R estimate. 

Supposing that the drop shapes are known, then the naturally occurring 
variability of /i limits the fundamental accuracy of the technique. If the 
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mean value of fi in rain is 5 but varies between 2 and 10, then this will 
introduce an uncertainty in the R estimates of about 0.5 dB or ±12%. A 
greater variability of [i with values down to 0 implies an error of 1 dB or 
25%. 

• Sensitivity to truncation of drop spectrum. 

A value of /i = 5 in rain introduces a natural truncation of the drop spectrum 
so that the curves in Fig. 5.8 are insensitive to the choice of maximum drop 
size, providing it is larger than 8 mm. 



5.5.3 R = /(Kdp) 

The potential advantages of deriving R from Kdp were summarised in Sect. 5.2.4, 
tempered by remarks on the noisy character of observed values of if dp- Plots 
of the values of if dp (one-way) as a function of R at S-band for the ‘linear’ and 
‘new’ drop shape models using the normalised gamma function with /i = 0 and 5 
with constant N w = 8000 m -3 mm -1 are displayed in Fig. 5.9 and demonstrate: 

• Sensitivity to drop shape model. 

For a value of if dp of 0.55° km -1 , the linear drop shapes with fi — 0 predict 
a rainfall of about 20 mm hr -1 rather than about 25 and 30 mm hr -1 for 
the ‘new’ drop shapes with /i = 0 and 5, respectively. This may account for 
the persistent underestimates of rainfall using ifop with these drop shapes 
(e.g., most recently, Brandes et al., 2001) from the widespread use of the 
Equation: 

fi = 40.56R D p 0 ' 866 . (5.17) 

Bringi and Chandrasekar (2001) suggest that using a coefficient of 50.7 rather 
than 40.56 is more appropriate for the ‘new’ drop shapes. 

• Increased nonlinearity and sensitivity to drop concentration and fi. 

We have argued that /i = 5 is more appropriate than pi = 0; over the range 
10-100 mm hr -1 with the new drop shapes at S-band (9.75 cm), this yields 

R = 50.1K dp 07 or K DP = 0.00417R 14 . (5.18) 

Note that the index for R of 1.4 in (5.18) is almost as large as the value of 1.5 
derived for a Z(R) relationship in Sect. 5.3.4 and identical to the index for 
the NEXRAD default Z(R) relationship ( Z = 300i? 1-4 ) quoted in Brandes 
et al. (1999). This suggests that, apart from the immunity to hail, many of 
the advantages claimed for the R(ifop) approach may be difficult to realise. 
Increases of N w by a factor of ten will lead to the inferred rainfall rate being 
underestimated by a factor of two for all values of R. Changing /i from 5 to 
0 reduces R by about 30% for values of R of about 20 mm hr -1 . 

The R(Kdp) dependence at C-band is similar to that shown in Fig. 5.9 but 
with the values of Kdp approximately scaled by the increased frequency. The 
appropriate equation for the ‘new’ drop shapes and /i = 5 at C-band (5.35 cm) 
is 

fi = 31.4fi D p 0 ' 7 or R dp = 0.00802fi 14 . (5.19) 
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Fig. 5.9. Plot of R against one-way Kbp at S-band for the linear and new drop shape 
models with N w - 8000 m~ 3 mm -1 and \i = 0 and 5 



Matrosov et al. (1999) present differential phase observations at X-band (3.2 cm) 
and suggest an equation similar to (5.19) for rain rates up to 15 mm hr -1 with 
a coefficient of 14.2 and an exponent of 0.85 for the linear shapes in (5.4) with f3 
of 0.062 mm -1 ; but they found better agreement with rain gauges if they used 
much less oblate drops with a rather unrealistic (3 of 0.044 mm -1 which gave a 
coefficient of 20.5. For these rain, rates they calculated that the maximum value 
of 5 was an insignificant 1°. Although 0 dp is larger at X-band, in heavy rain, 
the bigger drops will Mie scatter, so 5 will be larger and the correlation lower; 
both effects lead to an increasingly noisy 0 dp- 

Thus far, we have only discussed the form of the R(K dp) dependence. The 
next stage is to consider the error in the derived values of R , jr, resulting from 
the error in the differential phase estimate which can in theory be as low 
as 1° but in practice is at least 3°. The value of the one-way if dp is derived 
by a least squares fit through the N gates each of length A(r) to give a range 
resolution of L = N A(r) and has an error given by 



= (5 ‘ 20) 

The errors in if DP predicted from (5.20) appear quite encouraging (Bringi 
and Chandrasekar, 2001); with a gate length of 150 m, a resolution of 2.4 km 
and (70 of 1 and 3°, the value of ctkdp from a fit over the 16 gates is 0.18 and 
0.54° km -1 , respectively. However, Blackman and Illingworth (1997) extended 
the analysis to the context of an operational radar and derived the error in the 
rainfall rate, ctr, with an azimuthal resolution L to match the range resolution, 
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for a radar with a beam- width of 0 b at a range r, and derived an expression: 

= riRb-itf V^W ) , (5.21) 

where 0 h is in radians, R is the rainfall rate and a and b are the constants in the 
expression Adp = aR b . This leads to the following errors in rain-rate estimates: 

• Resolution of 2.4 km, range of 25 km, and of 1° . 

An R of 10 mm hr -1 can be estimated at 60% and R= 50 mm hr -1 at 6%. 

• For a more realistic cr^ = 3° and range = 100 km. 

The accuracy for R = 10 and 50 mm hr -1 is 361% and 40%. 

• Performance at C-band. 

At C-band, the value of b is about half that at S-band, so these percentages 
would be reduced by a factor of two, provided low values of can be 
achieved at C-band. 

• Performance at 4-8 km resolution rather than 2.4 km. 

The fractional errors are reduced by a factor of four, but at a range of 100 km, 
the S-band error at 10 mm hr -1 would be still 90% and 10% for 50 mm hr -1 . 

The remaining possibility is to multiply the dwell time by four which would halve 
the phase error, and the rain rate error, ctr, but lead to an unacceptably slow 
scanning rate. The use of the integrated differential phase shift, $dp, along a 
path length of 30 km (Ryzhkov et al., 2000) and 10 km (Bringi et al., 2001a) 
and exploiting the assumed linearity of the i?(A DP ) relationship to provide an 
integrated average rainfall over a catchment has been proposed but, for most 
applications, this approach leads to an unacceptable loss of spatial resolution. 
We are forced to conclude that the noisy characteristics of 0dp mean that Adp 
cannot provide sufficiently accurate rainfall rates at the scales of 2 km required 
in an operational environment. 

5.6 Improved Rainfall Rate Using Integrated 
Polarisation Parameters 

In this section, we analyse what information can be retrieved from the three 
parameters Z, Zdr and Adp. First, we look at their use in an operational 
environment and conclude that their accuracy is probably insufficient to provide 
an improved rainfall rate using all three parameters on the 2 km scale but that 
their integrated properties can provide a valuable constraint. We then consider 
how the nonindependence of the three parameters can be used to provide an 
autocalibration of Z to within 0.5 dB every time there is heavy rain. Next we 
discuss an alternative approach, whereby the radar is assumed calibrated but 
the nonindependence of the parameters is used to derive a drop shape model. 
Finally, we consider the ZPHI technique, whereby the value of the integrated 
phase shift is used to fix the value of a in the Z = aR b relationship. 
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5.6.1 R from Z, Zdr and Adp 

In the previous section, deriving R from Z and Zdr or from Adp were discussed. 
A natural progression would seem to be to use all three parameters, Z, Zdr 
and Adp, from which one might derive the three parameters of the normalised 
gamma function, 7V W , Dq and fi, and hence an improved rainfall rate. Several 
authors have published equations of the form: 

R(K d p , Z dr ) - cK DP a Z DR b (5.22) 

with the values of a, 5, and c obtained by a regression analysis of values obtained 
by scanning over the ‘Ulbrich’ values of No, D o and fi. Bringi and Chandrasekar 
(2001) provide a table of the coefficients in (5.22) with, for example, at S-band, 
c = 90.8, a = 0.89 and b = —1.69 (for Zdr in linear units). Four comments may 
be made concerning this approach: 

• Physical arguments would lead us to expect that a = 1. 

For a given value of Zdr, both R and Adp should scale linearly with 7V W . 

• The Z information is not used at all. 

Z can be estimated more accurately than either Zdr or Adp, but of course, 
Z must be calibrated, whereas Zdr and Adp are ’self-calibrating.’ 

• Insensitivity to hail. 

Although Adp is very noisy, it has the unique advantage that it is insensitive 
to hail, but in the above equation this advantage is lost. Hail will lead to a 
reduced value of Zdr and an erroneous inferred rainfall rate. 

• Nonindependence of Z, Adp and Zdr in rainfall. 

Once Z and Zdr are known, then the value of Adp can be derived. 

5.6.2 Autocalibration of Z using Polarisation Redundancy. 

Calibration of Z is sometimes neglected but is crucial if accurate rainfall rates 
are to be derived from Z alone or from both Z and Zdr. Traditional methods 
rely on characterising the link-budget or comparisons with rain gauges but are 
often only good to a factor of two. Goddard et al. (1994) showed (Fig. 5.10) that 
for rain, Adp/Zr is a unique function of Zdr, which is virtually independent 
of fi, and proposed that this redundancy could be used to provide an automatic 
calibration of Z to within 0.5 dB each time there was moderately heavy rainfall. 
The technique is as follows: The observed value of Z and Zdr at each gate along 
a ray are used to predict the value of Adp at that gate, and so the predicted 
phase shift at each gate can be calculated and added up to give the theoretical 
total phase shift along the ray, $dp- This total phase shift can be compared 
with the observed total phase shift and the value of Z scaled until the computed 
value agrees with the observed value, as illustrated in Fig. 5.11. The technique 
has the following advantages: 

• The total phase shift is a robust observation. 

The technique avoids deriving Adp by differentiating an observed noisy </> dp 
profile to give an even noisier gradient, but instead uses the two almost 
constant values of </> dp before and after the heavy rain. 
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Fig. 5.10. Autocalibration technique for Z at S-band. Values of one-way Adp/Z for 
the normalised gamma function as a function of Zdr. ‘New‘ shapes: ‘o’ (i = 0: ‘x’, 
(i = 5. ‘Linear’ shapes: fi = 5 




Fig. 5.11. Example of autocalibration. Different calibrations of Z lead to thee different 
traces for ^dp . Comparison with the observed <£dp in rain fixes the calibration of Z to 
0.5 dB (10%). The initial value of 0 dp is an arbitrary system offset 
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• Calibration accuracy of 10% or 0.5 dB. 

This can be achieved if an observed 0 D p of 10° can be estimated to l°accuracy. 
The calibration can be repeated for many rays, so that any anomalous rays 
with very noisy Zdr or </> dp can be recognised and rejected. 

• Insensitivity to errors in Zdr- 

Most of the phase shift occurs with Zdr of between 1 and 2 dB; so from the 
slope of the curve in Fig. 5.10, we only need estimate Zd r to about 0.4 dB 
to achieve the required calibration accuracy of 0.5 dB. 

• The drop shape model provides a limit to the attainable accuracy. 

The use of the ‘linear’ drop shapes rather than the new ones changes the 
calibration typically by about 1 dB (see Fig. 5.10). 

• The effect of attenuation. 

Le Bouar et al. (2001) express concern over attenuation of Z and Zdr- The 
technique does indeed fail at X-band, but if $dp at C-band is limited to 10°, 
then the Z attenuation is less than 0.5 dB and does not pose a problem. 

Gorgucci et al. (1999b) propose a rather similar calibration technique based 
upon examination of the consistency between the two polarimetric rain-rate 
estimates, one using Z and Zdr the other using Arp- Because this method 
involves deriving Adp directly from the observations, the noisy value of Adp 
introduces considerable scatter into the data, making the comparison rather 
difficult. 

5.6.3 Use of Polarisation Redundancy to Derive Drop Shape Model 

A rather different approach in exploiting the nonindependence of the polarisation 
variables in rainfall is to assume that the radar is independently calibrated but 
allow the raindrop shape versus size relationship to be a free variable which is 
fixed by the observations. Gorgucci et al. (2000) consider the raindrop spectrum 
to be described as a gamma function and calculate values of Z, Zdr, and Adp 
by cycling randomly over the ‘Ulbrich’ (Sect. 5.3.3) range of Ao, Dq and /i to 
be expected and also allow a variation of the values of the slope, /3 , in (5.4), for 
the linear model of drop shape. A nonlinear regression analysis yields: 

/ 3 = 2.37 Z H - 0 377 Adp 9 399 10 O O93Zdr . (5.23) 

They suggest that the (3 can be estimated to 10%. Inferred values in one storm 
range from 0.04 to 0.08, with average values falling from 0.061 to 0.053 for the Z 
ranges 40-45 dBZ to above 53 dBZ which they ascribe to raindrop oscillations. 
Gorgucci et al. (2001) use this approach and report rainfall estimates which are 
immune to changes in the raindrop shape-size relation. Recently, Matrosov et al. 
(2002) report that at X-band, the use of a variable f3 leads to improved rainfall 
rates than from Adp alone. The immunity to drop shape models provided by 
this approach is attractive, but the following caveats apply: 

• Apparent change of (3 with rainfall rate. 

Equation (5.23) is virtually identical to the Goddard et al., 1994) calibration 
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Fig. 5.12. The apparent value of (3 as a function of Zdr if the rain drop spectrum is 
described as a normalised gamma function with (i — 5 [lower curve (o)]. In the heavier 
rain, Do , and hence Zdr, increases and leads to an apparent fall in (3. The upper curve 
(x) shows the change in apparent f3 if the Z calibration changes by 1 dB 



curve; the indices of Zr and Kdp are nearly equal and opposite, so for a given 
/ 3 (5.23) reduces to a single curve of Zr/Kdp against Z D r. Rather than use a 
nonlinear regression, the values of Zr, Kdp and Zdr as Do varies have been 
calculated for a normalised gamma function with /a = 5, and the apparent 
value of (3 in (5.23) plotted out in Fig. 5.12 as a function of Zdr for the 
‘new’ drop shapes. From Fig. 5.12, we now see that the apparent fall of (3 in 
heavy (high Zdr) rain arises naturally from the fall in the Kdp jZ ratio with 
increasing Zdr in the calibration curve (Fig. 5.10), rather than appealing to 
drop oscillations (Gorgucci et al., 2000). 

• Sensitivity to calibration. 

Because the redundancy is being used to fix /3, it is assumed that Z is 
perfectly calibrated by some independent means. A small error of 1 dB in Z 
calibration will change (3 by about 10% (Fig. 5.12). 

• Drop shape model. 

The use of a single free variable (3 may not be sufficient to define the drop 
shape model; the intercept is also a variable (see Fig. 5.6) and the curve is 
not necessarily a straight line. 

• Sensitivity to noisy Kdp- 

This approach involves the implicit computation of Kdp from the obser- 
vations with its associated uncertainty, rather than the approaches above 
which use the more accurate integrated phase shift. 



5 Polarimetric Measurements 



155 



5.6.4 The ZPHI Technique 

The ZPHI technique is described by Testud et al. (2000), and encouraging re- 
sults at C-band in heavy tropical rainfall are reported by Le Bouar et al. (2001). 
This method uses the total phase shift, ^dp ? recorded along a path, along which 
Z is observed, to provide a constraint and fix the value of a in the Z = aR b 
relationship. We now describe the principle of the technique at nonattenuating 
wavelengths such as S-band. At shorter wavelengths, C-band and below, atten- 
uation can be appreciable, and the full technique which also uses the phase shift 
to correct for the attenuation is described in Testud et al. (2003), this book. 
In Sect. 5.3.4, it was shown that if naturally occurring raindrop spectra can be 
described by a normalised gamma function, then the value of b should be 1.5. 
Recall (5.12): 

Z / d \ 7 / 6.47 / R \ b 

k- h m(k) 'Mk)' < 5 - 24 > 

Figure 5.13 shows that, for a normalised gamma function, a log-log plot of 
K df /N w against Z/N w with varying Dq is also very nearly a straight line which 
is only weakly dependent upon g. Thus, we may write, 

K D p/N w = f{Z/N w )» or K dp = fNj-°Z» (5.25) 

where / and g are constants. Integrating along the path, r, we have: 

<?dp = /iVw 1-9 J Z 9 dr . (5.26) 

Accordingly, since / and g are known (Fig. 5.13) the value of N w in Eqn 5.26 
can be derived from the observed total phase shift, <£dp and the path integral of 
the reflectivity raised to the power ; the value of iV w then fixes ‘a’ in Z = aR 15 . 
Le Boar et al. (2001) report much improved rainfall rates at C-band, both as 
a result of the attenuation correction and from using the appropriate values of 
N w . The technique has the following characteristics: 

• The total phase shift is a robust observation. 

As for the calibration method described above, the technique avoids the use 
of a noisy value of Kdp obtained by differentiating the 0 dp phase profile, 
but instead reduces the noise by integration. Note the sensitivity to the drop 
shape model. For the new drop shapes, when Zh/ATw is below 1 (e.g., Z = 
39 dBZ and N w = 8000 m -3 mm -1 ), g increases and approaches unity, but 
this region does not correspond to the regions of heavy rainfall with large 
phase shifts. 

• Need for accurate calibration of Z. 

Any calibration error in Z will directly affect the derived value of N w and the 
value of a in the Z — aR b relationship. Le Bouar et al. (2001) suggest that the 
method can be used to calibrate Z, based on the ‘climatological’ stability of 
N w . They also propose a calibration technique which relies on the consistency 



156 



A. Illingworth 




Fig. 5.13. Kbp/N w for rain at S-band as a function of Zn/N w for a normalised gamma 
function with fi= 5: x - New shapes. * - Linear shapes. The ZPHI technique relies on 
this curve being a straight line with constant slope g which is not unity 



of deriving the rainfall rate from ZPHI and from an attenuation corrected 
Zdr and the inferred attenuation coefficient; in other words, the method 
exploits the integrated phase information, Zdr and Z, and is equivalent to 
the calibration techniques in Sect. 5.6.2 in another guise. 

• Sensitivity and operation in moderate rain rates. 

At C-band, ^dp must be above 6° if R is to be estimated to 32% and above 
32° for 21% error. At this frequency, 10 mm hr -1 has a one-way Kdp of 0-2° 
km -1 which would need to extend over 15 km to produce a total differential 
phase shift of 6°. For 50 mm hr -1 , the distance would be 2 km, and for 3 mm 
hr -1 , 75 km. All distances need to be multiplied by 5 to reduce the rainfall 
error to 21%. 

• Constraint of constant N w along the path. 

This is quite restrictive, but the path may be divided into segments provided 
that the total differential phase change per segment is at least 6°. 

• Interference from hail. 

A means of recognising hail is needed, otherwise hail will increase Z but not 
affect ^dp and so lead to errors in inferred values of 7V W . 

The ZPHI technique is clearly a very powerful constraint for providing accu- 
rate rainfall rates in heavy rain. It is particularly applicable to the tropics where 
hail is most unlikely. Based on the results of Matrosov et al. (1999), there is 
scope for extending the ZPHI technique to X-band for moderate rain rates. 
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5.7 Improved Rainfall Rates When Ice May Be Present 

In this section, we will consider two situations when the radar beam may be 
scanning a region containing icy hydrometeors. Firstly, in the summertime, hail 
in convective clouds can occur at lower levels where the temperature is above 
freezing. Secondly, in the wintertime and at longer ranges in all seasons, the beam 
will be dwelling in regions above the freezing level and can expect to encounter 
ice. In many papers, only the first situation is addressed (e.g., Brandes et ah, 
1999), but at a 200 km range, even in the summer, the lowest elevation beam of 
a NEXRAD radar will be sampling ice. 

5.T.1 Estimating Rainfall When Hail May Be Present 

Apart from the use of Adp alone, the techniques described in Sect. 5.6 for 
estimating rainfall rely upon an independent means of identifying the presence of 
hail. Hail cannot be identified unambiguously from the observed values of Z and 
Zdr, but its presence will raise Z and depress Zdr. The calibration technique 
of Goddard et al. (1994) relies on the consistency of the observed values of Z, 
Zdr at each gate and the total observed phase shift ^dp along each ray within 
rain. Smyth et al. (1999) took this argument one stage further, suggesting that 
the best technique to identify hail is to continually monitor these three variables 
along each ray and use the failure of consistency as an indication of the presence 
of hail. When hail is present, then the only approach is to use one of the R(Kj^p) 
equations to estimate the rainfall. 

5.7.2 Estimating Rainfall When the Beam is at or above 
the Freezing Level 

Essentially, we are dealing with the problem of correcting for the vertical profile 
of reflectivity. This is a major operational problem and is dealt with in this book 
by Germann and Joss for mountainous regions and by Koistinen et al. for a cold 
climate. Can polarisation help in this problem? We must distinguish between the 
stratiform case, when there is an enhanced reflectivity, Z\Z, of up to 10 dB to 
13 dB associated with the melting of low density snowflakes and a rapid fall-off 
of reflectivity in the ice above the bright band, and the convective case, when 
the higher density graupel particles are not associated with a bright band and 
the fall of reflectivity with height is less pronounced. 

The bright band can easily be identified by its very obvious polarimetric 
signature; the values of LDR are generally in the range —14 to —18 dB and far 
higher than that of other precipitation particles. The value of Z is enhanced in 
such regions, AZ is about 10 dB higher than in the rain below. Melting graupel 
is associated with lower values of LDR of about —22 to —26 dB and values of Z 
similar to that in the rain below ( AZ — 0 dB). This suggests that the value of 
LDR measured at the height of the 0° isotherm (obtained with an accuracy of 
1° or so from an operational model) can be used as the basis of a bright band 
correction system. Before this is done, the following aspects must be addressed: 
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• Is there a reliable relationship between the LDR value and AZ ? 

How reliable is it, and what is the quantitative performance of a Z correction 
scheme based on it? 

• Effect of range on the observed bright band. 

The bright band is typically about 600 m deep and so at larger ranges will 
not fill the beam of a 1° radar. This means that the observed AZ will be 
less. LDR should also be lower, but how well related are the two variables? 

• Absence of a bright band in convection. 

How reliable is the value of LDR which indicates the presence of graupel and 
the absence of a bright band? 

• Propagation effects at C-band. 

As the beam propagates through regions of finite LDR, the targets depolarise 
the incident beam, and the apparent value of LDR rises with range. The effect 
is negligible at S-band but needs to be quantified at C-band. Is a correction 
scheme needed at C-band and can one be developed? 

Deriving rainfall at the ground, once the radar beam is dwelling only in the 
dry ice above the melting layer, is a challenging problem which is very important 
for operational radars at most ranges in the cold season and for cold climates, 
as extensively discussed in this book by Koistinen et al. The snow occurring at 
these heights does not have any very marked polarisation characteristics which 
can be exploited. 

5.8 Correction for Attenuation 

Gate by gate correction schemes are notoriously unstable (Hitschfeld and Bor- 
dan, 1954) and very sensitive to small calibration errors (Hildebrand, 1978). 
Differential phase shift provides a very powerful technique to correct for atten- 
uation. In heavy rain, attenuation at C-band is a severe problem and affects 
both Z and Zdr. For example, at 40 mm hr -1 , the attenuation, Ah, is about 
0.5 dB km -1 and the differential attenuation, Adp, is about 0.1 dB km -1 . In 
the literature, there are many expressions of the form 

Ah = Kp>p b , (5.27) 

and 

Adp = (3Knp b . (5.28) 

In the Rayleigh limit, Ah is proportional to liquid water content (LWC) 
and for drop shapes which vary linearly with size, if dp is proportional to the 
product of LWC and Do, so at S-Band, the value of b in (5.27) is about 0.84. 
At C-band, the larger drops Mie scatter and absorb more, so that (5.27) is very 
nearly linear. This suggests that correction for attenuation using if dp or <2>dp at 
C-band should be reasonably straightforward. In practice, the following factors 
need to be considered. 
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• Temperature effects. 

Attenuation depends upon the imaginary part of the dielectric constant 
which changes with temperature, but Adp is a function of the real part 
which is constant. Attenuation is about twice as large at 0°C as at 20° C. 
Operational models provide a reliable temperature structure, so, in principle, 
this effect can be corrected for. 

• The precise value of a and j3 is a matter of some dispute. 

Bringi et al. (1990) quote 0.054 and 0.0157 dB °C _1 , respectively, at 15°C, 
but Carey et al. (2000) find that reported values range over a factor of two. 

• Variation with Dq. 

Changes in the value of Dq and hence the degree of Mie scattering are 
probably the cause of this spread (Smyth and Illingworth, 1998; Carey et al., 
2000). One method of resolving this difficulty would be an iterative approach, 
whereby the attenuation-corrected value of Zdr is used to estimate Dq and 
hence the correct value of a and (3. 

Our aim is to correct attenuations of Z to 1 dB and Zdr to 0.2 dB (or better), 
so clearly, a quite complex attenuation correction is needed in the heaviest rain. 
There are two alleviating factors. In heavy attenuating rain, the value of ^dp 
is large, and it may be possible to use the ZPHI method to correct for Z and 
avoid the more stringent requirement for correcting Zdr. Smyth and Illingworth 
(1998) suggested using an additional constraint; the value of Zdr on the far 
side of a storm where Z is low should be close to 0 dB. Any negative values of 
Zdr provide a path integrated constraint for the total path integrated value of 
Adp. An (the total path attenuation) can then be derived from Adp through 
a simple multiplicative factor because both have the same temperature depen- 
dence. Bringi et al. (2001b) have combined these two constraints, $dp and Zdr 
on the far side of the rain cell, so that the uncertain values of a and /? in (5.27) 
and (5.28) are no longer prescribed but are derived along with values of Do; the 
results are remarkably good, and the technique is confirmed by the agreement 
with disdrometer values of Dq. 

5.9 Identification of Hydrometeors 

Thus far, we have discussed identification of hydrometeors in terms of hail and 
melting snow impacting upon rainfall estimation. Hydrometeor identification 
itself is important for identifying severe weather (hail), for evaluation of the 
representation of different hydrometeors both in NWP models and in cloud re- 
solving models (CRMs) and ultimately for assimilating hydrometeor information 
into such models. Particle classification also leads to a deeper understanding of 
the processes involved in precipitation formation and growth, so that conceptual 
and numerical models can be improved. This is especially important in under- 
standing deep convective systems, as discussed in this book by Meischner et al. 
Straka et al. (2000) provide a very thorough review of the range of values of 
Z, Zdr, Adp, LDR and puv expected for hail, graupel, rain, rain and wet hail 
mixtures, and snow crystals and aggregates. For example, hail can be identified 
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by its high value of Z which is accompanied by lower values of Zdr and A"dp 
than would be expected for rain. Liu and Chandrasekar (2000) have extended 
this classification using a fuzzy logic scheme; the in-situ validation data are very 
encouraging. 

One difficulty that remains is that of identifying different forms of ice crys- 
tals. Matrosov et al. (2001) analysed the variation of the depolarisation ratio 
with elevation angle in terms of the ice particle aspect ratio and found that 
quasi-circular polarisation provided the best discrimination. In theory, pristine 
crystals have high density and so should give distinctive polarisation signatures. 
However, from an extensive analysis of insit u data in stratiform clouds, Korolev 
et al. (2000) concluded that pristine crystals were rare and that 85% of ice parti- 
cles were of irregular form. The problem is that the occasional large, low density 
aggregates, which look spherical to the radar, dominate the radar return and 
mask the returns from the smaller crystals. This is confirmed by Wolde and Vali 
(2001) who found that in theory, different crystal habits could be distinguished 
using a 94 GHz polarimetric cloud radar, but that for real clouds polarimetric 
signatures were found for only a very few per cent of observations. Ryzhkov et 
al. (1998) suggested that the IWC should be related to a function of i^Dp/^DR 
which should be insensitive to particle shape. Results were encouraging for re- 
gions containing pristine crystals, but the difficulty is that in the more common 
regions of aggregates, the values of the parameters are low and noisy and the 
IWC function is ill defined. There is some scope for identifying ice particles by 
their signatures when they melt; for example, pristine plates will give very high 
Zdr when they get wet, but after falling 100 m or so will melt completely. We 
conclude that the polarimetric radar properties can be used to identify the larger 
hydrometeors but are usually unable to differentiate between the smaller types 
of ice particles. 

5.10 Conclusion 

This review has identified some powerful techniques based upon polarimetric 
observations. In the following discussion, we shall assume that ‘new’ raindrop 
shapes of (5.5) are accurate and that natural raindrop size spectra can be rep- 
resented by a normalised gamma function with a mean shape factor of 5 and a 
range of 1-10, and an average normalised concentration N w of 8000 m -3 mm -1 
with a range of up to a factor of ten both larger and smaller. This range leads 
to a relationship of the form Z — aR 1,5 with a proportional to 1 /y/N w and 
errors of up to a factor of two in rain rate. If we are to estimate rainfall rates to 
better than 25%, then it may be necessary to account for the increased terminal 
velocities (^ 10% at 2 km) aloft (Matrosov et al., 2002). 

• Ground clutter and anomalous propagation 

They can be recognised at each gate using polarimetric parameters. Par- 
ticularly powerful is the use of the copolar correlation coefficient as a data 
quality check. 
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Rain rates from Z and Zdr 

Z should scale with R as for a given Zdr (or Dq) as N w changes; this leads 
to a formula of the form ZjR — /(Zdr) given by (5.14) at S-band and (5.15) 
at C-band. For rain rates to be accurate to 25%, Z must be calibrated to 
better than 25% (1 dB). Zdr must be accurate to 0.2 dB for R > 10 mm 
hr -1 and 0.1 dB for R > 3 mm hr -1 . Such Zdr accuracies are difficult to 
achieve in practice on a scale of 2 km. 

Rain rate from Adp 

This technique is attractive because of its immunity to both calibration er- 
rors and to attenuation and its insensitivity to hail. However, the exponent 
in i^DP— aR b is about 1.4 and not very different from those in Z-R rela- 
tions, so the R derived from Adp has almost the same sensitivity to changes 
in raindrop spectra as R derived from Z, and the scope for using a path in- 
tegrated phase shift to infer rainfall over a catchment is limited. In addition, 
the differential phase measurement is inherently noisy and in practice is also 
extremely sensitive to small amounts of ground clutter or mismatched side- 
lobe signals. As a result the R estimates from Adp are not accurate enough 
for operational work at 2 km resolution unless hail is present. 

Use of integrated polarisation parameters 

We conclude that at the 2 km scale needed for an operational system, the ad- 
ditional information from Zdr and Adp is insufficiently accurate to improve 
rainfall estimates but that the use of integrated polarisation parameters can 
provide a valuable constraint. 

Autocalibration of Z and identification of hail 

Z can be accurately calibrated to 0.5 dB (10%) by exploiting the fact that 
Zdr and Adp are not independent in rain but that Adp/Z is a unique 
function of Zdr. The technique is to compute the predicted total theoretical 
differential phase shift along a ray (^dp), by integrating the value of Adp 
predicted from the observed values of Z and Zdr at each gate and then 
scaling the Z values so that the predicted value of ^dp agrees with the 
observed one. This technique avoids using the noisy observed Adp- The 
presence of hail can be inferred from the failure of the redundancy exploited 
in the calibration technique. 

Drops shape constraint from polarisation redundancy? 

An alternative approach is to exploit this redundancy by choosing the value 
of P in the drop shape (5.4) so that the observed Z, Zdr and Adp are 
consistent, but the accuracy is limited because this approach uses the very 
noisy observed values of Adp . It seems more sensible to accept the extensive 
measurements of drop shape and use the redundancy to fix the Z calibration. 
The ZPHI technique to fix a in Z = aR 1,5 in heavy rain 
The observed path integrated differential phase shift, $dp, together with 
the integrated value of Z along the ray can be used in the ZPHI technique 
to provide a constraint to N w and hence an estimate of a in Z = ai? 1 * 5 , 
provided there is no hail present. The technique is limited to rather heavy 
rainfall because ^dp at C-band must be at least 32° if the error in R is to be 
reduced to 21%. Increased phase shifts at X-band may be counteracted by 
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the extra noise introduced by Mie-scattering effects, such as differential phase 
shift on backscatter and a lowering of the copolar correlation coefficient. 

• Use of ft dp to correct Z and Zdr for attenuation 

dp is nearly linearly related to attenuation at C-band but the constant 
changes with T and Dq . Correction of attenuation using the ZPHI technique 
is discussed by Testud et al. (2003), this book. Further improvements to 
the attenuation correction may be possible when the ZPHI $dp constraint 
is combined with the requirement that the total differential attenuation is 
consistent with the values of Zdr expected on the far side of a heavy rain 
echo. There is scope for using the ZPHI method at X-band (3.2 cm) provided 
the rainfall is not too heavy so there is total loss of signal. 

• Integrated Z/Zrr technique in regions of low rainfall 

In regions of moderate or light rain where the phase shifts are too low for 
the ZPHI technique, the average value of N w over a domain can be inferred 
from the many estimates of N w from Z and Zrr made at each gate. The 
random errors associated with noisy Zdr should average zero, and providing 
Z is accurately calibrated, the mean value of N w can be estimated, and hence 
accurate (25%) rainfall estimates obtained down to perhaps R = 3 mm hr -1 , 
but this still remains to be demonstrated. 

• Hydrometeor Identification 

Combined polarisation parameters can be used to distinguish the different 
types of the larger hydrometeors and this should be useful in evaluating pa- 
rameterisation schemes in Numerical Weather Prediction (NWP) models and 
the performance of Cloud Resolving Models (CRMs), and may ultimately 
be used for assimilation into such models (see Macpherson et al., 2003, this 
book). 

To summarise, we find that polarisation radar has the potential to remove 
most of the ambiguities which arise when Z alone is measured with a conven- 
tional radar. However, the difficulty of estimating rainfall rates at the ground at 
long ranges when the beam is dwelling in ice above the melting layer remains. 
In all these applications, it is important to use the latest ‘new’ raindrop shapes. 
It may be that the use of the ‘linear’ drop shapes is responsible for some of the 
disappointing rainfall estimates reported in the literature. The requirement for 
pulse to pulse switching of polarisation can be avoided by the use of ‘hybrid’ 
(45°) transmission, but this approach will probably not reduce the noise of the 
differential phase measurement. Ground clutter and ‘anaprop’ can be unambigu- 
ously recognised, but generally, the parameters cannot be estimated accurately 
enough to contribute independent information to improve rainfall estimates on 
the operational scale of 2 km. However, when the parameters are integrated over 
a domain, they can correct for attenuation in C-band systems, provide abso- 
lute calibration of Z to 10% and reduce errors in inferred rainfall rates from 
a factor of two down to about 25%, effectively, by fixing the value of a to be 
used in Z — aR 1,5 over a domain. Finally, to accompany these improved rainfall 
estimates, the polarisation parameters can also provide an estimate of the error 
which is essential for use in data assimilation. 
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6.1 Introduction 

With increasing population, the impact of severe weather on socioeconomic sys- 
tems is increasing worldwide. This is underlined by spectacular incidences of 
flash floods, hurricanes, and hail events with their impact on air and ground 
based transportation systems or big events like the Olympic games (Parker, 
2000; Pielke and Pielke, 1999). Further, the interaction with the global climate 
system, with vertical exchange of trace gases by deep convective systems, on 
one side, and the increased variability of severe weather as a result of global 
warming, on the other side, is becoming more and more a focus of research. All 
these topics call for a better understanding of severe weather systems with the 
goal of improving forecasts. 

An intense interaction of modelling efforts with observations is needed to im- 
prove the understanding of the life cycle of weather systems, which are charac- 
terised by the development of cloud and precipitation particles in a huge variety 
of dynamical structures. Frontal systems and mesoscale convective complexes de- 
velop a number of characteristic features. Polarimetric Doppler weather radars 
provide an excellent tool for investigating these features because of their poten- 
tial to follow the coupled microphysical processes and dynamical developments 
simultaneously with suitable resolution in space and time. 

Although versatile polarimetric and Doppler radar measurements, precisely 
adapted to the weather system of interest, give the most insight into 3-D struc- 
tures and processes, complementary measurements such as those of satellites, 
lightning detection systems and aircraft have been combined in recent field ex- 
periments. The most impressive progress of all these efforts is in the availability 
of comprehensive data sets for comparison with numerical atmospheric modelling 
results and, increasingly, for data assimilation in numerical weather prediction 
models, as discussed by Macpherson et al. (2003), this book. The respective res- 
olutions of radar observations and model calculations are converging in space 
and time. 

In this chapter, we will describe the formation and life cycle of selected 
mesoscale weather systems, including fronts and a variety of deep convective sys- 
tems investigated with the polarimetric Doppler radar POLDIRAD (Schroth et 
al., 1988), and the Karlsruhe Doppler radar (Gysi, 1995) during the last decade. 
These case studies have been selected from a great number of observations as 
representive of typical midlatitude weather systems producing heavy precipita- 
tion and high wind speeds. They demonstrate the improved insight gained by 
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the full potential of Doppler and polarimetric radar measurements - as described 
by Gekat et al. (2003), this book - and they lead to conceptual models which 
will be presented. These models not only characterise local observations, but 
they are consistent with radar measurements reported from across Europe, the 
United States and other parts of the world. 

We present a frontal system, a squall line, a hybrid type storm, a supercell and 
a tornado. We describe principles known today, underline them with conceptual 
models, and then show and discuss radar observations. 

6.2 Frontal Systems 

Frontal systems are among the most recognised and most frequent weather phe- 
nomena in mid and high latitudes that are connected with intense precipita- 
tion. Numerous case studies have been reported. Radar observations, including 
Doppler measurements and the use of composites from several radars covering a 
mesoscale area, have contributed to understanding their complexity and the de- 
velopment of associated precipitation patterns. Excellent overviews are given by 
Hobbs (1987) and Browning (1990). The state, as summarised by Hobbs (1987) 
was. 

“The regions of relatively heavy precipitation are organised into large meso- 
scale (~ 10 3 -10 4 km 4 ) rain-bands which are classified into five types: warm- 
frontal, warm-sector, cold- frontal (wide and narrow), prefrontal cold-surge, and 
postfrontal bands. The rain-bands themselves are composed of smaller mesoscale 
areas (~ 10-10 2 km 2 ) or “cores” of precipitation. In some of the rain-bands 
the precipitation cores often originate in higher- level generating cells, probably 
produced by the lifting of potentially unstable air. The generating cells provide 
“seed” ice crystals, which grow by aggregation and riming as they fall through 
lower cloud layers produced by large mesoscale or synoptic scale lifting of the air. 
In these cases the rain-bands move with the velocity of the upper-level winds at 
the levels of the generating cells and therefore tend to move through the cyclonic 
storm. Other rain-bands have their origins in lower-level convection. For example, 
narrow cold-frontal bands are fed by moisture from a low-level, southerly jet of 
air which the cold front progressively overtakes. The narrow cold- frontal band is 
therefore anchored to the cold front. Appreciable precipitation on the mesoscale 
in cyclonic storms is invariably associated with high concentrations (~ 1-100 l~ 1 ) 
of ice particles. Small hills may play an important role in triggering or enhancing 
mesoscale rain-bands in cyclonic storms in regions where the air is unstable. The 
precipitation over and downwind of large mountain barriers, on the other hand, 
may be disrupted because the orography interferes with the low-level, southerly 
flow of air which provides the front its principal source of moisture.” 

Both reviews by Hobbs (1987) and Browning (1990) show detailed conceptual 
models for the most typical systems investigated so far. 

Many more details of such air flow patterns both generally and in connectioin 
with the small scale precipitation cores, however, can be investigated by the VAD 
and ECUW techniques mentioned in Gekat et al. (2003), this book. Recently 
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Fig. 6.1. Radar picture (PPI) of the front at 0121 UTC on 19 December 1987. Doppler 
velocity on the left, reflectivity on the right. Range circles are every 20 km. Areas 
surrounded by black lines are (from left to right) Augsburg, Ammersee, Starnberger 
See and Munich. The color version is given in color Fig. 14. on page 323 



available polarimetric measurements also allow the formation of precipitation to 
be described in much more detail. 

A cold front in southern Germany, connected with pronounced narrow rain- 
bands, has been analysed in such detail and the orographic impact of the Alps 
has been documented by Hagen (1992). 

Figure 6.1 shows the radar reflectivity and the Doppler velocity of that cold 
front from 19 December 1987, as it approached the radar site at Oberpfaffenhofen 
from the northwest. 

The narrow rain-band structure as well as the velocity jump are easily recog- 
nisable. A section showing the measured Doppler velocities across the front (Fig. 
6.2), gives the wind flow with a strong updraft resulting in the pronounced nar- 
row rain-band. The lowering of the zero degree isotherm from the prefrontal to 
postfrontal situation is clearly recognisable by the bright band, representing the 
melting layer. 

The narrow rain-band is composed of individual rain cores, arranged with the 
local wind field structure, as analysed in detail by VAD and ECUW techniques 
Hagen (1992). Developments in the rain-bands when approaching the Alps are 
documented by Fig. 6.3. The radar-observed rain-band together with the wind 
shear are confirmed by the analysed synoptic surface observations, where avail- 
able. The intense precipitation of more than 20 mm/h lasted for a few minutes 
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Fig. 6.2. (a) Radar picture (RHI) showing Doppler velocity (top) and reflectivity 

( bottom ) perpendicular to the front at 0133 UTC ( along cross section A B in Fig. 
6.3). (b) Wind vectors as derived from the Doppler velocity. In this figure, the front is 
moving to the left. More details are to be recognised in color Fig. 15 on page 324 



only, but the rain-bands maintained their general structure for more than 6 hours 
travelling a distance of about 300 km. 

One main finding of this study is that this ordered local flow pattern at 
the rain-band cores finally is destabilised, together with a breakdown of the 
southwesterly prefrontal low-level jet or conveyor belt, when the front approaches 
the Alps. Therewith, the front movement is decelerated when the first mountain 
ridge is reached and retarded by some hours at the main ridge of the Alps. 
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Fig. 6.3. Position of the cold front at the indicated times (UTC) on 18 and 19 Decem- 
ber 1987. Areas with high reflectivity along the front are hatched, is the wind shear 
zone. The data are based on PPI-scans with 1.5° elevation. I Radar Oberpfaffenhofen, 
(0,0 km). The orography (m MSL) is shaded. The inset shows the propagation of the 
precipitation cores. A cross section along A B is shown in Fig. 6.2 



Some details of the precipitation process can be followed by polarimetric 
measurements (Fig. 6.4). This figure shows the combination of reflectivity and 
differential reflectivity of a RHI scan across the rain-band. The temperature 
profile at Munchen-Oberschleissheim at 0144 UTC, about 5 minutes after the 
frontal passage, is also shown. At a height of about 1.5 km and to the right 
and left of the precipitation core, Zr and Zrr are enhanced due to melting ice 
particles, representing the bright band. In the updraft region, Zrr is greater 
than 0.4, suggesting big drops which are suspended in the updraft. Bigger drops 
are also indicated by an extended region of large Zr in the updraft. Above the 
freezing level, such big drops start to freeze and rime, forming graupel. Also snow 
aggregates mixed in from above grow by riming. The occurrence of graupel and 
large ice aggregates is indicated by the fact that in the upper part of the updraft, 
a considerable part of the high reflectivity region (above 34 dBZ) shows low Zrr. 
With the airflow, the graupel and aggregates are transported to the left which 
is outside of the updraft. There they fall and melt giving the narrow shaft of 
precipitation core to the rear of the updraft. In this shaft, with Zr ~ 45 dBZ 
and Zdr ~ 2 dB, a median drop diameter of 1.7 mm is estimated, following 
Seliga and Bringi (1976). 
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Distance (km) Temperature (°C) 

Fig. 6.4. Reflectivity (Zh) contour lines and differential reflectivity Zdr shaded of a 
RHI scan at 0228 UTC with azimuth 170°. The air flow is estimated from Doppler mea- 
surements. The right side shows the temperature profile at Munchen-Oberschleifiheim 
at 0144 UTC 



6.3 Deep Convective Systems 

6.3.1 Storm Classification Scheme 

The manifestation of thunderstorm cells is closely related to the microphysi- 
cal processes responsible for the formation of precipitation. A cell is defined by 
closed contours of radar reflectivity which, in turn, is a function of the num- 
ber concentration, size distribution and thermodynamic phase of the particles 
involved. In their developing stages, the cells coincide with individual updraft 
turrets. Later on, reflectivity maxima may also be caused by particle growth 
in favoured regions of a developed storm circulation, for example, in the main 
updraft of a mature thunderstorm. 

According to Foote (1985), the storms may be classified as 

• ordinary or single cells 

• multicellular storms 

• supercell storms. 

These are more or less archetypal structures representing fixed points on 
an essentially continuous scale of storms with the single cell as the basic unit. 
Nevertheless, these types can be used to represent classes of storms having the 
same basic features in common. 

The characteristics of a single cell storm are shown schematically in Fig. 6.5. 
The complete cycle of precipitation development and fallout takes place in one 
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cell. Particles are not transferred into another cell. At time £1, the cell is in its 
cumulus stage. It consists exclusively of cloud droplets or small ice crystals not 
yet detectable by S- or C-band radar. At time £ 2 , a first radar echo has developed 
due to the presence of rimed ice particles, graupel, snow, or raindrops. The cell 
now is in its growing stage. Intense riming of these particles resulting in centime- 
ter sized hailstones occurs at £ 3 when the cell enters its mature stage. While the 
upper part of the cloud is still growing, a first downdraft has formed associated 
with the fallout of precipitation. At £ 4 (decaying stage), the cloud releases its 
precipitation to the ground in connection with an intensified downdraft often 
called a downburst. In the upper part of the storm, the updraft air has spread 
horizontally on reaching an equilibrium level forming the typical thunderstorm 
anvil. If the hailstones are large enough that they do not melt completely during 
fallout below the melting level, they hit the ground and may cause damage. But 
due to the transient nature of the cell and its relatively low propagation speed, 
the resulting hailswath at the ground is usually small. The duration of the hail- 
fall is only a few minutes. The typical time interval between each consecutive 
snapshot in Fig. 6.5 is 5 minutes. Single cell storms may occur either in isolation 
or organized in large scale complexes or lines. Here, they can coexist and interact 
with other single cells or even form multicell or supercell storms. 




Fig. 6.5. Schematic diagram of a single cell thunderstorm. Four different stages of cloud 
development are shown (£1 through £4). Graupel forms at £2, hail at £3 and precipitation 
falls out of the cloud at £4. The solid lines indicate contours of radar reflectivity with 
increasing values toward the cloud’s interior 



In multicell storms (Fig. 6.6), cells in all stages of development coexist, 
each one forming a part of the same storm system. One large updraft provides 
the root for the individual towers which become clearly visible in the higher parts 
of the storm. The hail formation processes are active simultaneously, the different 
stages acting in different cells. In contrast to that, they are active consecutively 
in time within the single cells. Because of the multicellular structure of the storm, 
an exchange of particles among the different cells may occur. 

Graupel falling in the growing cells (feeder cells) above the low level inflow 
region can be swept toward the storm’s center where they enter the main updraft 
region. Following such trajectories, these particles are recirculated into the storm 
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Fig. 6.6. Schematic diagram of a multicell thunderstorm. A succession of cells in 
different stages of development can be seen contributing to a common cloud mass. 
Graupel particles are forming in the newly grown cells in the left part of the figure. 
Later, in the mature stage of the cell, these graupel can act as hailstone embryos. Hail 
formation largely takes place right at the top of the weak echo region (WER). The solid 
lines indicate contours of radar reflectivity with increasing values toward the cloud’s 
interior. The trajectory of an ice nucleus growing into a hailstone is indicated by the 
dotted line 



and start to rise again. In the main updraft, they may encounter very high liquid 
water content areas and can grow into large hailstones while crossing the main 
updraft horizontally. On the downwind side, hail particles enter the storm’s main 
downdraft and rapidly fall down to the ground. The processes described here 
give rise to the typical radar structure of these cells: a forward flank (vault-like) 
overhang of particles growing into hail on top of a weak echo region (WER) of 
high liquid water content (cloud water, usually not detected by radar). Updraft 
speeds in the WER are too high for graupel or hail particles to penetrate these 
regions in appreciable amounts. If the storm is less intense or if the contributing 
cells have a wider spacing, the graupel originating in the feeder clouds may 
fall out of the cloud before being able to recirculate. A WER does not exist 
in this case. Hailfalls from such systems are less intense than those resulting 
from vaulted multicells. Multicell storms are more persistent than single cells, 
typically lasting 10 to 60 minutes. The associated hailswaths are in the range 10 
to 100 kilometers in length (Holler et al., 1994). 

Supercell storms are formed by a single large updraft (Fig. 6.7) which does 
not break up into multiple branches. 

The graupel particles which can later grow into hail are formed at the fringes 
of the updraft zone on the upshear side (with respect to midlevel shear) of the 
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Fig. 6.7. Schematic diagram of a supercell thunderstorm. The storm is formed by a 
large, quasi-stationary cell. All the different stages of hail formation (particle trajectory 
indicated by the dotted line) take place within the same cell but at different locations. 
The solid lines contour the radar reflectivity with increasing values toward the cloud’s 
interior 



storms. These regions play the part of the feeder cells in the multicellular case. 
The subsequent phase of hail growth is basically similar in multicells and su- 
percells, except for the larger updraft size of supercell storms. Supercells have 
a much higher persistence than the other types of storms. Their quasi-steady 
structure is maintained for more than half an hour (by definition, see Brown- 
ing, 1977), but these cells can last for several hours - extreme cases of up to 12 
hours duration have been reported by Paul (1973) - and the corresponding hail- 
swath can extend some hundred kilometers in length. The “Munich hailstorm” 
of 12 July 1984 showed such characteristics (Holler and Reinhardt, 1986). 

Between the discrete multicell development and the steady supercells, tran- 
sitional forms of storms can be observed. These storms have been termed weak 
evolutionary or hydrid storms (Nelson and Knight, 1987; Nelson, 1987). One 
example will be described below. 

In the scale above cloud scale, the mesoscale, the guideline for classifying 
storm organisation is the shape of the radar echo. Four basic configurations 
have been identified (Holler, 1994): 

I: Isolated storms. Thunderstorms are more or less isolated from each other 
and are not embedded in common reflectivity contours. Such isolated storms 
may appear as singular events or be irregularly scattered. 

C: Clusters or complexes of storms. Thunderstorms are closely grouped to- 
gether, embedded in a circumscribed reflectivity contour. A variety of clus- 
ters might coexist at a given instant at different locations in the observational 
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area. A cluster does not have a preferred direction of alignment (orientation) 
for the contributing storms. 

L: Line oriented storms. Thunderstorms have a preferred direction of alignment. 
They may appear as a line of isolated storms or as a linear complex circum- 
scribed by a common reflectivity contour. The typical maximum dimension 
should be more than twice as large as the typical minimum dimension; oth- 
erwise the system is classified as a cluster. 

SL: Squall lines. This is a special form of line oriented sytems. The typical max- 
imum dimension is very large compared to the typical minimum dimension. 
The length to width ratio is at least five to one, and the length of the line 
is at least 50 km, persisting for at least 15 min. In many cases the system 
develops a quasi two dimensional structure. In contrast to the line oriented 
storms, squall lines are often characterised by a leading line of heavy con- 
vection followed by a region of widespread stratiform precipitation. 

Figure 6.8 gives statistics of the mesoscale organisation of the thunderstorms 
observed during a period of 6 years in southern Germany (Holler et al., 1994; 
Hagen et al., 1999). 

The typical size or length of a convective complex has been used as an or- 
dering criterion. Order increases from small scale individual cells (I) to clusters 
or complexes (C), lines (L) and squall lines (SL). Two different classification 
schemes are shown: (MAX) where only the highest order convective sytem is 
counted per day and (ALL) where multiple structures observed on the same day 
also considered. The results clearly indicate the dominance of line structures. 
This especially holds for the MAX case, while in the ALL case, the number 
of clusters is considerably increased but still smaller than the number of lines. 
We also note a remarkable number of squall lines (SL). The severity of weather 
phenomena like heavy gusts or large hail clearly increases with the degree of 
organisation from single cell storms toward squall lines and supercell storms. 




Fig. 6.8. Large scale organisation of convection in the 6-year period 1987-1992. Total 
number of days as a function of convective type: (I) individual cells, (C) cloud cluster, 
(L) line structures, and (SL) squall lines. MAX: only maximum daily development is 
counted, ALL: all different types of convection are added 
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6.3.2 Squall Lines 

In summertime situations, lines of intense thunderstorms, so-called squall lines, 
some 100 km in length, often develop at convergence lines connected with or 
preceding cold fronts approaching from the west. The special prefrontal situation 
must be characterised by high potential instability at lower levels up to about 
5 km ASL and high convective available potential energy. A large temperature 
difference between the prefrontal and postfrontal air masses is essential. 

Such squall lines in southern Germany have been analysed and described in 
detail by Meischner et al. (1991) and Haase-Straub et al. (1997). 

Figure 6.9 shows a typical cross section, as deduced from such observations. 
The system is moving at a speed of some 30 km/h to the right, in Europe 
normally to the east. The moving wedge-shaped cold airmass near ground forces 
lifting of the warm humid air, thus initiating or increasing further convection. 
This moving cold surface layer may be induced by the melting and evaporation 
of the precipitation from more or less individual thunderstorms which merge to 
lines moving ahead of a cold front. Along these lines, enhanced local lifting is 
forced again, initialising deeper convection. 




Fig. 6.9. Conceptual model cross section of a squall line observed on 1 July 1987 in 
southern Bavaria. The cross section shows a deep cell in its mature state with a well- 
developed anvil cloud. It is displayed in accordance with the polarimetric and Doppler 
radar measurements 



Once formed, the overall structure of a squall line may be maintained for 
several hours by mainly internal processes. The principal characteristics are the 
front inflow layer at low and midlevels, the rear inflow extending underneath 
the front inflow and culminating in the low level gust front circulation, and high 
level anvil outflow extending to the front and rear. 

Newly growing cells embedded within the inflow area ahead of the main 
precipitation cores represent smaller updrafts. Heavy precipitation is formed 
at the leading edge of the line (in the eastern part), while the western part 
shows more or less a stratiform character with widespread precipitation. The 
heavy precipitation - a mixture of melting hail and rain - hits the ground in 
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a forward direction, thus contributing to the forward moving, cool, air pool or 
even controlling its strength. 

The greatest precipitation is formed in areas where feeder cells merge with 
the main system. These areas are collocated with the main updraft, and the 
merging feeder cells explosively reach a mature stage of deep convection, thus 
forming a new leading edge. 

Ice particles, after having reached their final sizes, which depend upon the 
updraft speed and the LWC available, fall first within the slanting frontal inflow 
and then within the wedge-shaped rear inflow surface layer. Cooling by melting 
and evaporation contributes to the surface cold pool. The forward forcing is 
indicated by the gusts, which are clearly connected with the precipitation hitting 
the ground. 

Situations have been observed where the gust front has already proceeded 
about 20 km ahead of the main precipitation cores (Meischner et al., 1991). In 
such situations, new isolated convective cells grow well ahead of the older ones, 
often not merging with them. 

The precipitation in the primary core in such a situation is much less in- 
tense than when the feeder cells are coupled more closely with the main system. 
So, if the feeder cells are decoupled from the main system by the forward ac- 
celerated cold pool, the process of forming heavy precipitation is decreased. A 
further consequence of the decrease in precipitation intensity would be a de- 
creased contribution to the cold air pool and a deceleration of the gust front. 
This feedback mechanism might be of importance in maintaining the squall line 
system in an optimal state and explaining its longevity. Further, an oscillation 
in system strength indicated by the vertical velocity and discussed by Meischner 
et al. (1991), Rotunno et al. (1988) and Weisman et al. (1988), can be explained 
in this way. 

Figure 6.10 now shows a radar sequence of the position of a squall line on 
21 July 1992, oriented south-north, together with the preceding gust fronts and 
an additional cloud line approaching from the northwest. The velocity pattern 
across a squall line typically shows a 2-D structure, as indicated by the measured 
Doppler velocity (Fig. 6.11). We see strong convergence in the updraft region 
and divergence at the outflow at cloud top. The measurement further shows the 
mid-level rear inflow as well as the gust front preceding the squall line itself that 
contributes to the lifting ahead. 

The precipitation formation process, especially hail production via snow ag- 
gregates, graupel and recirculated raindops that freeze on reaching low temper- 
ature regions, is monitored by polarimetric measurements (Fig. 6.12). 
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Fig. 6.10. PPI reflectivity patterns of a squall line from the DLR radar; distances are 
given in kilometres. Gust fronts and the cloud line are indicated by bold lines at times 
(a) 1927 UTC, (b) 1937 UTC, (c) 1953 UTC and (d) 2005 UTC, marked by capital 
letters. Arrows point in the corresponding directions of propagation. The dotted line 
“RHI” gives the orientation of the RHI of Fig. 6.11 
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Fig. 6.11. Range height cross section of a squall line showing Doppler velocity. The 
arrows indicate the relative flow; the dashed line marks the gust front flow. Note that 
because of folding, an observed speed of 10 ms -1 away from the radar must be inter- 
preted as 22 ms -1 toward the radar 
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Fig. 6.12. Cross section of the squall line with precipitation classified according to 
Holler et al. (1994). Number at upper right corner indicates time of observation 



6.3.3 A Hybrid Type Storm 

Figure 6.13 summarises findings for a V-shaped hybrid type thunderstorm show- 
ing features of both a multicell storm and a supercell storm (Holler et al., 1994). 
The precipitation formation during the life cycle is revealed by polarimetric and 
Doppler radar measurements. 

Rain is found in region R \ , originating from the melting of graupel from the 
newly grown cell (G). Some of these raindrops recirculate into the weak echo 
region (W), where they are carried up to heights well above the freezing level. 
Rain in region R 2 can have its origin either from drops passing through R\ at 
relatively low trajectories or from melting or shedding hailstones in the main 
downdraft. The horizontal component of the velocity field causes a size sorting 
of rain, mixed particles, and wet hailstones (HW) on their way to the ground. 
The position of the gust front is marked by GF. 

The general evolution of this storm from 30 June 1990 during its lifetime of 
about two and a half hours is given in Fig. 6.14. 

We can recognise the initialisation phase which lasts roughly until 1315 UTC, 
the mature phase from 1315 to 1455, and then the decaying phase. The direction 
of propagation is basically from WSW, which corresponds to the direction of the 
midlevel winds. A typical feature of severe storms is the weak echo region, WER 
or W in this figure, indicating the main updraft area in front of the moving 
storm where the upward inflow velocity is greatest and precipitation particles 
are suspended aloft. 

The overall flow pattern can be estimated by using the measured Doppler 
velocity and subtracting the ground relative system speed. Figure 6.15 shows 
these storm relative Doppler velocities for three different elevation angles and 
for a vertical cut at constant azimuth. 

Selected reflectivity contours are superimposed. The arrows indicate possible 
streamlines. The low-level flow (Fig. 6.15a) is characterised by an anticyclonic 
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Fig. 6.13. Schematic diagram of the main dynamical and microphysical features of the 
hailstorm of 21 July 1998 in sourthern Germany. Panel (a) shows a typical midlevel 
(about 5 km height) cross section. The arrows indicate horizontal streamlines. Panel 
(b) shows a typical vertical cross section along A-B. Solid arrows indicate streamlines; 
dashed and dotted arrows represent particle trajectories 




Fig. 6.14. Evolution of the storm’s reflectivity pattern: 40, 50, and 60 dBZ contours 
are shown for different times at those elevations demonstrating most clearly the weak 
echo structure (W). Tracks of four different reflectivity centers (A to D) at 2.2° elevation 
as well as their position at 1253 UTC (x) are indicated. The position of the gust front 
G, marked by a thin line echo at 1509 UTC, is also indicated 
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Fig. 6.15. Storm-relative Doppler (radial) velocity v rr ( shaded areas), reflectivity con- 
tours ( solid lines) labeled in dB, and possible streamlines ( solid arrows) as suggested 
by the v r field. A radar centered spherical coordinate system is shown as an overlay. 
Radial distances are indicated in km. Storm scans at 1430 UTC are shown at different 
elevation angles of (a) 1.6°, (b) 4.9°, and (c) 8.2°. In (d), a vertical section taken at 
1435 UTC is presented. Taking into account the storm advection, the vertical scan 
corresponds to a section A-B in (a)-(c) 



rotation in the southern parts. At midlevel (Fig. 6.15b), the anticyclonic rotation 
has weakened in the high reflectivity zone, and a cyclonic rotation can be seen 
at the southeastern edge of the WER. At upper levels (Fig. 6.15c), the diverging 
outflow on top of the WER marks the location of the main updraft. By following 
the high reflectivity cores with time, the growth of precipitation in the updraft 
around the southern part of the storm and its fall close to the updraft core can 
be followed. The flow structure shown in Fig. 6.15d, of course, is only a snapshot, 
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Fig. 6.16. Vertical section through the storm’s core during its vigorous phase at 
1414 UTC. (a) Reflectivity Zhh, (b) Hydrometeor type 



but many features remained essentially unchanged for more than a half hour, so 
the flow structure may be regarded as typical. 

Polarimetric measurements, performed simultaneously, provide insight into 
the microphysical developments of precipitation. As discussed in more detail by 
Illingworth (2003), this book, and in a number of other publications, for example, 
Straka and Zrnic (1993), Holler et al. (1994), and Balakrishnan and Zrnic (1990), 
the combined use of measured polarimetric parameters allows the classification 
and discrimination of different types of hydrometeors and the following of mi- 
crophysical processes. Among these are the initiation of precipitation as liquid 
or ice processes, the subsequent growth of graupel and hail, shedding of drops 
from hail, melting of ice particles, and recirculation of raindrops. Figure 6.16 
gives a RHI of the storm in its mature stage. Figure 6.16a shows the reflectivity, 
indicating the growth of precipitation above the updraft, and a precipitation 
package reaching the ground behind the updraft. Figure 6.16b gives the particle 
classification for this situation. 
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6.3.4 A Supercell Storm 

An example demonstrating the improved insight into storm development and 
storm internal processes by a multisensor approach during well-coordinated field 
experiments is the supercell storm of 21 July 1998, observed during the Eu- 
ropean Lightning Nitrogen Oxides Project, EULINOX (Holler and Schumann, 
2000). The aim of this project was to contribute to the understanding, mod- 
elling and parameterisation of lightning-induced production of nitrogen oxides 
in thunderstorms in order to assess its contribution to ozone production in the 
upper troposphere. Storm structure and dynamics have been observed by mul- 
tiple Doppler radars, the microphysical developments by polarimetric radar, the 
lightning by 2-D and 3-D detection systems, and the nitrogen oxides outflow and 
turbulence structures in the anvil region by the Falcon research aircraft (Holler 
and Schumann, 2000; Meischner et al., 2001). This comprehensive data set is, 
among other things, suitable for comparison with modelling results. Is has been 
compared with detailed simulations from the mesoscale MM5 model. 

The storm developed in the Allgau region WSW of the DLR radar site at 
Oberpfaffenhofen at about 100 km distance and 240° azimuth; see Fig. 6.17a. 

Following the intensification phase, the cell began to split into a northern 
and a southern part with lightning more pronounced in the southern cell. The 
northern cell soon began to decay while the southern one developed into a super- 
cell structure with a hook echo and an arc-shaped gust front signature extending 
south of the main cell. 

Such characteristics of cell development are due to the prevalent instability 
and shear conditions, as have been reported from observations as well as numer- 
ical simulations (Wilhelmson and Klemp, 1981). The characteristics found for 
this case give good indications for the actual simulation by the mesoscale mod- 
els. The splitting and cell development characteristics have been picked up by 
the MM5 model simulations. Figure 6.17 shows impressive agreement between 
radar observations and model results. 

The southern, right moving storm was not an archetypal supercell storm. It 
also developed multicell-like features which were superimposed on the general 
supercell-like pattern. For reasons of simplicity, these details will be neglected 
in the following discussion, and the general term “superceH” will be used for 
it. 

Shortly after splitting, the cells were located in a region suitable for dual- 
Doppler observations. The two radars at Oberpfaffenhofen OP and Hohenpeifien- 
berg HP performed volume scans which allowed for a reconstruction of the 3-D 
wind field. For deriving the vertical velocity components in the cloud region, zero 
vertical wind was assumed at cloud top as an upper boundary condition. Due to 
deficiencies caused by this assumption and because of imperfect synchronisation 
of the measurements, the 3-D wind fields derived and shown in Fig. 6.18 have 
to be interpreted carefully. 

The dominant wind field structures are the strong horizontal divergence at 
midlevels (Fig. 6.18a) and a distinct cyclonic rotation, as seen at the southern 
edge. A vertical section (Fig. 6.18b) shows the main updraft coinciding with 
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Fig. 6.17. (a) POLDIRAD radar reflectivity measurements at 1° elevation for the 
21 July 1998 super cell thunderstorm; data from seven different scans are overlaid to 
illustrate the development, (b) Simulated reflectivity every 30 min at 1° elevation. 
Radar position with respect to the modelled thunderstorm corresponds to POLDIRAD 
location; surface gust front (—0.5° perturbation isotherm) is denoted by thick barbed 
lines. Figure by courtesy of Th. Fehr 
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(b) 

Fig. 6 . 18 . Dual-Doppler wind field analysis for 21 July 1998 at 1657 UTC. (a) Radar 
reflectivity and horizontal wind at 5.5 km height; (b) radar reflectivity and vertical 
wind in an W-E section through the most severe cell at 35 km south of POLDIRAD 
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Fig. 6.19. The supercell of 21 July 1998. POLDIRAD radar reflectivity at 1742 UTC 
taken at 3° elevation. FALCON flight track with the position of the FALCON air- 
craft indicated at the time the radar scan was taken. Flashes from a 45-s period are 
shown. Negative, positive and intracloud flashes as measured with the Lightning Posi- 
tion And Tracking Systems LPATS are indicated as well as flashes indicated by VHF 
interferometric measurements (ITF); see Holler and Schumann (2000). Color Fig. 16 
on page 325 shows structures more clearly 



the reflectivity core. The updraft speed is 24 m/s, whereas downdraft strength 
reaches about 8 m/s. 

As an example of the typical radar and lightning structures, Figs. 6.19 and 
6.20 show a comparison of polarimetric radar parameters and the flash charac- 
teristics as inferred from 2-D and 3-D lightning detection systems; see Holler and 
Schumann (2000). At 40 km distance from POLDIRAD; the radar scan height is 
about 2 km above ground, thus Fig. 6.19 represents low-level features. The weak 
echo region, WER, and the hook echo extension toward the south can clearly 
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be identified. The WER is most likely connected to the position of the main 
updraft of the storm. 

One consistent feature is that the flashes occur preferentially in the regions 
located downwind (NE) of the main storm updraft. Most of the flashes detected 
were identified as intracloud flashes. This finding applies to longer periods of 
the storm development and thus has important implications for nitrogen oxides 
assessment. 

The vertical sections shown in Fig. 6.20 demonstrate a close connection be- 
tween cloud microphysical developments and lightning. From the reflectivity 
scan, it can be noted that discharges dominate in regions of moderate reflectiv- 
ity values. The core of the storm (high reflectivity) is relatively free of flashes, 
as is the large anvil and the stratiform-like precipitation area at closer range. 
The hydrometeor classification scheme, described by Holler et al. (1994), uses 
differential reflectivity (Zdr) and linear depolarisation ratio (LDR) for infer- 
ring hydrometeor type. From this analysis, it can be concluded that the VHF 
sources are concentrated in the graupel region extending in the upper parts of 
the convective cell (Dotzek et al., 2001). 

Some interesting features to be noted from Figure 6.20c are (i) at around 
40 km range, a mixture of hail and rain reaches the ground at the southwestern 
edge of the storm and (ii) the radar echo of the Falcon aircraft can be seen at 
55 km range and 9 km height, which is in agreement with the aircraft flight track 
data shown in Figure 6.19 at 1941 UTC. 

Figure 6.21 shows the linear depolarisation ratio (LDR) and radar reflectivity 
at 1739 UTC when the storm was in an intense phase of development. The feature 
to be noted here is a structure of very high LDR values between 7 and 12 km 
height at the top of the convective cell structures, the updraft branches. LDR 
increases progressively with range up to —13 dB. Such a structure is indicative 
of ice particles being tilted with their major axis into the vertical direction. The 
maximum LDR effect is expected with tilting angles close to 45°. Under the 
influence of a strong vertical electric field, the alignment of pristine ice crystals 
can deviate from the normal horizontal direction (Cay lor and Chandrasekar, 
1996). Electric fields of 100 kV m _1 can align plates of less than 0.6 mm diameter, 
while for the alignment of larger plates (1.7 mm), fields of 200 kV m _1 are 
necessary. 

6.3.5 Tornadic Storms 

During recent years, it has been realised that in Europe several hundred tor- 
nadoes occur each year. Tornadoes cause considerable damage (Dotzek 2002b, 
http://www.tordach.org) but are not always recognised because of their small 
scale. Recent research by radar observation has increased the understanding of 
these weather events in Europe. 

The Upper Rhine valley in southwest Germany (Fig. 6.22) is a region of 
frequent thunderstorm development (Finke and Hauf, 1996; Hagen, 1999), con- 
nected with severe weather, such as hail, downbursts, and tornadoes (Dotzek et 
al., 2000; Dotzek, 2001). Since the early 1990s, an operational C-band Doppler 
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(a) 





(c) 




Fig. 6.20. Vertical section of the supercell storm of 21 July 1998 at 1741 UTC along 
the 232° azimuth from POLDIRAD, as shown in Fig. 6.19. ITF flashes are plotted for a 
30-s interval around the nominal scanning time from an azimuth interval of ±10°. The 
Falcon aircraft is visible in all parameters shown at a range of 55 km and 9 km height 
SW of the storm, (a) reflectivity factor, (b) linear depolarisation ratio, (c) particle type, 
to be recognised more clearly in color Fig. 17 on page 326 
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Fig. 6.21. Vertical section of the supercell storm of 21 July 1998 at 1739 UTC along 
the 234° azimuth from POLDIRAD. ITF flashes are plotted for a 30-s interval around 
the nominal scanning time from an azimuth interval of ±10°. Top: Linear depolarisation 
ratio, bottom: reflectivity factor. See also color Fig. 18 on page 327 



radar operated by the Institut for Meteorology and Climate Research IMK at 
Research Center Karlsruhe has been used to study deep convection over this 
highly structured terrain (Gysi, 1995). 

Figure 6.23 shows five tornadic storm tracks observed since 1992. The 1995 
and 1996 cases were described by Hannesen et al. (1998, 2000). Both storms 
were so called minisupercells (Kennedy et al., 1993). The 1995 tornado was 
confirmed by eyewitnesses, newspaper reports and damage analyses from the 
German Weather Service. For the 1996 tornado, newspaper reports and damage 
maps from forest authorities are available. 

Analysis of further tornadoes, as shown in Fig. 6.23, underline that during the 
summer months, tornadic storms in this region are most probable if warm and 
moist air from the Mediterranean is advected across southern France (Morris, 
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Fig. 6.22. The Karlsruhe area. Rivers are given as solid lines , orography in 200-m 
steps ( white = below 200 m, darkest grey = above 600 m ASL). H = Heidelberg, Ka 
= Karlsruhe 




Fig. 6.23. Tornadoes in the Upper Rhine valley region: (1) 29 Jul 1845, (2) 24 May 
1878, (3) 4 Jul 1885, (4) 1 Jul 1895, (5) 11 May 1910, (6) End Sep 1913, (7) 7 Jun 1952, 
(8) 10 Aug 1959, (9) 13 Aug 1952, (10) 27 Apr 1960, (11 a,b) 10 Jul 1968, (12) 8 May 
1985, (13 a,b) 23 Jul 1986, (14) 21 Jul 1992, (15) 9 Sep 1995, (16) 23 Jul 1996, (17) 
6 Oct 2002. Ka = Karlsruhe, Hd = Heidelberg, Sb = Saarbriicken, Str = Strasbourg, 
Stg = Stuttgart, Pf = Pforzheim. Orography shaded in 200 m steps, white — below 
200-m asl, dark grey = above 600 m ASL. The + denotes the location of the Karlsruhe 
radar, range rings every 30 km 



1986), along the Rhone valley, the Swiss Jura mountains and the Belfort Gap 
into the Rhine valley. If this synoptic condition is terminated by a cold front, 
typically approaching from W-NW, or by positive vorticity advection with the 
passage of a shortwave upper level trough, the inversion layer above the near 
surface high 9 e air may be removed, and deep moist convection can be induced. 
This also results in a large low-level shear situation, which may continue upward. 
The hodograph then displays veering winds becoming stronger with height, a 
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necessary condition for supercell formation. The strong tornado of 10 July 1968 
is an impressive example of such a situation (Nestle, 1969). 

Two cases will be discussed now. 

On 9 September 1995, the synoptic setting was similar. Warm and moist 
air moved into the southwestern parts of Germany at the southern flank of a 
deep low. A midtropospheric trough passed the area around noon, increasing the 
atmospheric instability. 

Several rain showers and a few thunderstorms were observed. At 1055 UTC, 
one of these storms spawned a tornado near Oberkirch-Nufibach at the eastern 
flank of the Upper Rhine valley. The tornado swath was about 1 km long and 
50 m wide. From the trees’ fall pattern, a counterclockwise rotating vortex could 
be reconstructed. According to the TORRO and Fujita intensity scales (Meaden, 
1976; Fujita, 1981), the reported damage indicates a T2/F1 tornado intensity, a 
weak tornado. 

The situation was characterised by a CAPE of 440 Jkg -1 , a level of free 
convection, LFC = 1.3 km and level of neutral buoyancy, LNB = 7.3 km ASL. 
The wind profile leads to a storm relative helicity SRH of 105 Jkg -1 and an 
energy helicity index EHI « 0.3, values typically found in the environment of 
weak tornadoes (Kerr and Darkow, 1996). The bulk Richardson number Ri h of 25 
further gives evidence for possible supercell thunderstorm formation (Weisman 
and Klemp, 1984). 

The left panel in Fig. 6.24 shows the fast ascent of the 40 dBZ contour 
to more than 4 km ASL, indicating strong updrafts within the cloud. Radar 
detected cloud tops reached heights of about 8 km. This is in good agreement 
with the estimated LNB of 7.3 km. 

The right panel shows the Doppler velocity at an elevation of 1.0° at 1252 
LST, just before the tornado was observed at NuBbach. A vortex signature 
is present, but superimposed on a convergence signature: The area of positive 
Doppler velocity is located a bit closer to the radar than the area of negative 
velocity. A horizontal shrinking and vertical stretching of the vortex associated 
with this convergence may finally have initiated the tornado. 




Fig. 6.24. Time evolution of the 40 dBZ reflectivity echotop (left, in km ASL). PPI of 
Doppler velocity, elevation 1.0°, at 1252 LST (right). N = Nufibach 
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The intensification of the mesocyclone and the tornado touchdown are in 
phase with the maximum updraft. It is, therefore, suggested that vortex stretch- 
ing below the overshooting cloud top is the main source for the increase of 
vorticity and helicity prior to formation of the tornado vortex. A similar case 
of a fast developing mesocyclone with high vertical extension of high reflectivity 
has also been found by Linder and Schmid (1996). 

The radar observed cloud tops at « 8 km ASL fit well with the atmospheric 
stratification with the special heat and moisture conditions in the Rhine valley. 
Typical supercell features were observed with a well-defined mesocyclone at lower 
levels and divergence at higher levels. The small overall size, however, would 
make it classified as a “mini” supercell (Kennedy et al., 1993). 

Mostly undisturbed by the flat orography, the storm developed to the tor- 
nadic phase, while the downward generation of the funnel was facilitated by a 
low-level vorticity increase above the upsloping terrain at the eastern flank of 
the valley. However, the small supercell was too weak to maintain the tornado 
vortex there, and it lasted for only a few minutes. 

The rather small value of CAPE supports the analysis of Kerr and Darkow 
(1996), which limits the main role of CAPE to the strength of convective ini- 
tiation while storm relative winds and helicity favour evolution to a tornadic 
supercell. 

On 23 July 1996, a strong convergence line extended from northern Germany 
toward the Alps. In Switzerland and Germany, the CAPE values were about 
700 Jkg -1 , the tropopause was at about 10 km ASL, and intense thunderstorms 
developed. At 1700 UTC, a multicell complex had formed over the Palatinian 
Mountains and entered the flat Upper Rhine valley. About one hour later, a 
tornado touched down. The site T in Fig. 6.25 is indicated by an arrow. 




Fig. 6.25. Reflectivity and Doppler velocity at 1808 UTC (a) and 1828 UTC (b). Grey- 
scale shading gives terrain height, as in Fig. 6.22. The hatched region shows the 20 dBZ 
area, cross hatching for Z > 43 dBZ. Large open ring arrows denote location of the 
mesocyclone, the small ring arrow indicates the low-level anticyclonic rotation at the 
hook echo tip. Tornado position is marked by the thin straight arrow (T) 
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The funnel touched down shortly after 1800 UTC, uprooting mature beech 
and spruce trees and injuring several people driving in cars. The mesovortex 
of this strong tornado developed to the left side of the cell’s ground track and 
then crossed over the N-S oriented lateral valley of the Neckar river, causing 
a 5-km forest damage swath within 5 min. During and after this stage, the 
storm produced very heavy precipitation and moved E, only slowly decaying 
and becoming multicellular again. 

Figure 6.25 shows reflectivity and Doppler velocity at 3° elevation for 
1808 UTC (a) and 1828 UTC (b). The tornado position is indicated by the 
arrow. The storm area is indicated by 20 dBZ, hatched, and 43 dBZ, cross- 
hatched reflectivity thresholds. Vortex signatures derived from Doppler velocity 
are given by circular arrows. 

In Fig. 6.25a, about the time of tornado touchdown, the radar echo is domi- 
nated by a core of high reflectivity factor just E of the tornado position. Atten- 
uation is indicated by the V-shaped storm contours, with a reflectivity gap at 
larger distance from the radar. The reflectivity factor reached 55 and 60 dBZ, 
indicating heavy rain or hail. 

The Doppler data show a mesocyclonic vortex signature (MVS) on the east- 
ern, forward flank of the storm core. Significant mesocyclonic rotation is clearly 
detectable from 1728 UTC on, intensifying between 1748 and 1808 UTC over the 
hilly terrain at the time of the most intense growth. At this time, the MVS di- 
ameter was about 8 km and its vertical dimension 3 km, extending from roughly 
2 to 5 km above ground level. The mesocyclone had a velocity difference of 23 
to 27 ms -1 corresponding to a horizontal shear of 0.003 s -1 . 

At the southern edge of the storm, a small but distinct hook echo extends 
outward from the Cb core. Its curvature would imply the presence of an anti- 
cyclonic tornado. This rare type requires an environmental wind vector backing 
with height instead of veering, as in the typical right moving supercell situation. 

The Doppler velocity data indeed showed a vortex signature. Its rotational 
sense was anticyclonic and consistent with the anticyclonic hook echo. The tor- 
nado damage swath, however, is closer to the track of the mesocyclone, but as 
the 3° radar beam is about 2 km above the terrain, it cannot be completely 
ruled out that the funnel extended from the anticyclonic hook echo northward 
to the observed damage path. 

Concerning the tornado’s sense of rotation, we argue that this small supercell 
was of the usual cyclonic, right moving type and the J-shaped hook echo was 
induced by interaction of the rear flank downdraft with local topography. Fig- 
ure 6.26 shows relevant orographic structures together with the observed mesocy- 
clone ’s ground track and a probable low-level flow field. Orographic anticyclonic 
vorticity most probably is generated by the isolated Konigstuhl mountain rising 
up to 600 m ASL. With the mountain ranges north of the Neckar river, the 
Konigstuhl likely served as a nozzle for the westerly airflow, inducing conver- 
gence, lifting, updraft intensification and cloud growth, as the storm entered the 
Neckar valley and became tornadic. Due to the orographically enhanced hor- 
izontal mass flux and the sudden broadening of the Neckar valley east of the 
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Fig. 6.26. Small scale sketch map of the probable low-level flow field, bold solid arrows , 
around Konigstuhl mountain, the storm track, open dashed arrow ; and tornado damage 
swath, bold dashed line. Direction to Karlsruhe radar is also indicated 



Konigstuhl, the “nozzle outlet,” it is likely that in the wake of this mountain, a 
transient lee vortex developed during the passage of the tornadic storm. 

The tornadoes presented fit with a German tornado climatology (Wegener, 
1917; German TorDACH data in http://www.tordach.org). It shows that July 
is the most likely month for tornado outbreaks, with a mean of 10 each year 
(Dotzek, 2001; Dotzek, 2002a). 

Both tornadic thunderstorms presented were of the minisupercell type 
(Kennedy et al., 1993). Nowcasting this type of storm with operational C-band 
Doppler radars is difficult because of the small structures and short lifetimes. 
Advanced weather radar measurements, however, promise to increase our knowl- 
edge and understanding of the specific genesis mechanisms, leading to improved 
forecasts. 

6.4 The Future 

Three lines of investigation are apparent today for improving the forecast of 
severe weather events with the help of radar observations: 

Nowcasting by following detailed radar measurements and extrapolating them 
in time and space with the knowledge of typical developments of the different 
weather systems under the actual meteorological conditions. This, of course, 
needs detailed radar measurements preferably with the most advanced tech- 
niques such as Doppler, polarisation and bistatic Doppler, which in Europe are 
so far available only at a few places. Experienced observers, well trained in mete- 
orology and advanced radar meteorology, are also needed. But, when affordable, 
this will be the most reliable method in the near future. 

More economical, and following the successful trend in general weather fore- 
casting, local forecasts with steadily increasing space and time resolution will 
be done by numerical weather prediction models. Some shortcomings af current 
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cloud resolving models are in the descriptions of the various growth mechanisms 
of ice particles and their interaction with the other microphysics and 3-D kine- 
matics. Progress is expected through verification of model results with appro- 
priate observations, thereby improving the reliability and performance toward 
levels required by operational applications. 

The final step then will be directly to assimilate radar observations in high 
resolution numerical weather prediction models. The current state of knowledge 
has been described by Macpherson (2003), this book. Essential for that is a pro- 
found knowledge and control of instrumental and methodical errors in weather 
radar measurements under all weather conditions, as well as fast exchange and 
processing of data across networks with a common and high quality standard. 
An exciting challenge! 
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7.1 Correcting for Attenuation: A Major Problem 
with a Space Borne or an Airborne Radar 

Weather radars on airborne or spaceborne platforms have been conceived to 
overcome the limitations of ground based systems. While spaceborne systems 
aim to sample the precipitation on a global scale, airborne radars are used for 
two purposes: 

1. to serve as a demonstrator for future spaceborne systems and as such, help 
development and test of retrieval algorithms; 

2. to be used in field experiments where the flexibility of the mobile platform 
is exploited for specific purposes. 

The first and only example up to now of weather radar in space is the TRMM 
Precipitation Radar (PR) launched by NASA and NASDA in November 1997. 
TRMM was designed to monitor the precipitation systems in the tropics (its 
inclination of orbit is 35°). The TRMM PR operates at 13.8 GHz and scans 
across track at d= 17° about the nadir. With an altitude of orbit of 360 km this 
scanning capability provides a swath of 220 km, with a footprint at nadir of 
4x4 km 2 (obtained with a 2 x 2 m 2 antenna). The TRMM PR collects 8.8 x 106 
samples in a day covering about 1.4 x 10 8 km 2 , i.e. almost twice the surface of the 
tropical belt. However, these samples are not uniformly distributed: sampling is 
less dense near the equator, where the revisit time is about 1 sample per 3 days 
on average. To overcome this insufficient revisit time, TRMM associates with 
the PR a 5-channel passive microwave imager (TRMM Microwave Imager or 
TMI), whose swath is about 800 km. Combining the three-dimensional picture 
of the precipitation field delivered by the PR within the 220 km central swath 
with the two-dimensional picture within the 800 km swath provided by TMI 
allows deriving an improved precipitation product. The procedures to achieve 
this combined product is beyond the scope of this chapter. Documentation about 
these procedures may be found in Kummerow et al. (1998), Bauer (2001) and 
Bauer et al. (2001). 

From its launching in November 1997, the scientific exploitation of the TRMM 
data has covered various research fields, the most spectacular being the docu- 
mentation of the El Nino/La Nina episode of January 1998 - December 2000, the 
analysis of numerous hurricane observations. The experiments of assimilation, 
of the TRMM data in operational numerical weather prediction (NWP) models 
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relate to the general topic of radar data assimilation as presented by Macpherson 
et al. in this book. The success of TRMM drives plans for the future “Global 
Precipitation Mission” that anticipates a constellation of satellites covering the 
full globe with a three-hour revisit time. On the “mother ship” of the constel- 
lation, GPM plans to deploy an advanced precipitation radar, implementing the 
dual frequency technique. 

Table 7.1 summarises the main airborne precipitation radar systems that 
are developed today. ARMAR (Jet Propulsion Laboratory, USA) and CAMPR 
(Communication Research Laboratory, Japan) are Ku-band systems designed 
to serve as demonstrators of the TRMM Precipitation Radar. However, their 
additional capabilities (Doppler for both systems and fore and nadir viewings 
for CAMPR) allow them to document the microphysics and the dynamics of 
the observed weather systems. Four X-band systems have been built: EDOP 
(NASA-GSFC) with Doppler capability and fore and nadir viewings, the tail 
radars of the two NOAA-ERL P3 aircrafts, and the ELDORA-ASTRAIA radar 
developed by NCAR and CETP. The last three systems are operated according 
to the dual helical scanning strategy described in Fig. 7.1: the antenna system 
rotates about an horizontal axis collinear with the aircraft fuselage and scans 
(alternately or simultaneously) two cones oriented forward (fore) and backward 
(aft). Associated with the aircraft motion, this scanning strategy allowing with 
collecting at each point of the three-dimensional space, the two independent 
components of the air motion required to perform a three-dimensional wind 
field synthesis. 

In field experiments , airborne radar systems allow investigating storm events 
difficult or impossible to document from the ground. Oceanic storms like hurri- 
canes, tropical oceanic mesocale convective complexes (MCCs), or midlatitude 
frontal systems are out of reach of ground based systems. For many years, the 
Hurricane Research Division of NOAA-ERL has been sending its P3 surveil- 
lance aircraft equipped with the above mentioned X-band tail radar to docu- 
ment the dynamics and microphysics of hurricanes in the Gulf of Mexico. The 
observation of oceanic storms over the warm pool of the West Pacific was an 
important component of TOGA-COARE (1992-1993) in which three airborne 
Doppler weather radars were used: the two systems on board the NO A A P3s 
aircraft and ELDORA-ASTRAIA on the Electra aircraft of NCAR. The same 
airborne Doppler weather radar systems were used in FASTEX (1997) to better 
understand frontal dynamics and rapidly deepening depressions over the North 
Atlantic. 

In other applications, the flexibility of the airborne system is used to better 
sample particular phenomena. During VORTEX, ELDORA-ASTRAIA delivered 
unprecedented observations of Oklahoma tornadic storms thanks to its particular 
sampling strategy and to the ability of the aircraft to manoeuvre close to the 
storm. In the Mesoscale Alpine Program (MAP), the storm flow over the complex 
alpine orography could be documented by the airborne radars on board the 
NCAR-Electra and NOAA-P3 aircraft, providing viewing angles less subject to 
beam blocking than with the ground based systems. 
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Fig. 7.1. Principle of the dual beam airborne Doppler radar, (a) The antenna system 
is rotating about an horizontal axis collinear with the fuselage; one antenna is looking 
forward (fore) and the other backward (aft), (b) Owing to the aircraft motion, a dual 
helical scan is obtained. Each point M of the three-dimensional space is sampled suc- 
cessively by the fore and the aft antenna with a time shift of about 2 minutes at 20 km 
range (for an aircraft velocity of 135 m/s). The “helical resolution” is related to the 
angular velocity of the antenna system: it is 800 m for a rotation at 10 revolutions per 
minute (rpm). With ELDORA-ASTRAIA , the use of coded pulses allows collecting 
more independent samples and speeding up the antenna to 40 rpm, thus achieving a 
helical resolution of 200 m 
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Table 7.1. Spaceborne and airborne weather radar developed today 



Name 

Platform 

(Organism) 


Frequency 


Sampling Stragegy 


Antenna 

technology 


Transmitter 

technology 


Precip. Radar 
TRMM 
(NASDA) 


Ku-band 
13.0 GHz 


± 17° across track 
(about nadir) 


Slot guide antenna 
electrical Scan 


Distributed SSPA 
frequency coding 
(2) 


ARMAR 

NASA-DC8 

(NASA-JPL) 


Ku-band 
14 GHz 


± 17° across track 
(about nadir) 


Offset parabola 


Pulse compression 


CAMPR 

G4 

(CRL) 


Ku-band 
14 GHz 


180° helical scanning 
Dual beam 
(0° and 45°) 
Doppler Polarimetric 


Offset parabola 


Simple pulse 


EDOP 

ER2 

(NASA-GSFC) 


X-band 
(9.3 GHz) 


Nadir and 45° fore 
Across track 
scanning 


Offset parabola 


Simple pulse 


Tail radar 
P3-43 
(NOAA) 


X-band 
(9.3 GHz) 


360° Helical scanning 
pseudo-dual 
(± and -20°) 
Doppler 


Parabola central 
feed 


Simple pulse 


Tail radar 
(NOAA) 


X-band 


360° Helical scanning 
(± and —18°) 
Doppler 


2 slot guide 
antennae 


Simple pulse 


Eldora-Astraia 

(NCAR-CETP) 


X-band 
(9.3 GHz) 


360° Helical scanning 
Dual beam 
(± and —18°) 
Doppler 


2 slot guide 
antennae 
(back to back) 


Frequency coding 

(4) 

(240°/s) 



When operating from space, the distance of operation is much farther than 
from the ground. For instance, the altitude of the TRMM mission is 350 km. To 
perform accurate measurement, the antenna beam should capture the small scale 
heterogeneity of the rain field, otherwise “nonuniform beam filling” effects will 
bias the rain rate estimate. Various studies of the rain cell statistics have shown 
that the typical rain cell size is about 4 km. Thus the footprint resolution of a 
radar operating from space should not exceed this value. With a radar orbiting at 
350 km altitude as the TRMM PR, this condition imposes an angular resolution 
(or beam width) e for the antenna around 0.7°. With the TRMM PR, the angular 
resolution is 0.71° (at 3 dB one way), obtained with a 2 x 2 m 2 slot guide array 
at 13.8 GHz. This choice of the radar frequency is dictated by the maximum 
antenna size compatible with the space vehicle and launcher: given the size of 
the antenna L, its angular resolution e is inversely proportional to the radar 
frequency. 

With an airborne radar, the distance of operation may be adjusted by the 
aircraft manoeuvre, but the radar should operate over a range similar to the 
extension scale of the observed weather system, i.e. typically 15-20 km for a 
radar looking downward near to nadir or 30-50 km for a radar performing helical 
scanning (at horizontal or slantwise incidence). Again, a high resolution antenna 
is required (between 1.5 and 2° at 3 dB one way), which imposes the use of 
a frequency prone to attenuation. With ELDORA-ASTRAIA, the dual helical 
scanning is obtained from a system of two 1.4 x 1.4 m 2 slot guide arrays operating 
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at 9.3 GHz (X-band). The two arrays are mounted back to back (see Fig. 7.1 and 
look, respectively, at 18.5° backward (aft) and 18.5° forward (fore). The choice 
of X-band in ELDORA-ASTRAIA is a trade-off to satisfy, on the one hand, an 
acceptable angular resolution and, on the other hand, a sufficient penetration 
capability through the most intense weather systems. 

In operational ground based radars where the limitation of antenna size is 
less stringent, the choice of C- band or S- band is generally made since it leads to 
moderate or negligible attenuation by rain. With classical radars, the standard 
estimate for rain is based on an empirical Z-R relationship like 

R = aZ b , (7.1) 

where Z is the radar reflectivity (mm 6 /m 3 ) sixth moment of the raindrop size 
distribution if Rayleigh scattering is assumed; equivalent reflectivity, otherwise, 
R is the rain rate (in mm/h), and a and b are empirically determined coefficients. 

In ground based radars (7.1) is often applied without consideration of any 
along path attenuation, i.e. the “apparent” reflectivity Z a measured by the radar 
is used as Z. With airborne and spaceborne radars, this simple approach does 
not hold since the along path attenuation may reach factors of 1000 or 10000 
(i.e. several tens of dB). Thus the retrieval algorithms should necessarily take 
this major effect into account. 

The problem of correcting the measured reflectivity Z a for along path atten- 
uation was addressed already by Hitschfeld and Bordan (1954). Z a is related to 
the “true” (nonattenuated) reflectivity Z as: 



Z a {r) = Z{r) exp 




(7.2) 



where r is the range along the radar beam and A is the specific attenuation 
in dB/km. Under the hypothesis that the specific attenuation A (in dB/km) is 
related to the radar reflectivity Z through a power-law relationship as A — aZ @ , 
they derived the exact mathematical solution that may be expressed as 



Z(r) 



z a(r) 

[1 -aI{r)] l P ’ 



with 



I(r) = 0.466 



r m 

I Z?ds 



0 



(7.3) 



(7.4) 



(r is the radial distance along the beam). 

Hitschfeld and Bordan (1954) recognized that though mathematically exact, 
the solution given by (7.3) was numerically unstable. When the along path at- 
tenuation is large, the denominator in (7.3) is close to zero, thus a small error in 
a or a small calibration error in Z a induces a large error in Z. To overcome this 
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stability problem, Hitschfeld and Bordan recommended performing a backward 
integration from a far bound r m , where a boundary condition Z(r m ) has to be 
defined. The solution then is expressed as 



Z{r) 



Z a (r) 

[Z & (r m /Z(r m ) + al(r)] 10 



(7.5) 



with 



r m 

I(r) = 0.46/? J Z 0 ds . (7.6) 

r 

Hitschfeld and Bordan (1954) suggested estimating Z(r m ) from a local rain- 
gauge. The difficulty to practically implement this approach explains why it was 
not used with great success in operational application with ground based radar. 
Nevertheless, the pioneering work of these authors, forgotten for many years, 
constitutes the basis of the “rain profiling algorithm” developed for the TRMM 
precipitation radar. It also inspired the most efficient techniques to correct for at- 
tenuation of airborne weather radar data, and it allowed the recent development 
of promising polarimetric techniques for operational ground based radars. 

The definition of the “inverse model” is fundamental to any algorithm de- 
velopment. By “inverse model” is presently understood the set of relationships 
between integral parameters of the rain drop size distribution (DSD) that should 
be introduced in any retrieval algorithms. The above cited Z-R and A-Z rela- 
tionships are essential for what we call “inverse model” . It is a standard approach 
to represent these relations by power laws, though it is recognized that the co- 
efficients in these power laws are subject to the natural DSD variability. The 
next section investigates the theoretical foundation of this representation and 
presents a parametric dependence of the coefficients on the DSD variability. 

7.2 Statistical Properties of the Drop-Size Distribution 
and Parameterisation of the Rain Relations 

The topic of the correct DSD is central in radar meteorology, i.e. in the problem 
of the relationships between radar observables (like equivalent radar reflectivity 
Z) and physical parameters (such as rainfall rate R or precipitation liquid wa- 
ter content LWC). With spaceborne or airborne radars, an additional difficulty 
is related to the indispensable correction for attenuation that implies the A-Z 
relationship, itself largely dependent on the variability of the DSD. Driven by 
the problem of interpreting classical weather radar data, the parameterisation 
of the DSD by a single parameter (generally R) has been proposed by several 
authors. Since the earlier parameterisation by Marshall and Palmer, the most 
synthetic work is probably that by Ulbrich (1983), who presented a systematic 
approach for calculating the relationships between any couple of integral parame- 
ters of the distribution, assuming a gamma shape for the DSD. In the framework 



7 Precipitation Measurements from Space 205 



of the present chapter, it is also relevant to cite Sempere Torres et al. (1994) 
which describes a general approach to parameterising the DSD from a single 
parameter (e.g., R). While Marshall and Palmer’s parameterisation implies that 
all the moments of the distribution are related through powerlaw relationships, 
Sempere Torres (1994) postulated the existence of such powerlaws to establish 
a normalisation of the DSD as N(D,R ) = R a g(R~^ D) where R a and R@ are 
the normalisation factors in concentration and diameter, respectively, and g(X) 
is the “intrinsic shape” of the normalised DSD. The objective of this section is 
twofold: 

1. to propose an approach for the normalisation of the DSD independent of 
any assumption about its mathematical shape; or any postulate about the 
relationship between its moments; 

2. to propose a new parameterisation of the relationships between integral pa- 
rameters of the DSD. 

7.2.1 The Concept of Normalised DSD 

a) Theory. 

The physical characterisation of any observed raindrop spectrum raises three 
questions: 

1. What “rain intensity” corresponds to this spectrum? 

2. What is the “mean” drop diameter? 

3. What is the “intrinsic” shape of the raindrop size distribution? 

In order to characterise “rain intensity,” two parameters may be considered: 
the liquid water content (LWC) (in g/m 3 ) or the rainfall rate R (in mm/h). 
Traditionally, R is more often used than LWC. However, it may be argued that 
LWC is a better parameter than R since it has a clearer physical meaning (at 
altitude, R is subject to vertical air motion and change in terminal fall velocity 
related to air density). There is no ambiguity in the definition of LWC. It is 
simply proportional to the third moment of the drop-size distribution N(D ) (N: 
number of particles per unit volume and per interval of diameter, in m -4 ; and 
D\ drop diameter in m). More specifically, 



Here, the “mean” diameter is defined as the “volume weighted” mean diam- 
eter D m (generally referred to as the “mean volume diameter”) defined as the 
ratio of the fourth to the third moments of the DSD: 
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